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Chapter 1 
 
Introduction
1.1 Overview and motivation 
 The eastern circum-Pacific orogenic belt, located along the western boundary of the 
North and South American continents, is one of the most magnificent mountain belts on Earth’s 
surface. This orogenic belt was uplifted primarily by diachronous subduction of the Farallon and 
Kula Plates beneath the North American continent during the middle Mesozoic and early 
Cenozoic (~155 to ~50 Ma ago, e.g., DeCelles, 2004) and the subduction of the Nazca Plate 
beneath the South American continent starting at the beginning of the Cenozoic (~66 Ma ago) 
(Isacks, 1988). Concomitant with uplift of the American Cordilleras, Cenozoic climate has 
evolved from a “greenhouse” to an “icehouse” climate. However, the mechanisms of how these 
mountain belts were uplifted and how surface uplift affected Cenozoic climate evolution are not 
well understood. 
 The timing and rate of the Andean uplift is strongly debated. One hypothesis suggests 
that uplift was gradual throughout the late Cenozoic (since ~15 Ma ago) (Poulsen et al., 2010; 
Insel et al., 2012). A competing hypothesis, however, suggests an abrupt elevation pulse during 
the late Miocene (between 10 – 6 Ma ago) (Garzione, 2008). For western North America, there is 
agreement that an Andean-type plateau existed over the present-day Basin and Range Province 
prior to the Neogene (since ~20 Ma ago) extension (Dickinson, 2004). However, the timing of 
uplift and peak elevation of this high plateau, as well as the amount and distribution of its 
elevation loss during the Neogene extension, are highly uncertain (DeCelles, 2004; Clark, 2007). 
 The reconstruction of paleoelevations is complicated by the complex patterns of co-
evolving Cenozoic climate and tectonic history of the Andes and the North American Cordillera. 
Reconstructing paleoelevations often relies on quantifiable estimates of regional climate 
responses to elevation increase using either modern observations or theoretical calculations of 
decreasing rates of certain climate variables with elevation (lapse rates). This approach does not 
account for climate variations that are independent of elevation changes, such as variations due 
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to changing CO2 level and geographic configuration, or variations that are only marginally 
dependent on elevation changes, such as uplift induced rapid precipitation and circulation shifts 
that do not scale linearly with elevation increases. In the case of the Andes, for example, 
evidence for abrupt surface uplift comes from interpretations of geochemical (Ghosh et al., 2006; 
Garzione et al., 2008) and geomorphological proxies (Whipple and Gasparini, 2014) that assume 
that a rapid, regional climate transition during the late Miocene was a direct result of an elevation 
pulse. However, more recent studies have questioned this interpretation by showing that the 
rapid climate transitions can occur as a threshold response to gradual uplift of the Andes above a 
critical height (~3 km) (Poulsen et al., 2010; Insel et al., 2012).  
 Orogenic-scale topography has a first-order influence on regional climate. For instance, 
the Rockies cool and dry the climate over Western North America by 1) enhancing snow and ice 
formation and increasing the associated albedo and diabatic cooling (Ruddiman and Kutzbach, 
1989), 2) creating a rain shadow in the leeward eastern side of the mountains (e.g., Kutzbach et 
al., 1997), and 3) inducing winter cold weather outbreaks through strengthening of the winter 
trough east of the mountains (Ruddiman and Kutzbach, 1989; Broccoli and Manabe, 1997; Rind, 
1997). At seasonal time scales, the presence of the Rockies enhances monsoonal circulation in 
the vicinity of the Gulf of Mexico due to enhanced differences in the summer heating rate 
between the continent and the ocean (Ruddiman and Kutzbach, 1989; Sewall and Sloan, 2006). 
Likewise, the surface elevation of the Andes is closely associated with the strength of the 
monsoonal circulation eastward of the central Andes. During austral summer, the high-elevation 
Andes divert the low-level airflow (Ehlers and Poulsen, 2009; Insel et al., 2009; Saurral et al., 
2014; Fiorella et al., 2015) and enhances moisture convergence towards the eastern side of the 
central Andes (Lenter and Cook, 1995), resulting in strong summer moist convection and cloud 
formation (Insel et al., 2009). Andean uplift is also thought to influence the position and 
geometry of the Intertropical Convergence Zone (ITCZ). As shown by numeric modeling studies, 
elevating the Andes strengthens the present-day asymmetric pattern of the ITCZ (double ITCZ in 
the western equatorial Pacific, but single ITCZ in the eastern equatorial Pacific) through 
enhancement of the low cloud formation and diffusion of the southern ITCZ in the eastern 
tropical Pacific (Xu et al., 2004; Takahashi and Battisti, 2007a; 2007b). 
1.1.1 New climate insights from paleoelevation reconstructions of the Andes   
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 The uplift history of the Andes may have important implications for Cenozoic tropical 
climate. The gradual 2 km uplift of the Andes during the late Cenozoic corresponds with the 
transition of the tropical Pacific climate from a more zonally symmetric state to the present-day, 
zonally asymmetric state. The present-day state is distinguished by quite different climate 
patterns in the eastern tropical Pacific (15 °S – 15 °N, 150 ° – 80 °W) versus the western tropical 
Pacific (15 °S – 15 °N, 120 °E – 180 °). In the east, the SSTs are ~7–8 °C cooler (Hadley Center 
SST data, Rayner et al., 2002), the upwelling is significantly stronger, and the thermocline is 
shallower than in the west. This east-west contrast in SSTs and the subsurface ocean state is 
coupled with a zonally asymmetric Walker circulation, characterized by rising air in the western 
equatorial Pacific and subsidence in the eastern equatorial Pacific. The Walker circulation is 
connected with equatorial surface easterlies and coastal southerlies, which further strengthen the 
equatorial and coastal upwelling of subsurface cold water and shoaling of the thermocline in the 
eastern tropical Pacific.  
  Proxy reconstructions suggest that prior to the late Cenozoic, the asymmetric climate 
state of the tropical Pacific was weaker. During the late Miocene (12 – 8 Ma) and early Pliocene 
(~5 – 4 Ma), SSTs were about ~5 – 6 °C warmer in the eastern equatorial Pacific (e.g., Fedorov 
et al., 2013; Zhang et al., 2014) and ~4 °C warmer along the Peruvian coast (Dekens et al., 2007) 
associated with weaker upwelling and a deeper thermocline in the eastern equatorial Pacific (e.g., 
Ford et al., 2015). Yet, SST reconstructions show similar or only mildly warmer conditions (up 
to ~ 4 °C) in the western tropical Pacific (Zhang et al., 2014). These records display long-term 
trends evolving towards modern conditions during the late Cenozoic (since ~12 Ma), suggesting 
long-term enhancement of tropical Pacific climate asymmetry.   
 The mechanisms behind this climate transition are not well understood, but Andean uplift 
may have played a role. Andean uplift has been shown to enhance the zonal asymmetry of the 
rain band, atmospheric circulation patterns, and cloud formation across the eastern tropical 
Pacific (Xu et al., 2004; Takahashi and Battisti, 2007a, b; Insel et al., 2009). However, it is 
unclear how uplift influences the tropical ocean and whether it has contributed to the 
development of the modern asymmetric ocean state. These questions motivate the research 
reported in Chapter 5.  
1.1.2 Paleoelevation estimates of the Cenozoic western North America Cordillera 
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 The Cenozoic elevation and climate history of the western North American Cordillera is 
also unclear, as it is for the Andes. The North American Cordillera consists of four major 
tectonic units from the west to the east: the coastal accretionary terrains, hinterland metamorphic 
belt, Sevier fold and thrust belt, and Laramide foreland province (Figure 1) (Decelles, 2004). The 
timing and magnitude of uplift over this region are debated. It has been proposed that the 
Cordilleran hinterland, east of the Thrust belt and Laramide foreland province, was uplifted prior 
to the early Eocene (e.g. Chase et al, 1998; Sewall et al., 2013; Snell et al., 2014). In contrast, 
recent studies suggest the hinterland elevations are only moderate (≤ 2 km) prior to the Eocene 
(~55 – 34 Ma) (Chamberlain et al., 2012; Lechler et al., 2013), and uplift occurred from the early 
Eocene to Oligocene (~55 – 28 Ma) and migrated from north to south (Mix et al., 2011; 
Chamberlain et al., 2012). Estimates of maximum hinterland elevations differ between ~2 – 3 km 
(Chase et al., 1998; Wolfe et al., 1998) and ~3 – 4 km (Mix et al., 2011).  
 
Figure 1 Tectonic map of the western US. 
The major tectonic provinces mentioned in this dissertation from the west to the east are the 
coastal accretionary terrains, hinterland metamorphic belt, Sevier fold and thrust belt (gray 
shading), and Laramide foreland province (stippled). Figure is from DeCelles (2004).  
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 Additionally, estimates of the foreland elevations differ between moderate elevations 
similar to today (≤ 2 km) (Fan and Dettman, 2009) and elevations (~ 4 km) higher than the 
hinterland high plateau (Chase et al., 1998). Uncertainties in pre-extensional elevations of these 
regions preclude accurate estimates of the amount and distribution of elevation loss during the 
Neogene (~23 Ma to present) extension. Across the central Rockies, estimates of Neogene 
elevation loss range from kilometers (based on early Cenozoic reconstructions by Chase et al., 
(1998)) to near negligible amounts (since ~40 Ma) (Fan et al., 2014a; 2014b).  
1.1.3 Climate and tectonic importance of understanding Cenozoic elevation history of the 
North American Cordillera 
 The uncertainty in paleo-elevations of the North American Cordillera limits our 
understanding of the climate history over this region. Paleoclimate reconstructions from the 
Laramide foreland basins suggest a warm and humid environment during the early Cenozoic. 
Regional climate has since evolved towards arid conditions with widespread eolian deposition in 
Wyoming (Fan et al., 2015, personal communication), New Mexico, and Arizona (Cather et al., 
2008) during the early Oligocene (33.5 – 27 Ma). This long-term aridification could result from 
large-scale climate drying during the Oligocene (Cather et al., 2008) or the local rain shadow 
effect associated with weakening of the paleo-North American Monsoon in response to 
Cordilleran uplift (Chamberlain et al., 2012). Uncertainties in paleoelevation estimates of the 
Cordillera and understanding of monsoon responses to the uplift preclude rigorous evaluation of 
these hypotheses. More importantly, interpretations of climate trends and patterns from proxy 
records of western North America require an understanding of the regional elevation history. The 
same proxy values could indicate different climate conditions under different elevation scenarios. 
For example, a reconstructed cooling trend from proxies could indicate either a climate cooling 
without elevation changes or a steady climate state with significant uplift. Paleoelevation 
reconstructions, therefore, are a key to detangling climate information from terrestrial archives of 
the western U.S.   
 Besides climate, the pre-extension topography and patterns of elevation loss during the 
extension can be used to test tectonic hypotheses of the North American Cordillera. A pre-
extension high plateau over the extended region would indicate conservation of the crustal mass 
during the extension. Alternatively, the absence of a pre-extension high plateau would violate 
mass conservation over the extensional region, indicating redistribution or generation of crustal 
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materials through lateral influx of lower crustal materials or mantle processes. The pattern of 
elevation loss during the extension is also useful for testing whether the mantle lithosphere is 
involved in the extension. Given that thinning of the mantle lithosphere may happen at different 
wavelengths than the crust, tectonic models proposing lithospheric thinning also indicate 
heterogeneous elevation loss and even pulses of uplift due to replacement of the thinned mantle 
lithosphere with more buoyant asthenosphere (Clark, 2007; Chamberlain et al., 2012).  
1.1.4 Paleoaltimetry of the North American Cordillera 
 Paleoaltimetry estimates for the North American Cordillera mainly come from two 
methods: fossil leaf paleoaltimetry and stable isotope paleoaltimetry. Other proxies for 
paleoaltimetry, including basalt vesicularity, leaf stomatal frequency, cosmogenic nuclides, and 
clumped isotope paleoaltimetry, have also been used but are not common, and therefore, are not 
discussed in this dissertation. Fossil leaf altimetry uses reconstructed temperature, and moist 
enthalpy (an atmospheric thermo-dynamic quantity that combines internal and latent heat), both 
taken from quantitative measurements of leaf physiognomy, to estimate paleoelevations. Stable 
isotope altimetry estimates paleoelevations using oxygen and hydrogen stable isotopic 
compositions of authigenic minerals and organic materials (δ18O and δD). In this dissertation, 
δ18O is used to refer to both δ18O and δD, given that δD is convertible to δ18O in most 
paleoaltimetry applications. The δ18O compositions of proxy materials are assumed to be in 
equilibrium with compositions of soil water, which are further assumed to be equivalent to 
compositions of meteoric water. The principle underlying both fossil leaf and stable isotope 
paleoaltimetry assumes that climate responses to surface uplift, including temperature, moist 
enthalpy, and rainout rate of heavier isotopes, are steady and follow quantifiable lapse rates.  
Applications of these paleoaltimetry methods require known lapse rates of temperature, 
moist enthalpy, and δ18O. These lapse rates are either chosen to match modern values (Chase et 
al., 1998; Poage and Chamberlain, 2002; Meyer, 2007), or determined through theoretical 
calculations (Wolfe et al., 1998; Forest et al., 2007; Rowley et al., 2007). Usage of modern lapse 
rates assumes that the lower tropospheric stratification has been invariant from the past to present, 
while usage of theoretical calculations in previous studies assumes that changes in temperature, 
humidity, and 18O-rainout rate with elevations strictly follow the conservation of moist static 
energy (the measure of the energy state of stationary moist air parcels) with no influences from 
advection or radiative fluxes. At a regional scale, these assumptions are rarely met (see a review 
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discussing mid-latitude tropospheric thermostructure by Schneider and O’Gorman, 2008), 
rendering paleoaltimetry estimates prone to large errors.  
This dissertation quantifies paleoelevation biases due to using modern or theoretical lapse 
rates and updates paleoelevation estimates for the uplift and subsidence of the western North 
American Cordillera. More specifically, it addresses the following questions: 1) How does 
Eocene δ18Op respond to changes in regional atmospheric circulation and precipitation under 
different elevation scenarios of the North American Cordillera? What are the implications for 
δ18Op based paleoaltimetry? (Chapter 2) 2) How do changes in temperature and moist enthalpy 
between modern and Eocene climate states and amongst different uplift scenarios affect fossil 
leaf paleoaltimetry estimates of the North American Cordillera? (Chapter 3) And how do large-
scale changes in climate structure and surface conditions affect estimates of the western U.S. 
elevation loss during the Neogene? (Chapter 4)   
1.1.5 Methods 
 Two modeling approaches are carried out in this dissertation. For the paleoaltimetry 
studies (Chapter 2, 3, and 4), a multi-disciplinary approach of incorporating climate simulations 
into hypsometric estimates is used to detangle the climate and elevation signals from the 
Cenozoic proxy δ18O and fossil leaf records of western North America. This approach differs 
from previous methods in its treatment of both regional climate and paleoelevation as unknowns. 
Using simulations with a range of topographic scenarios, this method provides a range of 
estimates of altimeters (δ18O, δD, temperature, and moist enthalpy) at the proxy sites. Through 
comparison of the simulations with reconstructions, optimal solutions for paleoelevations can be 
approximated based on the match between the climate model and proxy. Apart from 
paleoaltimetry, a slightly different modeling approach is used for investigating tropical Pacific 
responses to surface uplift (Chapter 5). A coupled ocean-atmosphere model is applied to quantify 
the oceanic responses to a suite of elevation scenarios mimicking the gradual uplift of the Andes. 
This approach provides estimates for the coevolving ocean dynamics, which is entirely absent in 
previous studies using either fixed SSTs or a mixed layer ocean model. All these methods 
provide unique insights toward understanding the tectonic-climate interactions across the North 
and South American Cordillera from the viewpoint of co-evolving elevation and climate, and 
will ultimately guide us towards more accurate paleoelevation estimates and understandings of 
tectonics and climate dynamics.   
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1.2 Dissertation outline 
 This dissertation contains four chapters (2 through 5), followed by a summary and 
discussion chapter (6). Chapters 2 and 3 elucidate the dominant lower tropospheric (below 500 
hPa) physics and dynamics that control the alpine distributions of δ18O (δD) in precipitation, 
temperature, and moist enthalpy across the Eocene (~55 to 40 Ma) North American Cordillera. 
These two chapters provide new paleo-elevation estimates based on comparisons between the 
simulations and proxy records. Chapter 4 extends this approach to the Neogene (since ~23 Ma) 
and incorporates a sophisticated land model component. This new version of the climate model 
is capable of simulating the soil water δ18O and δD, and therefore, allows direct comparisons to 
proxy values. The model results provide estimates of Neogene large-scale environmental 
changes (including cooling, aridification, grassland expansion, and continental drift and 
shoreline migration) on proxy δ18O and δD from the western U.S., which is then incorporated 
into estimating the amount and pattern of elevation loss during the Neogene extension. In 
Chapter 5, the responses of tropical Pacific climate to Cenozoic surface uplift, focusing on the 
Andes-eastern tropical Pacific system are investigated. The results provide a better understanding 
of the contributions and mechanisms of Andean uplift to the late Cenozoic climate transition 
across the tropical Pacific.  
1.3 Publications associated with this dissertation 
Feng, R., Poulsen, C.J., Werner, M., Chamberlain, C.P., Mix, H.T., Mulch, A., 2013. Early 
Cenozoic evolution of topography, climate, and stable isotopes in precipitation in the North 
American Cordillera. American Journal Science (Chapter 2), front page story. 
Feng, R. Poulsen, C.J., 2015. Refinement of Eocene lapse rates, fossil-leaf altimetry, and North 
American Cordilleran surface elevation estimates. Earth and Planetary Science Letters 
(under review) (Chapter 3). 
Feng, R. Poulsen, C.J., 2015. Imprints of Neogene strengthening of the Hadley circulation and 
tectonic extension on the terrestrial δ18O records of the western U.S. (in prep for Geology) 
(Chapter 4). 
Feng, R., Poulsen, C.J., 2014. Andean elevation control on tropical Pacific climate and ENSO. 
Paleoceanography (Chapter 5), highlighted in EOS research spotlight: "Peruvian Andes 
helped to cool eastern equatorial Pacific".  
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Chapter 2
 
Early Cenozoic evolution of topography, climate, and stable isotopes in precipitation in the 
North American Cordillera
2.1 Abstract 
 Paleoelevation reconstructions of the North American Cordillera inferred from the 
oxygen (δ18O) and hydrogen (δD) isotope ratios of terrestrial paleoclimate proxy materials (soils, 
ashes, lake sediments) suggest rapid north-to-south migration of topography in the early 
Cenozoic (pre-49 Ma to 28 Ma). The validation of this reconstruction relies on an accurate 
understanding of the δ18Op and the associated regional climate change in response to the uplift of 
the western North America. Here we study this response using a global climate model (GCM) 
with explicit δ18Op diagnostics (ECHAM5-wiso) focusing on the isotopic effects of different 
types of precipitation, vapor mixing, recycling and moisture source and compare the response 
against estimates made using a Rayleigh distillation models of moist adiabatic condensation 
(RDM). Four experiments are performed with Eocene topography inferred from terrestrial stable 
isotope paleoaltimetry records to investigate how southward propagation of topography affects 
regional climate (temperature, precipitation and circulation pattern) and δ18Op over North 
America. Our experiments predict δ18Op patterns that are broadly consistent with maps of 
temporally binned proxy δ18O and generally support an early Cenozoic north-to-south 
propagation of high topography in the North American Cordillera. They do not support the 
commonly made assumption that isotopic fractionation occurs primarily through rainout 
following Rayleigh distillation nor the application of modern empirical δ18Op lapse rates to past 
environments.  
In our GCM simulations, precipitation processes and climate changes that are not 
captured by RDMs substantially affect δ18Op. These processes include shifts in local precipitation 
type between convective and large-scale rain and between rain and snow; intensification of low-
level vapor recycling particularly on leeward slopes; development of air mass mixing and 
changes in wind direction and moisture source. Each of these processes can have significant 
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(≥2‰) influences on δ18Op that are comparable in magnitude to surface uplift of hundreds or 
even thousands of meters. In many regions, these processes fortuitously compensate each other, 
explaining the apparent agreement between ECHAM5-wiso and proxy δ18O and, more broadly, 
between RDM estimates and observed δ18O-elevation relationships. In some regions, 
compensation is incomplete, and as a result, ECHAM5-wiso δ18Op does not agree with estimates 
from the RDM. In these regions, including the interior of the northern cordillera and the eastern 
flank of the southern Cordillera, moderate adjustments of paleoelevations may be in order.  
2.2 Introduction 
A wealth of geophysical, tectonic, structural and sedimentological data suggests that prior 
to Basin and Range extension (~23-2 Ma) crustal conditions necessary to support a high plateau 
existed across western North America (DeCelles, 2004; Dickinson, 2004; Chamberlain et al., 
2012). When and how this plateau topography developed is an open question. Two popular 
tectonic models have been proposed. The first suggests that a high plateau existed early, by the 
Late Cretaceous, over-thickened, and then collapsed due to internal extension or frontal 
propagation to form a lower elevation mountainous region (see review by DeCelles, 2004). The 
second suggests that the plateau developed through early Cenozoic north-to-south propagation of 
topography as asthenosphere replaced denser mantle lithosphere due to piecemeal removal of 
mantle lithosphere and/or adjustment of the Farallon slab geometry (Humphreys, 1995; Forte et 
al., 2010; Schmandt and Humphreys, 2011). These two models call for disparate surface 
topography histories (Humphreys, 1995; Clark, 2007) that can potentially be distinguished 
through the reconstruction of past surface elevations. 
To this end, Mix et al. (2011) analyzed a record of over 3000 mineral samples and 
created temporal snapshots of the distribution of oxygen stable isotope values (δ18O) over 
western North America. These δ18O snapshots show a systematic southward decrease in mineral 
δ18O and were interpreted, following a Rayleigh condensation model, to represent rapid 
southward propagation of high topography (the SWEEP model of Chamberlain et al., 2012) from 
southern British Columbia to the central Great Basin of Nevada and Colorado between 50 and 28 
Ma (Mix et al., 2011; Chamberlain et al., 2012).  
Using mineral oxygen stable isotopic values to infer past surface elevations has become a 
common technique founded on modern observations that demonstrate a decrease in stable 
isotopic composition of precipitation (δ18Op and δDp) with elevation at a global-average rate of 
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approximately −2.8‰ km-1 (Poage and Chamberlain, 2001). This relationship is commonly 
attributed to Rayleigh distillation of the heavy isotopes (18O, D) as an ascending air parcel 
adiabatically cools, water vapor condenses, and precipitation forms (for example, Blisniuk and 
Stern, 2005). Following this theory, Rayleigh distillation models have been developed and 
applied to interpret stable isotope chronostratigraphies (Rowley, 2007; Rowley and Garzione, 
2007). However, in some orogenic regions, Rayleigh distillation models may be inappropriate 
due to air parcel deflection around topography (for example, Galewsky, 2009), air mixing (for 
example, Gedzelman, 1988; Sherwood and Dessler, 2001) and recycling (for example, Salati et 
al., 1979), and the development of moist convection (for example, Risi and Vimeux, 2008; 
Poulsen et al., 2010). In these regions, stable isotope-elevation relationships deviate substantially 
from those predicted by Rayleigh distillation (Blisniuk and Stern, 2005). Examples in western 
North America include the Basin and Range province, which is characterized by particularly low 
δ18Op-elevation lapse rates due to mixing and recycling of moisture from multiple sources 
(Lechler and Niemi, 2011), and the Sierra Nevada, which is characterized by isotopic enrichment 
of leeside precipitation due to orographic blocking and flow around the range (Lechler and 
Galewsky, 2013).  
Moreover, stable isotope-elevation relationships may change as surface topography and 
climate evolve in concert, complicating paleoelevation reconstructions (Ehlers and Poulsen, 
2009; Poulsen et al., 2010; Poulsen and Jeffery, 2011). In the Andes of northern and central 
South America, for example, Cenozoic surface uplift has been demonstrated to (1) block zonal 
winds, leading to a shift in position of South American low-level jet to more southerly latitudes 
(Insel et al., 2009; Poulsen et al., 2010) and a shift in moisture source from the South Pacific 
Ocean to the equatorial Atlantic (Ehlers and Poulsen, 2009; Poulsen et al., 2010); (2) induce 
convective precipitation on the windward side flanks, enhancing isotopic fractionation through 
rainout (Poulsen et al., 2010; Insel et al., 2012); and (3) strengthen atmospheric subsidence and 
vertical mixing on the top and leeward flanks of the mountains (Poulsen and Jeffery, 2011). 
These effects were shown to leave strong imprints on Andean δ18Op, complicating paleoelevation 
reconstructions. It is likely that similar phenomena affected Cenozoic δ18Op during the 
development of Cordilleran topography in western North America.  
The purpose of this study is twofold, (i) to quantify the influence of non-Rayleigh 
processes on the stable isotopic composition of precipitation in and around orogenic regions and 
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(ii) to evaluate the SWEEP hypothesis inferred from mineral δ18O and δD. The first objective is a 
test of the traditional stable isotope paleoaltimetry method. If non-Rayleigh processes have a 
substantial influence on stable isotopic compositions, then this method is unlikely to be robust 
for estimating past elevations of Eocene western North America. The second objective is a test of 
the SWEEP hypothesis. Simulations of precipitation δ18Op using SWEEP topography should be 
broadly consistent with proxy δ18Op. Inconsistencies between model and proxy values would 
bring into question the SWEEP reconstruction. To achieve these goals, a series of Eocene 
simulations have been developed using ECHAM5-wiso, a global climate model (GCM) capable 
of tracking water isotopologues through the hydrological cycle, to simulate the evolution of 
climate and δ18Op to the migration of topography described by the SWEEP hypothesis. These 
simulations are compared with both proxy δ18O and estimates of δ18Op from a Rayleigh 
distillation model.    
2.3 Methods 
2.3.1 Description of the climate model and boundary conditions 
ECHAM5-wiso, a global three-dimensional atmospheric GCM with isotope-tracking 
capability (Werner et al., 2011), permits simulation of both early Cenozoic climate and 
isotopologue distribution (H218O and HDO) of vapor and precipitation over western North 
America. ECHAM5 has been widely used to study both past and future climate change and has 
been included in the Intergovernmental Panel on Climate Change (IPCC) assessment reports. 
Simulated temperature and precipitation means and extremes under IPCC emission scenarios fall 
well within the range of other GCMs, indicating reasonable model skill for projecting future 
climate (for example, Kharin et al., 2007). ECHAM5 also successfully simulates many aspects of 
modern North American climate, including the distribution of precipitation over western North 
America (Salathé, 2006; Cook et al., 2008). In comparison to other GCMs, ECHAM5 produces a 
more realistic simulation of the Aleutian low and the storm track over the Pacific Northwest 
(Salathé, 2006). ECHAM5, coupled to the ocean model MPI-OM, also does a better job of 
simulating zonal precipitation gradients across central and western North America than many 
other GCMs (Cook et al., 2008). Finally, in comparison to many GCMs, ECHAM5_MPI-OM 
simulates an Eocene climate with a lower equator-to-pole temperature gradient and ice-free 
Arctic at low CO2 level of 560 ppmv (Heinemann et al., 2009).  
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In ECHAM5-wiso, water isotopologues are treated as independent tracers that undergo 
equilibrium and kinetic fractionation during phase transitions in the atmosphere. Vapor fluxes 
from the sea surface and lakes undergo non-equilibrium fractionation as a function of 
temperature, seawater δ18O (δ18Osw), relative humidity and δ18O of vapor at the bottom of the 
atmosphere. Vapor fluxes from the land surface are not fractionated (Hoffmann et al. 1998), 
since root uptake and transpiration have minimal effect on the isotopic composition 
(Zimmermann et al., 1967). Seawater δ18O (δ18Osw) is prescribed at each grid cell as described 
below. Lake water δ18O is set to a constant value of 0.5‰. Surface runoff and drainage are based 
on a single bucket scheme (Roeckner et al., 2003). Water isotopologues that infiltrate the surface 
are treated as passive tracers (Hoffmann et al., 1998). The δ18O of runoff is assumed to be the 
same as soil water. The water isotope-tracking module of ECHAM has been used to investigate 
modern (Hoffmann et al. 1998; Werner et al. 2011) and past hydrological cycles (Hoffmann et al. 
2000). For North America, the simulations have been shown to be in good agreement with 
observed δ18Op from the Global Network of Isotopes in Precipitation (GNIP) and vapor δD by 
Scanning Imaging Absorption Spectrometer for Atmospheric Cartography (SCIAMACHY) 
(Frankenberg et al., 2009) (figs. 1 and 10 in the paper by Werner et al., 2011).  
ECHAM5-wiso can be coupled to a 50-m mixed-layer ocean model with prescribed 
ocean heat flux (Roeckner et al., 2003). However, in the absence of knowledge about Eocene 
ocean heat fluxes, monthly-varying sea-surface temperatures (SSTs) were prescribed in all 
experiments. The Eocene SST dataset was calculated (i) using ECHAM5 with a mixed-layer 
ocean model and modern ocean heat fluxes to estimate the zonal distribution of SST, and (ii) 
then modifying the resulting SST distribution to replicate the Eocene meridional temperature 
gradient reconstructed from multiple proxies (Figure 2c). As a result of this procedure, the SST 
distribution has zonal features reminiscent of modern including a west-east equatorial 
temperature gradient, poleward warming in the vicinity of subtropical western boundaries, and 
equatorward cooling along subtropical eastern boundaries (Figure 2a), yet a meridional gradient 
that is appropriate for the Eocene (Figure 2c). 
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Figure 2 Annual mean Eocene a) sea surface temperature (SST, °C), b) seawater δ18O 
(δ18Osw, ‰) and c) meridional SST gradient (line) and its seasonal variation (gray shading) 
versus proxy reconstructions (markers).  
SST and δ18Osw are fixed boundary conditions in this study.  
 
ECHAM5-wiso requires the input of seawater δ18O values. We estimated these values 
from a lower resolution (spectral T31, ~3.75° in latitude and longitude) Eocene simulation using 
a coupled ocean-atmosphere model with isotope-tracking capability (GENMOM, Zhou et al., 
2008). Our Eocene simulation was run with boundary conditions (that is geometry, topography, 
CO2) similar to those used in our ECHAM5-wiso experiments, and a flat ocean with a depth of 
5600 m. The simulation was initialized with uniform δ18Osw of −1.2‰, the average δ18Osw in an 
ice-free world, and was integrated for 2020 model years, until the time rates of change of upper-
ocean temperature and salinity were <0.1 °C 100 yrs-1 and 0.1 ‰ 100 yrs-1. Northward of 75° N, 
the δ18Osw simulated by GENMOM is less than −7‰, due to insufficient seawater exchange 
across the Bering Straight in this low resolution simulation (Zhou et al., 2008). To correct for 
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this bias, we set the minimum Arctic δ18Osw to −4‰, about the value of the modern Arctic 
(Clementz and Sewall, 2011). The average of the last 40 years of δ18Osw and δD from the 
GENMOM Eocene simulation were used as boundary conditions in the ECHAM5-wiso 
simulations. The meridional δ18Osw gradient is roughly similar to the modern gradient with a low 
gradient at low latitudes and a higher gradient (0.06‰ °latitude-1) at middle to high latitudes 
(between 30° N to 70° N and 30° S to 60° S).  
In all experiments, ECHAM5-wiso is configured with 19 vertical levels and a spectral 
triangular truncation of 106 horizontal waves (~100 km horizontal grid spacing). In comparison 
to most paleoclimate simulations, with horizontal grid spacing of 200 – 300 km, our resolution is 
finer in order to better capture orographic processes. We use the Eocene paleogeography and 
paleotopography from Bice et al. (2000) but modify the geography over western North America 
to include foreland basins with mean elevations of 500 m and interior lakes. Both basins and 
lakes are inferred from the stratigraphic analysis of Eocene sedimentary successions by 
Dickinson et al. (1988). 
 
Figure 3 Topography of western North America for the (a) control (CNTL), (b) northern 
highland (NHL), (c) central highland (CHL) and (d) southern highland (SHL) experiments.  
NHL, CHL, and SHL are modified after Mix et al. (2011) and represent the southern propagation 
of an Eocene highland through the early Cenozoic. The grid lines in (a) represent the 
computational grid used in our ECHAM5-wiso experiments. U.S. state borders are shown to 
simplify the referencing of sample locations. The borders have been modified to account for 
Neogene Basin and Range extension by narrowing Nevada by ~2° longitude. 
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Table 1. Boundary conditions for ECHAM5-wiso Eocene experiments. 
Parameter Model input  
Topography 55 Ma (Bice et al., 2001) 
Vegetation 
The Eocene vegetation distribution is based on Sewall et al., (2000). Surface 
parameters including albedo, roughness length, field capacity of soil, and 
forest ratio, are prescribed according to Hagemann (2002) based upon 
vegetation type.  
 
pN2O and pCH4 306 ppb and 1.65 ppm (modern values) 
pCO2 1120 ppm (Beerling et al., 2011) 
Sea ice and 
glacial ice 
None 
Sea water δ18O 
(δ18Osw) 
Prescribed from GENMOM Eocene simulation 
SST Prescribed SSTs with mean and meridional distribution to fit Eocene proxy  
 
We have developed a series of experiments to investigate the influence of Cenozoic 
paleotopographic evolution on regional δ18Op and climate. The only parameter that varies 
between experiments is the land-surface topography; all other boundary conditions remain the 
same between experiments (table 1). Four scenarios are simulated including a control case with 
no significant highlands (CNTL) and a series of three cases that portray progressive Cenozoic 
uplift of the North American Cordillera from north to south following the reconstructions of Mix 
et al. (2011). These cases are referred to as northern highlands (NHL), central highlands (CHL), 
and southern highlands (SHL) (Figure 3). All experiments were run until the time rate of change 
of the global surface temperature was ≤ 0.01°C yr-1. The simulations were then integrated an 
additional ten years. All results in this study are reported as averages of the final ten years.  
2.3.2 Rayleigh Distillation Model of adiabatic condensation (RDM) 
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We have constructed a Rayleigh distillation model of adiabatic condensation (RDM), 
similar in concept to that outlined in Rowley and Garzione (2007), as a diagnostic tool to (i) 
evaluate the extent to which local δ18Op in our ECHAM5-wiso simulations can be described by 
Rayleigh distillation and (ii) quantify the biases associated with assuming a fixed moisture 
source in paleoaltimetry estimates. The RDM, described in detail in Appendix	   A1, is a one-
dimensional (altitude dependent) model that tracks the isotopic composition of a single near-
surface air parcel as it ascends, becomes saturated, and condenses. The model assumes that as an 
air parcel attains saturation, the resulting condensate is immediately removed from the system.  
The RDM requires knowledge of the initial vapor temperature (Ts), specific humidity (qs), 
and δ18Ov of the ascending air mass. In applications of RDMs for paleoaltimetry purposes, δ18Ov 
is often prescribed from proxy data assuming a known moisture source. For example, in their use 
of an RDM to estimate paleoelevations, Mix et al. (2011) used mineral δ18O from an Eocene 
coastal site based on the assumption that, as today, these sites received most of their moisture 
from the western Pacific Ocean.  
In our application of the RDM, we run two types of experiments: those with fixed-
moisture sources and those with GCM-moisture sources. Fixed-moisture source experiments are 
intended to quantify the bias introduced by a uniform western Pacific source and a constant 
initial δ18Ov (inferred from mineral δ18Op). In these experiments, initial vapor temperature and 
specific humidity are specified from GCM mean-annual surface temperature and low-level (1000 
hPa) specific humidity from the western side of each highland (values are shown in Figure 4). In 
our GCM-moisture source experiments, initial vapor δ18Op, in addition to temperature and 
specific humidity, are specified from mean-annual GCM output. We use the RDM to track air 
masses from both the western and eastern sides of the range.  Though it is typically assumed that 
all moisture sources from the west, our GCM simulations and simulations by Sewall and Sloan 
(2006) indicate that this is not the case. Initial Ts, qs and δ18Ov values of GCM-moistures sources 
(GCM-derived δ18Ov and moisture source) for each side of the highlands (dash line square) and 
the δ18Ov values of fixed-moisture sources (solid line square) are shown in Figure 4a-c. 
The RDM describes an open isotopic system, in which the condensation is continuously 
removed. Yet, in our GCM simulations, recycling through evaporation of surface water can 
account for up to ~70% to 76% of precipitation on the leeside of the Cordillera. To account for 
this process, we have developed a modified RDM that incorporates vapor recycling. At each time 
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step, a portion of any condensate, equal to the condensate mass times the recycling potential, is 
added back to the air mass. The recycling potential is defined as the local ratio of surface 
evaporation to precipitation from GCM output averaged over the leeside of the mountain and 
neglects vapor integrated through mixing and transport aloft. The vapor temperature and isotopic 
ratio are unchanged by assuming isothermal expansion and that recycled vapor has the same 
isotopic ratio as existing vapor (details see Appendix	  A2).  
 
Figure 4 Topographic cross-section across northern (NHL), central (CHL) and southern (SHL) 
highlands.  
The different topographic regimes (western flank, WF; eastern flank, EF; and interior, I) 
discussed in the text are labeled. The specific humidity (qs), temperature (Ts) and 18O 
composition of vapor (δ18Ov) of GCM-moisture source (dashed box) and δ18Ov (solid box) are 
show. The qs and Ts of fixed-moisture source are the same as the GCM-moisture source at the 
western flank (dashed box at the western flank). 
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2.3.3 Analysis of δ18Ol Mixing 
In contrast to the scenario depicted in RDMs, an air parcel is not isolated and may 
interact with its environment through mixing, which can change both its isotopic composition 
and humidity. At the local scale, mixing between a parcel and its environment happens primarily 
through turbulence. On regional and continental scales, mixing can also occur through large-
scale circulation (Pierrehumbert and Yang, 1993). This type of mixing includes vapor 
entrainment through moist convection and lateral mixing of dry air and moist plumes through 
advection. The former is of primary importance in the tropics (Pierrehumbert and Yang, 1993), 
while the latter is most important in subtropical regions (Pierrehumbert, 1998). As evidenced by 
global observations of mid-troposphere δD (Worden et al., 2007) and demonstrated in GCM 
simulations (Poulsen and Jeffery, 2011), large-scale mixing through subsidence and convection 
can significantly affect the isotopic composition of vapor. Mixing can change vapor isotopic 
composition by changing (i) the isotopic composition of the air parcel; (ii) the fractionation 
temperature of condensate; and (iii) the relative humidity, and thus condensation potential, of the 
air parcel (for example, Sherwood and Dessler, 2001).  
To estimate the effect of vapor mixing on the δ18Op, we calculate the δ18O of equilibrium 
condensate (δ18Oc) from the advection potential of δ18Ov using the GCM output of δ18Ov and 
three-dimensional wind velocities. The temporal change of δ18Oc due to flow in the s-direction 
(either zonal, meridional or vertical direction), , can be approximated using the advection 
equation:  
  (1), 
where  and Vs are the δ18Oc gradient and flow velocity.  
 The  
 
is estimated by assuming immediate condensation of advected vapor: 
 (2), 
         
where α is the fractionation factor. 1000lnα describes isotopic fractionation due to condensation 
and is expanded as in Majoube (1971):  
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(3). 
Computing the δ18O gradient on both side of equation (2) gives: 
(4), 
where   is the temperature gradient along the s-direction. Calculating the inner dot product of 
the velocity and gradients in the s-direction on both sides of equation (4) yields: 
(5). 
Vs, T and δ18Ov are then rewritten as the sum of the annual mean and its perturbation, following 
the form . Expanding the right-hand side, neglecting the high-order term ( ,  
and 𝛿!"𝑂! !), and taking the annual average yields: 
 
  (6).  
The mean annual advection of δ18Oc is determined by the mean-annual advection of  
δ18Ov and T, and the annual average of sub-annual scale advection of 𝑇!. As a first order 
approximation, this part of advection is estimated with monthly climatology. Advection terms 
are estimated using center differencing and are averaged to the mid-point of each grid cell in the 
vertical direction.  
The  is then estimated using equation (1). The calculation assumes that vapor 
advected into a grid cell immediately mixes with the existing vapor following the equilibrium 
liquid condensation. This approximation has several sources of potential error. First, not all of 
the vapor advected into a grid cell will condense to form precipitation. Second, condensate may 
form solid precipitation (snow, hail), particularly in updrafts, which undergoes kinetic 
fractionation and diffusive processes, leading to a smaller fractionation factor. As a result of 
these errors, our estimate of δ18Oc changes due to advection likely represent an upper bound.  
2.3.4 Analysis of moisture source through back trajectory 
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To locate the source of orographic moisture in our experiments, we calculate horizontal 
back trajectories of high-humidity, low-level air parcels originating from positions on the 
highlands. Back trajectories are calculated from 10-year daily climatologies of humidity-
weighted (averaged between 1000 and 850 hPa) winds from our ECHAM5-wiso experiments. 
Each back trajectory is calculated for 7 prior days with a 1-hour time step. Wind speeds at each 
time step are calculated by linearly interpolating between daily values. The use of daily 
climatologies filters the velocity field, eliminating the influence of transient eddies. Additional 
details about our back trajectory method are described in Appendix	  A3. 
For the NHL, CHL, and SHL cases, back trajectories are performed for the following 
locations on the western flank and eastern flank: 57° N, 125° W and 115° W (NHL case); 53° N, 
122° W and 102° W (CHL case); and 47° N, 125° W and 102° W (SHL case). For comparison, 
back trajectories from the same locations are also calculated for the CNTL case. For each 
location, 365 back trajectories are calculated beginning on the 1st of January and extending 
through the 31st of December. Air parcel relative humidity is also recorded along the trajectory 
path. Trajectories are only reported in Figure 12 and Figure 13 for air parcels at starting location 
with relative humidity ≥ 60%.  
2.4 Results 
2.4.1 Simulated early Eocene temperature of western North America 
Mean annual temperature (MAT) in the CNTL experiment is largely zonal over North 
America ranging from a minimum of 9.2 °C at high latitudes to a maximum of 27.5 °C over 
southwestern North America (Figure 5a). The simulated latitudinal MAT gradient is ~0.5 °C 
latitude-1 between 40° N and 70° N at 100° W, slightly higher than the Early Eocene equable 
climate gradient reconstructed from paleofloras (~0.4 °C °latitude-1, Greenwood and Wing, 
1995). The cold month mean temperature has a similar zonal distribution with minimum of 
2.6 °C and maximum of 15 °C. The inclusion of highlands disrupts the zonal distribution of 
MATs, depressing temperatures in their vicinity (Figure 5b-d). The minimum MAT of all three 
sensitivity experiments drops to −7.6 °C on the highland top with sharp zonal gradients on the 
western and eastern flanks with average magnitudes of ~2.7 and ~1.8 °C °longitude-1. The 
smaller MAT gradient along the eastern flanks is partly due to the development with highlands 
of both stationary and mountain gravity waves, which promote cold air mass intrusion from the 
north and from the mountain top. 
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 In general, surface temperatures in our CNTL experiment agree with western North 
American paleotemperature based on early Eocene floras (>49 Ma) from lower elevation basins 
and valleys (Figure 6). Simulated surface temperatures are systematically warmer than 
paleofloral temperatures estimated using the Climate Leaf-Analysis Multivariate Program 
(CLAMP), but are generally within 3 °C. Some of the disagreement may be due to an 
underestimate of surface temperatures by CLAMP, which tends to produce temperature estimates 
that are ~2 °C lower than those from the Leaf Margin Analysis method (Wing and Greenwood, 
1993). A systematic underestimate of leaf size by CLAMP may cause the paleotemperatures to 
be too cool by an additional 1 °C (Peppe et al., 2010).  
 The dating of most Middle and Late Eocene floras is not precise enough to 
unambiguously assign them to a specific uplift scenario. Nevertheless, an apparent cooling trend 
inferred from the Late Eocene floras may be consistent with regional surface uplift. Paleofloras 
from Florissant (central Colorado), Salmon (central Idaho) and Copper Basin formations (upper 
northeast of Nevada) have temperature estimates ranging from 7.6 to 12.4 °C (Wolfe, 1994) 
much cooler than the nearby sites of early Eocene age such as Kisinger Lake (15.–16.8 °C) and 
Green River Formation (14.3–16.7 °C) (Figure 6). Although some of this cooling is undoubtedly 
associated with Late Eocene global climate cooling (Wolfe, 1994), it may also reflect the 
development of high elevations through topographic migration (Figure 5b-d).  
2.4.2 Simulated early Eocene precipitation of western North America 
Mean annual precipitation (MAP) in the CNTL experiment exhibits a northwest-
southeast trend with maximum of 393.4 cm yr-1 in the Pacific Northwest region and minimum of 
10.9 cm yr-1 over southwestern North America (Figure 5e). The inclusion of the highlands leads 
to formation of orographic precipitation on both sides of the mountains and precipitation minima 
on the eastern side of the highland interior (Figure 5f-h).  
        Windward precipitation occurs mainly during winter (December – February, Figure 5i-l) 
and results from forced ascent of westerly air masses over the mountain barrier. Diabatic cooling 
occurs on and around the top of the high Cordillera and facilitates condensation and snow 
formation. The southward propagation of the highlands significantly increases the amount of 
winter windward precipitation (Figure 5i-l) and the portion of precipitation falling as snow (from 
10% in CNTL to 28%, 38%, and 54% in NHL, CHL, and SHL experiments averaged over 40 – 
60° N, 120° – 110° W). In summer, warming of the mountain flank and weakening of the 
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Westerlies reduces relative humidity and moisture transport, decreasing precipitation along the 
higher latitude coast (50° – 60° N, 120° – 115° W, Figure 5m-p). On the western side of the 
highland peaks, localized increases of summer precipitation occur in the NHL and CHL 
experiments, likely due to cooling and condensation induced by high elevation. 
 
 
Figure 5 Simulated western North American climate for CNTL (first row), NHL (second row), 
CHL (third row), and SHL (fourth row) scenarios.  
(a-d) Mean annual surface temperature (°C); (e-h) mean annual precipitation rate (cm yr-1); (i-l) 
winter (December, January and February, DJF) precipitation (cm) and 850 hPa circulation (i-l); 
and (m-p) summer (June, July and August, JJA) precipitation (cm) and 850 hPa circulation. 
Thick black contours indicate the continental shoreline. Thin black lines in a-h represent 
elevation from 900 to 3600 m with 900 m interval. Notice the development of the paleo-North 
American Monsoon in o-p as indicated by summertime airflow from the paleo-Gulf of Mexico.  
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Figure 6. Comparison between simulated (bold font) and proxy (regular font) surface 
temperature and precipitation (in italics) reconstructed from paleoflora of western North America 
(black dots).  
WG: Wing and Greenwood, (1993); W: Wilf et al. (1998); K: Koch et al. (1995); FW: Fricke and 
Wing (2004). The ranges of proxy temperatures are reported from the individual studies. The 
ranges of proxy precipitation are reported as the averages added with the uncertainties of 
estimations of precipitation. 
 
Leeward precipitation falls mostly in summer (June – August, Figure 5m-p) with a 
substantial portion occurring as convective precipitation. The moisture source of leeward 
precipitation is generally thought to come from below cloud-base evaporation and/or mixing 
with moisture-bearing air masses other than those traveling directly across the mountains (Gat 
and Rietti-Shatti, 1999). Consistent with this interpretation, simulated middle-to-low atmosphere 
water vapor has high deuterium excess (14 – 16 ‰) over this region, indicating the likely 
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contribution of moisture from both surface and below cloud-base evaporation. The migrating 
topography induces north-to-south propagation of summer wetness in the lee of the highlands. 
As a result of surface uplift and topographic blocking, westerly flow is split into northern and 
southern branches (note streamlines in Figure 5m-p). These two branches converge in the lee of 
the highland, promoting frontal development between cold, dry air from the north and warm, 
moist air from the south and high precipitation rates in NHL and CHL (Figure 5m-p). The 
transport of Pacific moisture through the southern branch of the Westerlies is weaker in SHL due 
to blocking (compare streamline densities at 56° N, 120° W to 52° N, 110° W in Figure 5n-p). 
The southward propagation of high topography promotes southeasterly moisture transport from 
the Gulf of Mexico. This summer southeasterly flow, which emerges in the CHL case (Figure 
5o) but is most strongly expressed in SHL, represents a seasonal wind reversal and, as such, 
signifies the development of the paleo-North American Monsoon system. 
The annual mean precipitation in the CNTL simulation is within 30% of estimates based 
on early Eocene paleofloral reconstructions by Wilf et al. (1998). We speculate that the 
mismatch results from uncertainties related to taphonomical biases, leaf area analysis of fossil 
leaves and the possible underrepresentation in our simulation of local water bodies, such as small 
lakes and rivers. The pattern of precipitation is comparable to that simulated for the Paleogene 
using a higher resolution limited-domain model (Sewall and Sloan, 2006). 
2.4.3 δ18Op response to surface uplift 
In the absence of significant topography, simulated western North American δ18Op is 
mainly a function of latitude and continentality (Figure 7a). In the interior of the continent 
(between 115° and 90° W), δ18Op is zonal and decreases with latitude. Along the coastlines, 
δ18Op is high due to the proximity of 18O- and D-enriched moisture sources.  
 In ECHAM5-wiso, δ18Op strongly decreases with surface uplift of the Western Cordillera 
(Figure 7b-d). Along the crest of the highlands, δ18Op drops by ~10‰ to values less than −18‰ 
forming sharp isotopic gradients on the flanks. With southward propagation of the highlands, 
precipitation in foreland areas east of 100° W become enriched in 18O due to the contribution of 
moisture from the paleo-Gulf of Mexico (Figure 7d).  
Proxy estimates of δ18Op derived from authigenic minerals require knowledge of the 
isotope exchange temperature, the temperature of the water from which the mineral precipitated. 
In the absence of this information, Mix et al. (2011) and Chamberlain et al. (2012) use 
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temperatures from paleofloral assemblages as the isotope exchange temperature. To compare 
simulated and proxy δ18Op directly and to eliminate differences due to surface temperature 
assumptions, we recalculate mineral-derived δ18Op using simulated surface temperatures 
(Appendix A4). Because isotopic fractionation has only a small temperature dependence 
(~0.2‰ °C-1 at 25 °C for carbonate), most proxy δ18Op estimates change by ≤2‰. The 
exceptions are two samples from the Galisteo Basin of New Mexico (Davis et al. 2009), with 
ages of 39–49 (3.6‰) and 28–39 Ma (5.2‰), and two samples (2.1‰), with ages of 39–49 Ma, 
from eastern Wyoming (Sjostrom et al. 2006). These samples, all from low altitude basins, were 
originally assigned isotope exchange temperatures of 7.5 °C, 0 °C and 10.9 °C, much lower 
values than the simulated temperatures of 24.5 °C and 24.1 °C for the Galisteo Basin and 20.8 °C 
for eastern Wyoming. For comparison, modern mean-annual temperatures in the Galisteo Basin 
and eastern (Casper) Wyoming are ~11 and ~9 °C. Early Eocene paleotemperatures for the Wind 
River, Kisinger Lake and Powder River basin, located in central and eastern Wyoming, are 16.5 
– 23 °C (Figure 6).  
In Figure 7b-d, we compare simulated δ18Op from our three topography scenarios with 
temperature-adjusted proxy δ18Op. Co-located simulated and proxy δ18Op agree within 2 ‰ at 
60 % of sites (Figure 7b-d). Differences within this group have an average of 0 ‰ with a 1σ 
value of 1.1 ‰, indicating no systematic offset. More importantly, there is good correspondence 
in all three scenarios between very low values (<−16 ‰) of simulated and proxy δ18Op. Mix et al. 
(2011) use mineral δ18Op from four sites (Princeton Basin, Sage Creek Basin, Copper Basin, and 
Elko Basin) to estimate maximum highland elevations (Figure 7, values in black). Our simulated 
δ18Op at these sites is the same or slightly lower (with magnitude < 2‰) than the mineral δ18Op 
(Figure 7, values in red). The good match indicates that surface uplift is a reasonable hypothesis 
for explaining temporal trends in the mineral proxies.  
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Figure 7 Comparison of proxy and simulated δ18Op. Simulated values of δ18Op are shown for the 
(a) CNTL, (b) NHL, (c) CHL, and (d) SHL experiments.  
Following Mix et al. (2011) and Chamberlain et al. (2012), the NHL, CHL, and SHL scenarios 
represent topographic conditions in western North America ranges across approximately pre-49 
Ma of Eocene, 48 – 39 Ma, and 38 – 28 Ma. Proxy δ18Op from authigenic minerals 
corresponding in age to these time intervals are overlain as filled circles. Simulated (black font) 
and mineral (red font) δ18Op are shown for the Princeton Basin (b), Sage Creek Basin (c), and 
Copper (north) and Elko (south) Basins (d). U.S. state borders are shown to simplify the 
referencing of sample locations. The borders have been modified to account for Neogene Basin 
and Range extension by narrowing Nevada by ~2° longitude as in Figure 3. 
   
δ18Op difference for the remaining 40% of sites averages −2‰ with a 1σ value of 4.5‰. 
Many of the points of disagreement occur in the NHL case and are located in the Laramide 
foreland basins east of 102° W and in the Elko Basin in northeast Nevada, regions of low 
elevation. The mismatch at these lowlands may be due to surface hydrologic processes that are 
not included in ECHAM5-wiso. Many of the enriched δ18O values from the Laramide foreland 
basins and northeastern Nevada and central Utah derive from lacustrine carbonates and 
limestones. The hydrological balance of inland lakes is a function of riverine, groundwater, and 
precipitation inputs, and evaporative losses. Unless precipitation dominates the system, lake 
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water δ18O may not reflect δ18Op. In fact, Horton et al. (2004), Bowen et al., (2008) and Davis et 
al. (2009) conclude that Elko Basin, Flagstaff Basin and other Laramide foreland basins have all 
been affected by significant evaporation.  
Notable mismatches also occur at four high-elevation sites, including two in the core of 
the NHL (Figure 7b) and two on the eastern flank of the SHL (Figure 7d). The mineral samples 
from the NHL have δ18Op of −13.8 and −15.8‰, values that correspond to simulated δ18Op at 
elevations of ~2000 m (Figure 8a). The mineral δ18Op at these locations are converted from the 
δD of mylonitic quartzite in equilibrium with the meteoric water at the Columbia River 
detachment bounding Kettle (northeast Washington) and Shuswap metamorphic core complex 
(southeast British Columbia). The reconstructed δ18Op of these locations is likely more enriched 
than the actual meteoric water due to water-rock interaction (Mulch et al., 2007). However, the 
isotopic enrichment could also indicate that the highland elevations are overestimated, or that 
these proxies record elevation of the detachment, which may be lower than the mean elevation. 
Mineral δ18Op on top of the eastern flank of the SHL (the Claron Basin and the Flagstaff Basin) 
is lower by 2 – 3‰ than the simulated δ18Op.  
2.4.4 Analysis of isotopic fractionation due to lifting 
Paleoaltimetry studies have traditionally assumed that the isotopic composition of an 
ascending air mass fractionates through rainout as a result of adiabatic cooling and condensation 
(for example, Blisniuk and Stern, 2005). This assumption is the premise for both the application 
of empirical δ18Op-lapse rates and RDMs to paleoaltimetry. To evaluate this assumption, we 
compare GCM and RDM simulations of δ18Op across the highlands (Figure 8a-f). RDM 
predictions are based upon GCM-initial δ18Ov, and with moisture sources located both west and 
east of the flanks of individual highland (see Section 2.3.2 for details). Justification for an eastern 
moisture source is shown in Figure 5n-p, which illustrates that summer flow onto the eastern 
flanks of the highlands is predominantly easterly across the continental interior. Our one-
dimensional RDM simulations of δ18Op vary solely as a function of altitude; the horizontal 
trajectory of the parcel is not considered. To more straightforwardly compare the GCM and 
RDM, we remove δ18Op spatial variability in our GCM simulations by averaging annual δ18Op 
over a range of latitudes centered on the NHL, CHL and SHL. 
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Figure 8 Comparison of GCM and RDM δ18Op along the western and eastern flanks of the 
northern (NHL, (a) and (d)), central (CHL, (b) and (e)), and southern (SHL, (c) and (f)) 
highlands.  
ECHAM5-wiso δ18Op is shown as filled circles; δ18Op simulated by the RDM with fixed initial 
δ18Ov and moisture from the west as open diamonds (values at the eastern flank mirrors those at 
the western flank since they share the same moisture sources); and δ18Op simulated by the RDM 
with GCM-derived initial δ18Ov and moisture from both western and eastern flank as crosses. 
Symbols are shaded red and blue to indicate their location on either western (WF) or eastern 
flanks (EF). The extent of western and eastern slopes is shown in Figure 4a-c. Arrows point to 
mineral δ18Op values at 4200 m of NHL, 3700 m of CHL and 3400 m of SHL. Notice that the 
elevations of the mineral-derived δ18Op are uncertain. The best estimate of the elevation is where 
the mineral-derived δ18Op values correspond to simulated δ18Op. 
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The relationship of mean-annual δ18Op with altitude differs substantially between the 
GCM and RDM with GCM-moisture source (dots and crosses in Figure 8a-f). GCM-simulated 
δ18Op decreases nonlinearly with elevation on both flanks. The isotopic lapse rate is greatest at 
elevations lower than ~2000 m, particularly on western slopes, and decreases to nearly 0 at 
higher elevations in the NHL and CHL cases (filled circles in Figure 8a, b). In comparison, 
RDM-simulated δ18Op decreases almost linearly with elevation with the highest lapse rate on the 
eastern flanks (crosses in Figure 8d-f). At peak elevations on the western flank, RDM and GCM 
δ18Op are relatively similar in NHL and CHL, differing by about +1‰ (NHL) and −1‰ (CHL) 
(compare crosses and filled circles in Figure 8a, b). RDM and GCM δ18Op differences are much 
larger, about −3‰, in SHL (compare crosses and filled circles in Figure 8c). However, due to 
differences in isotopic lapse rates, the δ18Op difference is much larger (by as much as 5‰) at 
intermediate elevations between ~1000 and 3000 m (Figure 8a, b). δ18Op differences are more 
pronounced on the eastern slopes, where the RDM isotopic lapse rates are very high, leading to 
very low δ18Op (compare light grey markers in Figure 8a-c). At peak elevations (4000 m) on the 
eastern flank, the RDM and GCM δ18Op differ by approximately 9 (NHL), 6 (CHL) and 4‰ 
(SHL). 
The influence of assuming a constant moisture source is demonstrated by the difference 
between experiments with fixed- and GCM-moisture sources (Figure 8a-c). Along the western 
flanks, δ18Op is offset by the difference in the composition of the initial condensate, which is 
minimal for NHL and CHL but approximately −3‰ for SHL. Along the eastern flank, δ18Op 
differences are greater, up to 6 – 8‰ at high elevations of the NHL and CHL, and result from 
differences in temperature and humidity of the moisture source and the δ18Op of initial 
condensate. Adiabatic cooling and rainout are more dramatic for cooler and drier moisture 
sources at the eastern flank, which leads to larger adiabatic lapse rate of the δ18Op. 
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Figure 9 Simulated west-east distribution of the amount (a-c, left column) and δ18O (d-f, middle 
column) of total precipitation (dark gray), snowfall (medium gray) and convective precipitation 
(light gray).  
The δ18Op variations (g-i, right column) due to inclusion of snowfall (medium gray) and 
convective precipitation (light gray) at 57 locations on either western (WF) or eastern flanks (EF). 
The extent of western and eastern slope-scale (a-i, black). The snowfall is from both large-scale 
and convective precipitation, but it is clearly from large-scale at the western flank and likely 
from both at the eastern flank.  	  
Our comparison of δ18Op estimated by ECHAM5-wiso and an RDM emphasizes the 
importance of the interaction of different airflow regimes and precipitation physics other than 
rainout on the isotopic fractionation of vapor and precipitation in the GCM. In the following 
sections, we investigate these processes. 
2.4.4.1 Influence of precipitation type on δ18Op  
 ECHAM5-wiso simulates multiple precipitation phases (snow and rain) and types 
(convective, large-scale). At low elevations (≤ 1500m) on the western flanks of the NHL, CHL, 
and SHL, the bulk of the precipitation is in the form of large-scale rainfall. In this region, GCM-
simulated δ18Op is similar to the RDM prediction. The difference between GCM- and RDM-
simulated δ18Op increases as contributions from snowfall and convective precipitation increase at 
higher elevations of the western and eastern flank. Snow and convective precipitation contribute 
differently to the δ18Op of total precipitation (Figure 9d-f). Snow is more depleted in 18O than 
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other precipitation types, because ice crystal condensation is subject to kinetic fractionation due 
to the lower diffusivity of the heavy isotope in air (Jouzel and Merlivat, 1984); and, isotopic 
exchange between snowfall and the environment through evaporation, mixing, and re-
condensation below the cloud base is greatly reduced (Jouzel and Merlivat, 1984; Gat, 2010). 
Convective precipitation is enriched in 18O relative to the total precipitation across the highlands, 
but is more depleted at the coast (Figure 9d-f). Leeside convective precipitation is enriched in 
18O likely due to intense evaporation of rain droplets and/or mixing with isotopically enriched 
moisture, a mechanism proposed to explain the enrichment of modern leeside precipitation (Gat 
and Rietti-Shati, 1999). This process is the counterpart to the “amount effect” in tropic regions 
where limited sub-cloud evaporation and the input of 18O depleted moisture occurs, causing 
isotopic compositions to be relatively low (Risi and Vimeux, 2008).  
Snowfall occurs on the western flanks at elevations higher than 1000 m and is the main 
form of precipitation on the western highlands (Figure 9a-c, medium grey lines). Convective 
precipitation is common over lowlands and on the flanks but is absent at the highland top. On 
average, it makes up one-third to one-half of total annual precipitation on the eastern flanks 
(Figure 9a-c, light grey lines), and increases to one-half to three-fourth of total precipitation 
during summer (not shown). Moist convection is almost absent in winter, indicating a strong 
seasonality of the 18O enrichment effect due to moist convection. The relative contribution of 
snow and convective precipitation to δ18Op is estimated as the difference of δ18Op in the absence 
of snow or convective precipitation:  
 
where [δ18Op]i is the δ18Op value of snow or convective precipitation; [δ18Op]o is the δ18Op of the 
remaining precipitation; and ri is the ratio of snow or convective precipitation to total 
precipitation.  
High-elevation snowfall reduces the total δ18Op across the highlands and by up to 4–8‰ 
at the peaks (Figure 9g-i). Convective precipitation increases δ18Op on the leeside of the 
highlands by up to ~2‰ (Figure 9g-i, light grey cross). Snowfall and convective precipitation 
influence δ18Op in opposing ways on the eastern slopes. The relative amounts of convective 
precipitation and snowfall and their contribution to total precipitation δ18Op are not necessarily 
independent; snow can form from condensation related to large-scale and/or convective 
€ 
Δ δ18Op[ ]i ≈ ri × δ
18Op[ ]i − δ
18Op[ ]o( )
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processes. Condensation of convective snow enriches the remaining vapor from which 
subsequent convective precipitation might condense. This possibility is supported by the anti-
correlation between snow and convective precipitation δ18Op on the eastern lowlands of the NHL 
and CHL cases (Figure 9g-h).  
Independent geological lines of evidence support the simulation of both snowfall on the 
highlands and seasonally arid conditions at the leeside of the highlands. Eocene lacustrine 
bivalves collected from the Green River Basin (Norris et al., 1996) and Power River Basin 
(Dettman and Lohmann, 2000; although disputed by Morrill and Koch, 2002) and fossil tooth 
enamel (Fricke, 2003; Fricke and Wing, 2004) and paleosol carbonates collected from the Big 
Horn Basin (Koch et al., 1995) record seasonal low δ18O that are purported to represent seasonal 
snow melt and drainage from adjacent highlands. Pedogenic features (Bown and Kraus, 1981), 
evaporite deposits (Smoot, 1983), and dry-tolerant paleoflora (Wolfe, 1994; Wing and 
Greenwood, 1993; Wilf et al., 1998) have all been interpreted to indicate seasonal drought or 
evaporative conditions on the leeside of the highlands. In addition, paleoprecipitation 
reconstructions from paleoflora within three foreland basins around Green River, Kisingers 
Lakes and Wind River support high precipitation seasonality with one-half of the precipitation 
falling in three growing months and ≤ 10% in three dry months (Wing and Greenwood, 1993), 
and lend support to our simulations of intense summer precipitation and winter dryness (Figure 
5m-o).  
2.4.4.2 Influence of vapor mixing on δ18Op 
Isotopic effect of advective vapor mixing is most pronounced on the western slopes of the 
highlands. In this region, upslope flow contributes substantially to vapor 18O enrichment. In the 
middle troposphere (500–600 hPa), δ18Oc advection is alternately positive, negative and positive 
at the western flank, highland top and eastern flank of NHL and CHL. This pattern reflects 
vertical advection associated with a standing gravity wave (Figure 10a and 10b, vectors and gray 
contour) that develops as the Westerlies encounter high topography. This standing gravity wave 
is not as well pronounced in SHL; as a result, the δ18Oc advection across the SHL is determined 
by both the vertical and horizontal advection of the air mass. Positive δ18Oc advection is brought 
by ascending air masses from lower altitudes at the western flanks and by southeasterly flow 
from lower latitudes at the eastern flank (Figure 5p), which lead to locally high δ18Ov  regions.  
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18O-enrichment due to mixing can explain the flattening of the GCM-simulated δ18Op-
elevation relationship of NHL (Figure 8a) and CHL (Figure 8b) at elevations >2000 m. The 
influence of mixing on the western slope of the SHL is less apparent (Figure 8c); precipitation 
likely forms over a range of altitudes that are both isotopically depleted and enriched through 
mixing (Figure 10c). The δ18Oc variations due to mixing at the eastern flank are generally small 
with magnitudes of ≤2‰ and vary in sign from the surface to the middle troposphere.  
2.4.4.3 Influence of moisture recycling through surface exchange on δ18Op 
In arid, continental regions, observed δ18Op lapse rates are often smaller than expected 
based on open system Rayleigh distillation models (for example, Rowley and Garzione, 2007; 
Blisniuk and Stern, 2005; Lechler and Niemi, 2011). This phenomenon, referred to as a “pseudo-
altitude effect”, is thought to result from an increase in evaporative enrichment of a rain droplet 
as the falling distance increases from the top to the bottom of the mountain (Moser and Stichler, 
1971). Another potentially important factor is the 18O-enrichment of vapor through recycling at 
the land surface. During the recycling process, surface evaporation enriches and returns much of 
the precipitation to the boundary layer. In our simulations, vapor recycling is vigorous on the 
leeside eastern flanks, where evaporation rates are typically 70 to 76% of precipitation rates. 
Moisture recycling is less important at the western flank, given that the air masses are more 
humid and the amount of evaporation is less than 30% of precipitation.  
We have modified the RDM to account for vapor recycling using the recycling potential 
(see Rayleigh Distillation Model of Adiabatic Condensation (RDM) above) and estimated using 
GCM-simulated rates. Recycling potentials for the NHL, CHL and SHL experiments are 0.68, 
0.73, and 0.76. Accounting for vapor recycling in the RDM increases δ18Op on the eastern slopes 
by ~3 to 5‰, reducing the isotopic lapse rate and the discrepancy between GCM and RDM δ18Op 
in this region (Table 2, Figure 11a-c).  
	  	   39 
  
Figure 10. Zonal distribution of variations of δ18O of condensate ( ) due to the total 
(shaded) advection of moisture estimated at (a) 57°N of NHL case, (b) 53°N of CHL case and  
(c) 47°N of SHL case.   
Solid and dashed grey contours in (a) and (b) show positive and negative  at interval of 
0.5‰ yr-1 due to vertical advection of moisture. Dotted grey contours in (c) shows the zonal 
distribution of δ18Ov. The zonal circulations and mountain gravity wave trajectories are shown in 
black and thick blue arrows. 
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Figure 11 Comparison of δ18Op simulated by GCM, RDM and RDM with vapor recycling on the 
eastern flanks (EF) of (a) northern (NHL), central (CHL), and southern (SHL) highlands.  
In a-c, ECHAM5-wiso δ18Op is shown as filled circles; RDM δ18Op with moisture recycling as 
open triangles; RDM δ18Op without moisture recycling as crosses. The incorporation of moisture 
recycling on the lee of the highlands increases RDM δ18Op by several per mil, bringing it in 
closer agreement with GCM δ18Op.  
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Table 2 Contribution of physical processes to δ18Op in orographic regions.  
Values represent the approximate isotopic contribution (‰) of each process to the local δ18Op 
simulated by ECHAM5-wiso and are shown for the three topographic scenarios.  
 
  
Precipitation 
type1 
Total 
mixing2 
Varying moisture 
sources3 
Vapor 
recycling4 
NHL 
Western 
flank −4 to −8 
+5 to +8 NA NA 
Eastern 
flank 
+2 NA −8 to −10 +5 
CHL 
Western 
flank −3.5 to −6 
+4 NA NA 
Eastern 
flank 
+2 NA −6 +3 
SHL 
Western 
flank 
−2 to −3 NA +3 NA 
Eastern 
flank 
+2 NA NA +3 
 
Note: 1Calculated as the amount weighted difference of δ18Op of snowfall (western flank) or 
convective precipitation (eastern flank) minus the δ18Op in the absence of snowfall or convective 
precipitation at high elevations. 2Estimated as the advection potential of condensates along the 
flank. 3Measured as the difference of simulated δ18Op by Rayleigh distillation model between 
using GCM and fixed moisture source at high elevations. 4Estimated as the RDM simulation with 
the vapor recycling ratio minus without the vapor recycling ratio. NA: Not appreciable; the 
contribution is small. 
 
2.4.4.4 Influence of moisture sources on δ18Op 
Moisture sources are expected to change as circulation patterns evolve in response to 
surface uplift (Figure 5i-p). Back trajectory analyses of air parcels originating on the mountain 
flanks are performed to identify moisture sources in each topographic scenario (Figure 12 and 
13). In the CNTL case, low-level airflow over western North America is predominantly westerly 
and originates from the northern side of the Pacific subtropical high (Figure 12a-c, colored thin 
lines). Over the continent, flow splits into northern and southern branches at ~50° N (hereafter 
referred to as “split flow”; gray lines with black arrows in Figure 12a-c) in response to the 
development of high-pressure ridges over the western side of the topography.  
	  	   42 
 
Figure 12. Back trajectory analysis of highland air parcels from the western flank of highlands. 
The 7-day back trajectory location and relative humidity of air parcels are shown (as colored thin 
lines) for CNTL (a-c) and NHL (d), CHL (e), and SHL (f). Each line segment is colored with the 
average relative humidity of a single trajectory within one time interval. Also shown in each 
figure are the low-level circulation (streamlines, averaged from 850 to 1000 hPa); the start 
location of back trajectory (black star); topography (blue line); airflow path (grey line with black 
arrowhead); and the continental shoreline (red line). Areas with evaporation greater than 40 
cm/month are indicated by red stipple. Notice that 1) topography enhances separation of the 
northern and southern airflow paths (compare NHL, CHL, and SHL scenarios with the CNTL 
case); and 2) air parcels on the SHL tend to originate from more southerly sources in comparison 
to those on NHL and CHL. 
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Figure 13. Same as in Figure 12, but for air parcels on the eastern flank of CNTL, NHL, CHL 
and SHL.  
Note that CNTL (pre-uplift) moisture sources (colored thin lines) originate mainly (not entirely) 
from the Pacific Ocean. In the NHL, CHL, and the SHL (post-uplift) scenarios, a greater portion 
of moisture sources to the leeside of the highlands originates from the continental interior and the 
paleo-Gulf of Mexico.  
 
Topographic uplift and southward propagation enhances the separation of northern and 
southern branches by strengthening the high-pressure ridge to the west and partially blocking the 
airflow. The split flow affects the moisture path, which then influences the isotopic composition 
of vapor. At the western flank, all three highlands (NHL, CHL and SHL) receive air parcels that 
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originate over the northeast Pacific. Air parcels are transported by westerly flow to the NHL and 
CHL (Figure 12d-e). Air parcels at SHL, however, are transported across warmer low-latitude 
seawater by northwesterly winds following the southern branch of the split flow along the coast 
(Figure 12f). As a result, the moisture source of SHL is more humid and more enriched in 18O 
than the moisture source of the NHL and CHL (Figure 4a-c). Galewsky (2009) reports based on 
a series of simulations with idealized topography that blocking and lateral deflection by high 
topography reduces orographic precipitation and increases δ18Op. In our simulations, blocking is 
not complete; flow ascends the western flanks, promoting orographic precipitation (Figure 5e-l, 
Figure 10).    
Surface uplift changes moisture transport to the lee of the mountains as well. In the 
absence of high topography, air parcels are transported to the east flank by a mixture of both 
northern and southern branches of the split flow (colored thin lines in Figure 13a-c). With uplift, 
leeward moisture in NHL and CHL mostly derives from the southern branch of the split flow 
(Figure 13d-e). In the SHL scenario, the paleo-Gulf of Mexico is the dominant source of leeside 
moisture (Figure 13f). Surface uplift also introduces strong precipitation and circulation 
seasonality on the leeside of the mountains (Figure 5i-p). 
Eastern flank δ18Op is strongly influenced by the source of moisture. Moisture from the 
Pacific Ocean and land evaporation has relatively low δ18Ov due to greater rainout over long 
travel distances and evaporation input from isotopically depleted inland sources. In contrast, 
moisture from local lakes distributed within the Laramide basins and the paleo-Gulf of Mexico is 
enriched in 18O. As a result of these differences, eastern flank δ18Op of NHL and CHL, most of 
which is derived from a mixture of 18O-depleted land evaporation and east Pacific vapor with 
limited contribution from lakes (Figure 12d-e, stippled pattern shows evaporation) and the paleo-
Gulf of Mexico (Figure 13d-e), is relatively low (Figure 4a-c). On the eastern flank of SHL, the 
contribution from lake evaporation (Figure 12f, stippled pattern) and Gulf of Mexico moisture is 
greater (Figure 13f) and so is the δ18Op. 
2.5 Discussion  
2.5.1 Rayleigh Distillation as a model for isotopic fractionation of condensation 
The challenge of stable isotope paleoaltimetry is to accurately translate mineral proxy 
δ18Op to surface elevation. Modern empirical δ18Op-elevation relationships are useful for 
calibration in the modern climate under the existing topographic regime. However, regional 
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climate change related to both uplift (Poulsen et al., 2010) and global climate (Poulsen and 
Jeffery, 2011) alter these relationships, rendering the use of modern isotopic lapse rates for stable 
paleoaltimetry questionable at best. Incidentally, paleoaltimetry estimates using terrestrial 
paleotemperature proxies (for example, clumped isotopes) and modern temperature lapse rates 
are prone to many of the same uncertainties that plague isotope lapse rates. In our experiments, 
δ18Op lapse rates vary across the western North American Cordillera and are different from 
modern empirical lapse rates. δ18Op lapse rates on the western flanks of the NHL, CHL and SHL 
are not linear and differ substantially at low and high elevations. Although δ18Op varies with 
elevations in a more linear manner at the eastern flanks of the Cordillera, the δ18Op lapse rates 
vary with latitude and are influenced by regional climates that are different from modern. As 
such, applying a δ18Op lapse rate-elevation relationship to infer paleoaltimetry in the North 
American Cordillera is unjustified. 
RDMs offer some advantages for paleoaltimetry over modern empirical δ18Op-elevation 
relationships. Chief among these is that RDM estimates are not based on modern temperature 
and humidity conditions, and can account for isotopic fractionation during adiabatic lifting and 
vapor condensation under different climate conditions. However, as this study demonstrates, in 
some regions, RDMs provide poor or incomplete representations of δ18Op because they neglect 
many aspects of precipitation physics that can influence δ18Op. GCMs have the benefit of 
including these processes. The isotopic variations due to the formation of different precipitation 
types, vapor mixing and recycling, varying moisture sources and their relative importance at the 
eastern and western flanks of the highlands are summarized in table 2.  
On the western flank of the NHL and CHL, both snow and vapor mixing have a 
substantial influence on δ18Op (table 2). On the SHL, snowfall and moisture source are most 
important (table 2). These results highlight the fact that physical processes change with 
environment and with evolution of the mountain range. In the SHL experiment, for example, the 
presence of an extensive north-south plateau deflects westerly flow, altering circulation patterns 
and moisture sources. Coincidentally, in all three scenarios, the influence of physical processes 
on δ18Op are opposite in sign and compensate over the highlands (table 2). As a result, GCM and 
RDM δ18Op are similar within ~3‰ at maximum elevations on the western flank (Figure 8a-c) 
and agree within ~2‰ with mineral proxy δ18Op (Figure 8, c, indicated by intersection of vertical 
and horizontal arrows) with one exception (Figure 8c, note relatively high δ18Op indicated by 
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cross marks). It is important to note, however, that (i) this compensation may not occur in other 
regions and under different global climate conditions and (ii) that the RDM and GCM δ18Op have 
very different implications for interpreting paleoaltimetry. The RDM simulates very low δ18Op 
matching the proxy data (with values of −21.5 ‰) only at high elevations ≥4000 m of NHL 
(Figure 8a, unfilled diamonds and cross mark). In contrast, the GCM simulates these low values 
over a range of elevations at NHL and also CHL, starting as low as 2000 m and extending to 
>4000 m (Figure 8a-b, filled circles). The GCM results imply that elevations of the NHL and 
CHL inferred from the proxy δ18Op could have been lower than suggested by the SWEEP model. 
Additional GCM experiments are needed to explore this possibility.  
On the eastern flank of the highlands, formation of convective precipitation, vapor 
recycling, and variability of moisture source substantially influence δ18Op (Table 2). RDM 
models are known to severely underestimate (simulate values that are too negative) δ18Op on the 
leeside of mountain ranges. In agreement, our RDM with a GCM-moisture sources simulates 
δ18Op that is very low and substantially lower than that from the GCM (Figure 8d-f, cross marks), 
a difference which we attribute to neglect of convective processes and vapor recycling, both of 
which enrich vapor and precipitation in 18O. In contrast, our RDM with a fixed moisture source 
simulates δ18Op that is higher and in good agreement with that from the GCM (Figure 8d-e). This 
result is entirely due to the prescription in the RDM of a relatively enriched vapor source and 
high humidity and should not inspire much confidence in the RDM.  
ECHAM5-wiso simulates δ18Op that is in good agreement with mineral δ18Op on the 
eastern slopes of CHL (Figure 8e) but is too high on the eastern slopes of SHL by ~2 − 3‰ 
(Figure 8f). This mismatch may derive from several causes presumably, as indicated by good 
agreement between RDM and mineral δ18Op (Figure 8e), not related to the vapor source. Counter 
to intuition, it may indicate that SHL elevations are too high, blocking flow over the highland 
and limiting vapor mixing between the eastern and the western air masses (Figure 5p). In support 
of this interpretation, we note that minimum δ18Op on the western flank of SHL is lower (−18‰, 
Figure 8e) by approximately 4‰ than that on the eastern flank. Alternatively, the mismatch may 
indicate too vigorous vapor recycling and/or monsoonal circulation on the eastern slopes. If this 
is the case, good agreement between GCM and proxy δ18Op over the CHL eastern slopes suggest 
that the bias is not systematic.    
2.5.2 Caveats 
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The GCM simulations presented here are sensitivity experiments that were conducted to 
explore the effect of surface topographic evolution on δ18Op and regional circulation and 
precipitation processes. They do not capture other important environmental changes that are 
known to have occurred in the early Cenozoic including Eocene to Oligocene global cooling and 
the initiation of Antarctic glaciation associated with carbon dioxide drawdown (for example, 
Barker et al., 2007); and, regional and global changes in paleogeography, including the retreat of 
the Mississippian embayment (for example, Galloway et al., 2011), and filling of Laramide 
foreland basins (Dickinson et al., 1988). Paleoclimate modeling studies have shown that changes 
in atmospheric CO2 and paleogeography can substantially influence climate and precipitation 
δ18O over the South American Andes, while the influence of Antarctic glaciation is relatively 
minor (Jeffery et al., 2011; Poulsen and Jeffery, 2011).  
In light of these studies, we suggest that CO2 drawdown and infilling of the Mississippian 
Embayment and Laramide foreland basins probably had the most significant influences on δ18Op 
of the North American Cordillera. These events accelerated in the Late Eocene and early 
Oligocene and, as a consequence, would have mainly influenced δ18Op and paleoelevation 
interpretations associated with the SHL in the following ways: 1. The decrease of CO2 from 1120 
to 560 ppm would lead to a decrease of δ18Op due to downward mixing of more 18O-depleted 
moisture as a response to tropospheric cooling (Poulsen and Jeffery, 2011). 2. Global cooling 
may have favored snowfall at high elevations, contributing to lower δ18O at the western flank. 3. 
Retreat of the Mississippian embayment potentially reduced transport of 18O-enriched moisture 
to the eastern flank of the highlands. 4. The infilling of the Laramide Basins and more frequent 
incursion of dry air masses from the Arctic due to an increased equator-to-pole temperature 
gradient may have increased aridity at the Laramide Foreland, as documented by paleofloras 
(Wing and Greenwood, 1993; Wolfe, 1994), and intensified a rain shadow along the eastern 
flank of the highlands. Taken together, climate change and regional geographic adjustments 
would have led to a decrease in δ18Op, which have not been considered in either our GCM 
simulations or in paleoaltimetry reconstructions. Nonetheless, these influences et al. discussed in 
Chamberlain et al. (2012) would have been secondary to the large δ18Op depletion due to 
southward highland propagation.  
 
2.5.3 Implications for the SWEEP model and paleo-North American Monsoon  
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Our simulations show a north to south decrease in δ18Op in response to surface uplift that 
is consistent with the proxy δ18Op used to infer the SWEEP model (Mix et al., 2011; Chamberlain 
et al., 2012). Data model mismatches at several locations (Figure 6b and 6d) indicate the 
likelihood for requiring modest adjustments to the SWEEP topography, including lowering the 
interior of the northern Cordillera and the eastern flank of the southern Cordillera. While our 
simulations are consistent with (and in this way support) the SWEEP hypothesis, we cannot 
discount the feasibility of other tectonic models without additional simulations. 
 Both proxy data and climate models suggest the existence of a paleo-North American 
monsoon in the Cretaceous and Paleocene (for example, Poulsen et al., 1999; Sewall and Sloan, 
2006; Fricke et al., 2010; Chamberlain et al., 2012). Paleoclimate models indicate that the 
Western Interior Seaway and, later, the Mississippian embayment may have been crucial to the 
land-ocean thermal contrast that drove the monsoon, and that as these water bodies retreated, 
both the strength and extent of the summer monsoon waned. In the Cretaceous, monsoonal 
circulation may have extended into Alberta (Poulsen et al., 1999; Fricke et al. 2010), but was 
mainly constrained to the eastern flank of the Rocky Mountain front in the early Paleogene 
(Sewall and Sloan, 2006). Topography has also been cited as an important inhibitor of the 
Eocene monsoon. In particular, Chamberlain et al. (2012) speculate that the southward 
propagation of high topography in the Eocene blocked monsoonal transport of moisture into the 
northern and central Basin and Range.  
Our simulations confirm the absence of monsoonal penetration into the Basin and Range 
(Figure 5m), but indicate that topographic growth is not the primary reason. In the absence of an 
extensive embayment, strong westerly flow prevails over this region regardless of topographic 
scenario (Figure 5m-o). Rather, our results suggest that the paleo-North American monsoon may 
have been somewhat rejuvenated by topographic migration. In response to uplift of the SHL, 
summer flow transports moisture from the Gulf of Mexico and intensifies summer precipitation 
along the eastern slopes of the Cordillera (Figure 5o and 5p).  
2.6 Conclusions 
Our analysis using an isotope-enabled GCM supports stable isotopic evidence for 
Cenozoic southward propagation of high topography in the North American Cordillera and 
highlights the need to use caution in applying traditional δ18Op lapse rate-elevation relationships 
and open-system Rayleigh distillation models (RDM) to infer paleoelevations. Our analysis 
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demonstrates significant contributions to δ18Op due to changes in precipitation phase and type, 
vapor mixing and recycling, and moisture sources at the windward and leeward side of the 
Cordillera in response to the growth and propagation of high topography. These processes lead to 
δ18Op variations that are different and sometimes opposite of those estimated using Rayleigh 
distillation models of moist adiabatic condensation.  
Changes in δ18Op with uplift and propagation of topography are regionally variable and 
linked to process. On the windward western slopes of highlands, snow condensation and vapor 
mixing contribute substantially to precipitation δ18Op at high elevations of the northern and 
central cordillera. Snow condensation and contributions from a more subtropical moisture source 
dominate changes in precipitation δ18Op at the southern cordillera. The isotopic compensation of 
these processes disguises the isotopic signature of individual processes, causing GCM-simulated 
δ18Op to be similar to RDM δ18Op at the top of the highlands. On the eastern slopes, the moisture 
sources are different from and more 18O-depleted relative to the western slopes by −2 to −4‰ in 
the northern and central cordillera. These isotopic effects are muted by 18O-enrichment from both 
evaporative recycling and convective precipitation. At the southern cordillera, however, the 
moisture source is isotopically similar to the western flank due to moisture contributions from 
the paleo-Gulf of Mexico. As a result, GCM-simulated δ18Op is higher (less negative) than proxy 
δ18Op. We suggest that due to partially blocking westward flow and limited zonal mixing, 
counter to intuition this mismatch may indicate that the SWEEP topography is too high.  
Our examination of the isotopic signatures of precipitation processes indicates that these 
processes cannot be ignored in paleoaltimetry studies of the North American Cordillera. Similar 
processes are very likely to be important in other mountain belts as well and have evolved with 
surface uplift and regional climate change, altering local δ18Op patterns and lapse rates.  
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Appendix A 
Appendix A1  
 1-D Rayleigh distillation model of adiabatic condensation (RDM) 
The RDM model is similar in concept to the model outlined in Rowley and Garzione 
(2007) for tracking a single near-surface air parcel along ascending, precipitating trajectories. 
The model is based on the conservation of moist static energy and tracks an unsaturated, 
ascending air parcel. The air parcel cools at the dry adiabatic lapse rate (K km-1), 
  (1) 
where g is the gravitational acceleration (ms-2) and  is the specific heat of dry air (J kg-1K-1), 
until it reaches the lifting condensation level (LCL). The LCL is defined as the first level where 
the air parcel temperature is less than the dew point temperature.  Above this level, the air parcel 
cools at the moist adiabatic lapse rate,  
 
   (2) 
where Lc is the latent heat of condensation (J kg-1);  is the saturation mixing ratio (kg/kg); R is 
the gas constant (J K-1kg-1); T is the air parcel temperature (K), 
e is the ratio of the molecular weight of water to that of dry air (0.622); and z (m) is the air-parcel
 height (Horton, 2004). The  curve is modeled with a 210 m interval. The saturated-mixing 
ratio  at each level is calculated from the saturation vapor pressure (Bolton, 1980):  
  (3) 
Tc is the temperature in degree Celsius (other temperatures are in Kelvin) at the jth level. The 
saturation mixing ratio is calculated: 
    (4) 
with p, the pressure at the jth level, calculated: 
   (5) 
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pj-1and  is the pressure and temperature at the (j-1)th level. For the jth level, the fractionation 
factor is calculated using Majoube (1971) for liquid-vapor equilibrium: 
  (6). 
The remaining vapor fraction is used to calculate the delta value of remaining 
vapor and condensation, using: 
   (7) 
where  δ
18Ov and δ18Ol are the isotopic composition of the remaining vapor and condensation.  
The RDM calculates the δ18Op-elevation relationship with given surface air temperature 
(Ts), 1000hPa specific humidity (qs) and δ18Ov at the first step. These three values determine the 
moisture source of the ascending air parcel. In this study, the moisture sources are prescribed as 
either fixed or from GCM. The fixed-moisture source has δ18Ov inferred from mineral δ18Op (-
9.9 ‰, based on the isotopic composition of kaolinitized Eocene river gravel deposited in the 
ancestral Yuba River near the ancient Pacific shoreline (Mulch et al., 2006)) and Ts, and qs taken 
from the western side of the highlands of a GCM simulation. The GCM-moisture source is 
initiated with δ18Ov, Ts, and qs from a GCM simulation. GCM variables are prescribed on either 
the western or eastern sides of the highlands.  
For both fixed- and GCM-moisture sources, the initial values of δ18Ov is derived from 
δ18Op of initial condensations either from fixed δ18Op of -9.9 ‰ or δ18Op of GCM condensates, 
because δ18Ov varies substantially at low levels (for example, from −16.2 ‰ to −21.4 ‰ between 
1000 and 850 hPa over a domain of 53 °±2 °N, 125 °W). We select an appropriate δ18Ov by first 
running the RDM with the full range of low-level δ18O values with given Ts and qs. We then 
choose the initial δ18Ov that best matches the fixed or GCM (≤1200m) δ18Op of initial 
condensations along the mountain slopes of NHL, CHL, and SHL.  
Ts, qs, and δ18Ov are taken at 125 °W for a western moisture source for NHL, CHL and 
SHL scenarios, at 90°W for an eastern moisture source in NHL and CHL scenarios and at 95 °W 
in the SHL scenario. Both Ts and qs are averaged across a small range of latitudes encompassing 
the highlands (which are NHL, 57 °±3 °N; CHL, 53 °±2 °N; SHL, 47 °±4 °N).  
Appendix A2  
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 RDM with vapor recycling 
The RDM is modified to consider vapor input due to expansion of the air parcel in 
response to both adiabatic and non-adiabatic heating of the environmental atmosphere along the 
eastern flanks of the mountains. On the leeside of the North American Cordillera, the 
(environmental) atmosphere is warmer than its surroundings at the same elevations due to non-
adiabatic heating through large-scale subsidence and the release of latent heat from convective 
condensates.  The ascending air parcels at the leeside of the mountains are adiabatically warmed 
by the warmer environmental atmosphere, which leads to additional expansion and enhanced 
water-holding capacity of ascending air parcels. This effect is approximated by increasing the 
mixing ratio at each level of calculation assuming isothermal expansion of the air mass and that 
the added vapor has the same isotopic composition as the existing vapor. At each step above the 
LCL, qs, δ18Ov, δ18Op, T are first calculated from equations (1) through (7), and then qs is 
adjusted to include the vapor recycling potential r (the ratio of evaporation to precipitation): 
qs=qs×(1+r). This modification is included to approximate the re-evaporation process. 
Appendix A3 
 Back trajectories with GCM-moisture source 
Back trajectory analysis of air parcels is commonly performed along isentropic (that is 
uniform potential temperature) surfaces to analyze the origin and path of precipitation (for 
example, Dirmeyer and Brubaker, 1999). However, in regions of active thermal convection and 
strong diabatic heating, conditions that were prevalent on the eastern side of the Eocene North 
American Cordillera, potential temperature is not conserved and flow. Non-isentropic transport 
of moisture could also be inferred at the western flank as extensive moisture mixing across 
different altitude is generated by mountain waves.  
With these considerations, instead of using strict isentropic tracking, we track bulk 
moisture in the boundary layer (1000 to 850 hPa) where moisture is concentrated. The horizontal 
location of a parcel (x, y) is given in explicit form by (Kurita et al., 2004): 𝑥!!! = 𝑥! + 𝑢∗(𝑥,𝑦, 𝑡)𝑑𝑡!!∆!!  𝑦!!! = 𝑦! + 𝑣∗(𝑥,𝑦, 𝑡)𝑑𝑡!!∆!!    
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where u* and v* are zonal and meridional winds weighted by the boundary layer profile of 
relative humidity. The vertical average (850 – 1000 hPa) of relative humidity is also recorded at 
(x, y). We report the back trajectories for parcels that arrived at the target location with high 
relative humidity (≥ 60%) to filter dry parcels that have little potential for precipitation. 
Appendix A4 
 Supplementary data 
δ18Op values summarized from other studies and calculated from reported mineral δ18O using 
inferred paleoflora proxy temperature (Mix et al., 2011; Chamberlain et al., 2012) and 
recalculated δ18Op value using model temperature by this study. 
 
Region 
 
Lat 
(°N) 
 
Lon 
(°W) 
 
Age 
 
Temperatur
e 
(°C) 
 
δ18Op 
 
Model 
Surface  
Temperature 
(Ts, °C) 
 
δ18Op using 
Model Ts 
pre-49Ma        
Axehandle_Basin_(UT) 39.41 111.7 55 22 (1) -6.7 20.4 -7.1 
Axehandle_Basin_(UT) 39.4 111.68 71.3–50 16.9 (1) -8.3 20.4 -8.1 
Bannock_Basin_(ID) 42.09 112.18 50–49 12.5 (2) -14.3 18.3 -13.0 
Bighorn_Basin_(WY) 45 109 57.7–53.2 16 (2) -7.8 18.0 -7.5 
Bighorn_Basin_(WY) 44 108.8 58.8–53.6  -10.3 *  
Bighorn_Basin_(WY) 44.84 108.84 55.8 16.5 (2) -7.9 18.0 -8.0 
Bighorn_Basin_(WY) 42.22 108.53 50.8–51.9 17.5 (2) -7.1 21.1 -7.4 
Crazy_Mtn_Basin_(MT) 46.4 110.2 64.4–59.4  -13.8 *  
Elko_Basin_(NV) 40.56 116.01 54.5–49.0 21.5 (2) -4 18.6 -4.6 
Flagtaff_Basin_(UT) 39 110.5 55 22 (1) -7 21.1 -7.3 
Great_Plains/Rocky_Mts 43.83 108.55 50 10.9 (2) -11.8 19.8 -9.9 
Greater_Green_River_Basin_(
WY) 
40.76 108.89 51.8–52.0  -7.4 *  
Greater_Green_River_Basin_(
WY) 
41.5 109 53  -8 *  
Greater_Green_River_Basin_(
WY) 
41.5 109 54  -10.6 *  
Greater_Green_River_Basin_(
WY) 
41.5 109 51  -9.4 *  
Greater_Green_River_Basin_(
WY) 
41.75 108.8 49 17.2 (1) -2.7 21.3 -2.1 
Greater_Green_River_Basin_(
WY) 
41.5 109.5 52 17.2 (1) -1.4 20.8 -0.9 
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Okanagan_Kettle_MCC_(WA) 48.5 118.25 49.1  -13.3 * -13.3 
Piceance_Creek_Basin_(CO) 39.41 108.18 52 22 (1) -8.4 20.9 -8.7 
Powder_River_Basin_(WY) 45.5 106 53.7–57.3  -13.7 *  
Princeton_Basin_(BC) 49.44 120.5 49 8.3 (1) -19.7 3.7 -21.5 
Sage_Creek_Basin_(MT/ID) 44.74 112.61 65–49 11-16 (2) -8.4 17.7 -7.5 
Shuswap_MCC_(BC) 51 118.25 49.0–47.9  -15.8 *  
Uinta_Basin_(UT) 39.81 110.94 55 22 (1) -9.8 20.3 -10.2 
Wind_River_Range_(WY) 43.24 107.5 52.8–52.0 16.5 (2) -13.6 20.0 -12.8 
Wind_River_Range_(WY) 43.33 107.63 53.2–52.7 17.5 (2) -12.6 20.0 -11.9 
Wind_River_Range_(WY) 43.49 109.45 55.5–53.2 19.8 (2) -8.5 19.2 -8.8 
Wind_River_Range_(WY) 43.02 107.08 60–55 21.5 (2) -9.3 20.0 -9.7 
Wind_River_Range_(WY) 43.22 107.3 52–50.9 16.5 (2) -13.9 20.0 -13.1 
49–39Ma        
Bannock_Basin_(ID) 42.09 112.18 48–41 12.3 (2) -12.3 16.3 -11.4 
Elko_Basin_(NV) 40.56 116.02 47.5–39.4 15.8 (2) -6.7 19.0 -7.1 
Elko_Basin_(NV) 40.58 115.99 42.6–40.6 12.4 (2) -4.1 19.0 -3.0 
Flagstaff_Basin_(UT) 38.92 111.81 49–39 13.2 (2) -8.7 20.6 -7.3 
Galisteo_Basin_(NM) 35.5 106 49–39 7.5 (2) -10 24.5 -6.4 
Great_Plains/Rocky_Mts 43.5 108.58 47.9 10 (2) -12.9 18.5 -11.1 
Great_Plains/Rocky_Mts 42.76 107.59 49 10.9 (2) -13.4 20.8 -11.3 
Great_Plains/Rocky_Mts 42.71 108.18 49 10.9 (2) -13.2 20.8 -11.1 
Great_Plains/Rocky_Mts 42.6 108.29 49 10.9 (2) -11.9 20.6 -9.9 
Great_Plains/Rocky_Mts 44.85 110.16 49 10.9 (2) -18.5 15.7 -17.3 
Great_Plains/Rocky_Mts 44.87 111.05 49 10.9 (2) -17.4 12.5 -16.9 
Great_Plains/Rocky_Mts 44.89 111.33 49 10.9 (2) -18.1 12.5 -17.6 
Greater_Green_River_Basin_(
WY) 
41.75 108.8 48 17.2 (1) -7.2 21.7 -6.4 
Ibapah_Basin_(UT) 40.12 114.12 46–39 13.2 (2) -10.8 19.4 -9.5 
Sage_Creek_Basin_(MT/ID) 44.66 112.58 48.0–39.1 13.4 (2) -17.1 7.3 -18.2 
Sierra_Nevada_(CA) 39.35 120.98 44.9  -9.3 *  
Sierra_Nevada_(CA) 39.18 120.85 44.9  -10.1 *  
Sierra_Nevada_(CA) 39.69 120.93 44.9  -10 *  
Sierra_Nevada_(CA) 39.69 120.98 44.9  -9.8 *  
Uinta_Basin_(UT) 40.05 110.53 49–39 13.2 (2) -3.6 20.5 -2.3 
39–28Ma        
Claron_Basin_(UT) 37.68 112.83 39–28 11 (2) -16.3 8.0 -16.8 
Copper_Basin_(NV) 41.76 115.47 38.7 10.5 (1) -18.2 7.0 -18.7 
Elko_Basin_(NV) 40.55 115.96 36.0–28.0 13 (2) -16.1 8.5 -17.0 
Flastaff_Basin_(UT) 38.93 111.95 39–28 11 (2) -15.7 6.9 -16.5 
Galisteo_Basin_(NM) 35.5 -106 39–28 0 (2) -11.8 24.1 -6.6 
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Great_Plains/Rocky_Mts 42.83 -101.7 35 11.5 (2) -9.8 17.3 -8.6 
Great_Plains/Rocky_Mts 43.66 102.66 35.8 11.5 (2) -8.1 17.0 -7.0 
Great_Plains/Rocky_Mts 41.6 103.11 31.25 11.5 (2) -9.2 18.2 -7.9 
Great_Plains/Rocky_Mts 41.7 103.34 31.25 11.5 (2) -8.6 18.2 -7.2 
Great_Plains/Rocky_Mts 42.92 103.49 34.5 11.5 (2) -10.6 17.5 -9.3 
Great_Plains/Rocky_Mts 42.77 103.56 30.3 11.5 (2) -10.5 17.5 -9.2 
Great_Plains/Rocky_Mts 42.76 105.01 35.5 11.5 (2) -10.9 17.8 -9.6 
Great_Plains/Rocky_Mts 42.71 105.37 31.25 11.5 (2) -12.8 17.8 -11.4 
Great_Plains/Rocky_Mts 42.64 106.76 35.65 11.5 (2) -13.3 19.2 -11.7 
Great_Plains/Rocky_Mts 42.76 107.56 32 11.5 (2) -16.6 20.3 -14.6 
Great_Plains/Rocky_Mts 42.58 108.29 32 11.5 (2) -16.9 19.1 -15.2 
Sage_Creek_Basin_(MT/ID) 44.76 112.55 38.8–32.0 10.8 (2) -17 2.8 -18.7 
Sierra_Nevada_(CA) 39.7 120.99 28.5  -14.3 *  
Sierra_Nevada_(CA) 39.85 120.35 28.5  -16.8 *  
Sierra_Nevada_(CA) 39.25 120.93 28.5  -13.2 *  
Sierra_Nevada_(CA) 39.46 120.49 28.5  -15.3 *  
Sierra_Nevada_(CA) 39.56 -120.5 28.5  -16.2 *  
Sierra_Nevada_(CA) 38.19 120.85 28.5  -10.6 *  
Uinta_Basin_(UT) 40.33 109.53 39–28 11 (2) -13.4 13.9 -12.7 
Wind_River_Range_(WY) 42.7 108.19 36.8–28.3 11.3 (2) -14.1 17.1 -12.9 
Wind_River_Range_(WY) 43.34 107.48 37.0–34.0 11.5 (2) -11.1 15.8 -10.2 
(1) Wolfe et al., 1997       
(2) Chase et al., 1998       
* Used reported δ18O as δ18Op      
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Chapter 3 
 
Refinement of Eocene lapse rates, fossil-leaf altimetry, and North American Cordilleran 
surface elevation estimates
3.1 Abstract 
Estimates of continental paleoelevation using proxy methods are essential for understanding 
the geodynamic, climatic, and geomorphoric evolution of ancient orogens. Fossil-leaf 
paleoaltimetry, one proxy approach, uses fossil-leaf traits to quantify differences in temperature 
or moist enthalpy between coeval coastal and inland sites along latitudes. These environmental 
differences are converted to elevation differences using their rates of change with elevation 
(lapse rate). Here, we evaluate the uncertainty associated with this method using the Eocene 
North American Cordillera as a case study.  To do so, we develop a series of paleoclimate 
simulations for the Early (~55 – 49 Ma) and Middle Eocene (49 – 40 Ma) period using a range of 
elevation scenarios for the western North American Cordillera.  
Simulated Eocene lapse rates over western North America are ~5 °C km-1 and 9.8 kJ km-1, 
close to moist adiabatic rates but significantly different from modern rates of temperature in the 
southwestern U.S. and rates of moist enthalpy across the entire western U.S. Further, using linear 
lapse rates underestimates high-altitude (> 3 km) temperature variability and loss of moist 
enthalpy induced by non-linear circulation changes in response to increasing surface elevation. 
Ignoring these changes leads to kilometer-scale biases in elevation estimates. In addition to these 
biases, we demonstrate that previous elevation estimates of the western Cordillera are affected by 
local climate variability at coastal fossil-leaf sites of up to ~8 °C in temperature and ~20 kJ in 
moist enthalpy, a factor which further contributes to elevation overestimates of ~1 km for Early 
Eocene floras located at the Laramide foreland basins and underestimates of ~1 km for late 
Middle Eocene floras at the southern Cordillera.   
We suggest a new approach for estimating past elevations by comparing proxy 
reconstructions directly with simulated distributions of temperature and moist enthalpy under a 
range of elevation scenarios. Using this method, we estimate mean elevations for the North 
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American Cordillera of ~2 km using proxy temperatures and ~3 km using proxy moist enthalpy. 
This discrepancy is likely related to an inconsistency between the proxy data for temperature and 
moist enthalpy. The combination of temperature and moist enthalpy estimates implies a warm 
and dry environment, which is inconsistent with geological evidence for humid conditions. Our 
study emphasizes that lapse rates in warm climate were likely much different than today’s, and 
highlights the advantages of using climate models to understand past climate states and regional 
circulation patterns to derive more accurate paleoelevation estimates using proxy temperature 
and moist enthalpy.  
3.2 Introduction 
The development of surface elevation informs our understanding of past geodynamic 
processes, regional climate patterns, and the distribution and evolution through allopatric 
speciation of ancient flora and fauna. Paleoaltimetry techniques have been widely used to 
constrain the surface uplift history of the North American Cordillera (e.g., Chase et al., 1998; 
Wolfe, 1998). Geological evidence suggests that this region was higher in the past, but how high 
and when the peak elevations were reached remains controversial (e.g., Sonder and Jones, 1999). 
Erosional dissection across the Rockies has long been viewed as evidence that Cordilleran uplift 
occurred during the Late Cenozoic (~10 Ma) (Graf, 1987). However, geophysical, tectonic, 
structural, and sedimentological evidence indicate that the crustal conditions necessary to support 
a high plateau existed across western North America during the late Cretaceous (~71 – 55 Ma) 
(DeCelles, 2004) and early Cenozoic (55 Ma to 28 Ma) (Chamberlain et al., 2012). 
Paleoaltimetry estimates based on stable isotopic compositions of soil and lacustrine carbonates, 
volcanic deposits, and organic materials support the presence of an early, high plateau and 
indicate that western North American Cordilleran may have been as high as 3 - 4 km during the 
Eocene (Mix et al., 2011; Chamberlain et al., 2012; Feng et al., 2013).  
       Studies using fossil-leaf paleoaltimetry indicate somewhat different elevations depending 
on whether temperature or moist enthalpy was used as an altimeter. Estimates using temperature 
suggest a high plateau with peak elevations ≥ 3 km across the Laramide foreland province but 
relatively low elevations in the hinterland region during the Early to Middle Eocene (~55 to ~40 
Ma) (Chase et al., 1998). Estimates using moist enthalpy, in contrast, yield elevations of ~3 km 
in the northern reaches of the Cordillera, but relatively low elevations (2 km) to the south 
(Wolfe, 1998). The discrepancies in the paleoelevation and topographic gradient of the 
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Cordillera estimated by fossil leaf altimetry confound our understanding of the tectonic history 
of the region. For example, peak elevations in the hinterland and a significant north-south 
topographic gradient, inferred from moist enthalpy, are consistent with the idea that high 
topography propagated from north to south with piecemeal removal of mantle lithosphere 
(Chamberlain et al., 2012). Alternatively, the occurrence of peak elevations in the Laramide 
foreland province, as indicated by temperature estimates, provides support for the idea that 
underthrusting of the oceanic plate beneath North American continental lithosphere and eastward 
propagation of basal décollement might have driven the uplift  (Decelles, 2004).  
Methods for reconstructing past surface elevations rely on proxies of environmental 
properties, such as fossil leaves, that can be related to surface elevation. Characteristics of fossil 
leaves including leaf size and margin, have been related to near-surface temperature and moist 
enthalpy, both of which vary as a function of surface elevation. Fossil-leaf altimetry uses the 
inferred temperature (e.g. Meyer, 2007) or moist enthalpy (e.g. Forest et al., 1999; Forest et al., 
2007) difference between two different fossil locations, in combination with modern or 
theoretical lapse rates, to calculate surface relief between the sites.  
  In previous studies that apply fossil-leaf altimetry, temperature lapse rates have typically 
been estimated by dividing surface temperature differences between two coeval sites at similar 
latitudes by their elevation offset, resulting in values of ~2 – 5 °C km-1 across the western U.S. 
(Wolfe et al., 1992). The moist enthalpy lapse rate has been taken to be 9.8 kJ km-1 based on the 
theoretical considerations of the conservation of energy within an air parcel (see Section 3.3.1, 
Forest et al., 1999). To estimate absolute surface elevations, coastal fossil sites have often been 
used to provide a sea-level reference (see review by Meyer et al., 2007).  
Uncertainties in fossil-leaf altimetry have been attributed to the interpretation and scoring 
of leaf characteristics. Leaf-climate relationships are calibrated from modern studies, and have 
uncertainties of ~2 – 5 °C (Forest, 2007; Miller et al., 2006; Peppe et al., 2011; Spicer et al., 
2005; Teodoridis et al., 2010; Wilf et al., 1997), and ~5.5 kJ from analytical uncertainty (Forest 
et al., 1999) and 13.4 kJ from combined analytical and leaf area bias uncertainty (Peppe et al., 
2010), equivalent to surface elevation uncertainties of ~0.5 – 1.4 km assuming modern global (5 
°C km-1) or theoretical (9.8 kJ km-1) lapse rates. Leaf-climate relationships, however, are 
weakened by the complicated responses of leaf physiognomy to the growing environment. For 
example, toothed margins of fossil leaves are usually related to temperature, but other factors 
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such as local water, plant type (deciduous vs evergreen and woody vs non-woody), leaf 
thickness, and wood type (ring-porous vs diffuse-porous) (Peppe et al., 2011; Royer et al., 2012) 
are also closely linked to this trait. To further complicate matters, leaf shape, size, and margin are 
shown to be controlled by phylogeny and may not maintain the same climate-leaf characteristics 
relationship in the past as present (Little et al., 2010). This complication could be alleviated 
through careful calibration of these relationships by incorporating phylogeny into the 
calculations (Peppe et al., 2011), a practice that has not been widely adopted. The scoring of leaf 
traits is another source of uncertainty. Estimates of leaf size, from which humidity and moist 
enthalpy are derived, can vary depending on the method of measurement (Peppe et al., 2010) and 
the classification system used (Wilf, 1998). Uncertainties in measured leaf size can lead to biases 
in the estimate of present-day North American elevations of up to 2 kms (Peppe et al., 2010).  
The temperature and moist enthalpy lapse rates used to translate proxy differences 
between sites to elevation estimates are another potential source of bias that have not been 
investigated. In the absence of a good alternative, most previous studies have used modern lapse 
rates (e.g. Chase et al., 1998; Ghosh et al., 2006; Wolfe et al., 1998). However, there is no reason 
to think that lapse rates have remained constant through time especially on regional scales. 
Different climate and topographic conditions can profoundly influence both temperature and 
moist enthalpy lapse rates. For example, in climate simulations with elevated CO2, the middle 
troposphere undergoes preferential moistening and warming, which weakens vertical 
stratification and giving rise to shallower lapse rates (Poulsen and Jeffery, 2011; Soden, 2005). 
Conversely, cold climates likely exhibit stronger tropospheric stratification and greater lapse 
rates. In addition, climate models simulate substantial changes in temperature and humidity due 
to Andean and Tibetan Plateau surface uplift. The uplift of southern Tibet leads to a regional 
increase of ~5 – 10 kJ in moist enthalpy (Boos and Kuang, 2010). Similarly, diabatic heating in 
response to Andean uplift enhances moisture convergence over the range (e.g., Feng et al., 2014; 
Insel, et al., 2009; Poulsen et al., 2010) and doubles the moisture content of local air masses 
(Insel et al., 2009) at high altitudes, leading to a potential reduction in temperature and moist 
enthalpy lapse rates. 
Similar complexities likely contribute to discrepancies in elevation estimates of the 
Eocene North American Cordillera between using fossil leaf temperature and moist enthalpy 
altimetry. In order to resolve these discrepancies, we re-evaluate and refine hypsometric 
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estimates using a global climate model. First, we explore differences between Eocene and 
modern lapse rates across the western U.S. using estimates from high-resolution modern 
observations and Eocene climate simulations. Then, we discuss possible biases in elevation 
estimates introduced by changes in local atmospheric circulation due to the uplift. Finally, we 
utilize our Eocene climate simulations to estimate elevations of the western North American 
Cordillera through a comparison of model simulations and proxy data. Differences in our 
estimates from published results are subsequently analyzed and discussed. 
3.3 Methods and data 
3.3.1 Calculation of moist static energy and moist enthalpy 
       The use of moist enthalpy to deduce past surface elevations was pioneered by Forest et al. 
(1995) with the assumption that under adiabatic conditions, and ignoring small changes in kinetic 
energy (≪ 1 %), the moist static energy of an air parcel is conserved. Moist static energy is 
defined as: 
MSE= Cp’T+Lvq+gH  (1) 
 
where Cp’ is the specific heat capacity at constant pressure of moist air; T (K) is the surface 
temperature (K); Lv (J kg-1) is the latent heat of evaporation for temperatures between 238 and 
308 K (List, 1984); q is the specific humidity (kg/kg); g (9.8 kg m s-2) is the gravitational 
acceleration and H (m) is altitude. In (1), the specific heat capacity for moist air is calculated as: 
Cp’=Cp(1-q)+Cwq  (2) 
where Cw and Cp are the specific heat of liquid water (4190 J kg-1 K-1) and dry air (1004 J kg-1 K-
1).  
       The moist static energy of an air parcel is equal to the sum of its moist enthalpy (ME) and 
and gravitational potential (gH). The ME is defined as: 
ME = Cp’T + Lvq   (3) 
If MSE is conserved, the change in ME (ΔME) is equal to the change in gH (ΔgH, ΔMSE = 
Δ(ME + gH) = 0). This relationship can be rewritten as the lapse rate of moist enthalpy (-
ΔME/ΔH): 
-ΔME/ΔH = g       (4) 
which is equivalent to 9.8 °C km-1.     
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       The conservation of moist static energy implies that thermo-dynamic changes to an air 
parcel during lifting are purely adiabatic, an assumption that is not met under many 
circumstances. At any given location, the moist static energy is determined by the net energy 
transport and radiation flux. These fluxes sum to zero if averaged over a sufficiently large region 
and through the atmospheric column. However, the conservation is not always met locally within 
the lower troposphere where the paleoelevation is of research interest.    
3.3.2 Moist adiabatic lapse rate 
         The moist adiabatic lapse rate is another atmospheric characteristic that can be potentially 
exploited by fossil-leaf paleoaltimetry. Present-day zonal mean tropospheric temperature lapse 
rates are nearly moist adiabatic within tropical (Xu and Emanuel, 1989) and extratropical regions 
during wet seasons (Schneider and O’Gorman, 2008). We compare simulated Eocene 
temperature-elevation distributions with those predicted by moist adiabatic lapse rates in order to 
understand whether these theoretic lapse rates are applicable to paleoaltimetry of the Eocene 
North American Cordillera. The derivation of moist adiabatic temperature lapse rates requires 
stricter assumptions than derivation of moist enthalpy lapse rates, including that cooling and 
condensation is both adiabatic and unidirectional and that all condensation is immediately 
removed from the parcel. The moist adiabatic lapse rate (Γs) can be calculated using the equation 
(Holton, 2004): 𝛤! = !!! [!!!!!!/!"][!!!!!!!!/(!!!!!)]      5) 
where ε here is the ratio of molecular weight of water to that of dry air and qs is the saturation 
specific humidity; R=287 J kg-1 K-1 is the gas constant. Typical values of Γs are between 4 and 5 
°C km-1 in warm and humid environments. Calculation of Γs requires knowledge of T and qs at 
the condensation level. These values are prescribed as averages at an elevation of 1 km above the 
sea-level using ensemble Eocene simulations. At this elevation, all cases display relative 
humidity > 90 % across the Cordilleran region.   
3.3.3 GCM experimental design 
We developed a series of Eocene simulations, using ECHAM5, for two purposes: (i) to 
evaluate lapse rates under past climate conditions, and (ii) to compare simulated temperature and 
moist enthalpy with fossil leaf estimates as a means to identify likely elevation conditions for the 
Eocene fossil-leaf reconstructions. ECHAM5 is a global three-dimensional atmospheric general 
circulation model (Roeckner et al, 2003). The atmospheric model is configured with 19 vertical 
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levels and a spectral triangular truncation of 106 horizontal waves (~1° horizontal grid spacing). 
All simulations include early Eocene boundary conditions and fixed sea-surface temperatures 
(SSTs). Eocene paleogeography and topography are based on reconstructions from Scotese et al 
(1998) and Bice et al. (2000), and the vegetation distribution is from Sewall et al. (2000). 
Sedimentary and stratigraphic evidence suggests that the foreland region of the Cordillera was 
occupied by numerous closed basins that at times contained large lakes (Dickinson et al., 1988). 
These basins are represented in our simulations with low elevations of 0.5 km and a lake fraction 
of 50% (Figure	   14). Atmospheric CO2 is specified as 1120 ppm, consistent with proxy 
reconstructions (Beerling and Royer, 2011). Atmospheric N2O and CH4 are set to present-day 
values of 306 ppb and 1.65 ppm. Monthly SSTs were calculated using the procedure described in 
Feng et al. (2013), which consists of 1) using ECHAM5 with a slab ocean model and present-day 
observational ocean heat flux to estimate the zonal distribution of SST, and 2) then adjusting the 
resulted meridional SST distribution to replicate the reconstructed meridional gradient of Eocene 
SSTs (See Figure 1. in Feng et al., 2013).  
Our simulations differ only by the prescribed heights of the North American Cordillera. 
The Cordilleran hinterland is represented as an ellipsoidal plateau with the peak elevation raised 
incrementally from 1 to 4 km at 0.5 km intervals (Figure	  14). The spatial extent of the hinterland 
is prescribed based on the distribution of stable isotopic compositions of oxygen (δ18O) and 
hydrogen (δD) in authigenic minerals and organic materials (Chamberlain et al., 2012; Mix et al., 
2011). Sharp spatial gradients in δ18O and δD are typically interpreted to result from isotopic 
rainout during orographic precipitation, and as a result signify topographic gradients. Strong 
Eocene isotopic gradients are found along slopes of the northern Sierra Nevada (~25 ‰ in δD) 
(Mulch et al., 2006) and between the Yellowstone region and central Wyoming (~8 ‰ in δ18O) 
(Sjostrom et al., 2006). Based on these gradients, the western boundary of the Eocene 
Cordilleran hinterland in the model is placed along the Sierra Nevada Mountains and eastern 
boundary along the central Rockies and roughly follows the Cordilleran thrust belt to the south. 
All experiments were run for 20 model years and reach equilibrium within the first 5 years. 
Model results are reported as averages of the last 15 years. No apparent trends (<0.03 °C/decade) 
in global mean land surface temperature are detected over this period. An additional simulation 
with present-day boundary conditions was also conducted in order to evaluate model skill in 
simulating temperature and moist enthalpy across the modern western U.S. 
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Figure 14 Prescribed western North American elevations (km).  
The North American Cordillera is systematically raised from a maximum elevation of 1 to 4 km 
in 0.5 km intervals (a-g). Foreland basins east of the Cordilleran hinterland are 0.5 km high and 
have a 50% lake fraction. 
ECHAM5 was chosen for this study because it exhibits reasonable skill in simulating 
many aspects of modern and Eocene North American climate including the distribution of 
modern precipitation over western North America (Cook et al., 2008; Salathé, 2006) and the 
strength and location of the Aleutian low and the storm track over the Pacific Northwest 
(Salathé, 2006). In addition, ECHAM5 simulates Eocene temperature and precipitation patterns 
in agreement with the majority of flora-based mean annual temperature and precipitation 
reconstructions across lowland western North America (Appendix B1, and Feng et al., 2013) and 
with previous modeling results using a high-resolution (50 km) regional climate model (Sewall 
and Sloan, 2006). The model underestimates precipitation amounts derived from early Eocene 
paleofloras across low elevation regions (Wilf et al., 1998), a bias also noted in other modeling 
studies (Sewall and Sloan, 2006).  
3.3.4 Calculations of modern and Eocene lapse rates  
We calculate and compare lapse rates of surface temperature and moist enthalpy from 
Eocene simulations and modern observations. Lapse rates are determined as the slopes of the 
least square regression between either surface temperature or moist enthalpy and elevation at 
locations of observations and simulations. The uncertainty is reported as the 95% confidence 
interval of the slope. All results are calculated using mean annual climatologies. 
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Simulated lapse rates are derived from mean-annual 2-m temperature and moist enthalpy 
at each model grid point. Modern lapse rates of temperature are calculated from station 
observations of at least two years in duration, of which there are a total of 2002 across the 
western continental U.S. (34 °N to 49 °N, west of 104 °W) (http://www.ncdc.noaa.gov/cdo-
web/). Previous estimates of temperature lapse rates were calculated by dividing differences 
between individual inland and coastal stations along latitudes by their elevation differences 
(Wolfe, 1992). The application of high-resolution observational data allows refinement of these 
lapse rates over a continuous space. Due to the small number of stations (38) with complete 
observational records of all the parameters (surface temperature, dew point and pressure) 
required to calculate moist enthalpy, moist enthalpy lapse rates are calculated using the Modern 
Era Retrospective-analysis for Research and Applications (MERRA) data (Rienecker et al., 
2011). Co-located surface elevation values are estimated by bin-averaging 10’ USGS elevation 
data (derived from the 30” GTOPO30 dataset, US Geological Survey) into the MERRA grid 
(0.5° grid spacing). We calculate moist enthalpy using 33-yr mean annual climatological 
averages (1979-2011). We have also estimated lapse rates using the North American Regional 
Reanalysis data (Mesinger et al., 2006). The results are similar for both reanalysis data. For 
simplicity, only the MERRA results are reported here.  
Lapse rates of temperature and moist enthalpy are reported for three regions including: 
the western coastal region (Figure	   15, red filled circles), the central Basin and Range and 
Columbia Basin region (Figure	   15, cyan filled circles), and the eastern Rocky Mountain and 
Colorado Plateau area (Figure	  15, green filled circles). 
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Figure 15 Locations of climate stations in the NCDC database (small filled circles) and Eocene 
fossil sites (large filled circles).  
Modern observations are grouped into three sets according to different topographic conditions 
(red filled circles: coastal; cyan filled circles: Columbia Basin and Basin and Range; green filled 
circles: Rocky Mountains and Colorado Plateau). Gridded MERRA data are grouped into the 
same groups using the same latitude and longitude boundaries. Eocene sites (black filled circles) 
are complied from Chase et al. (1998) and Wolfe et al. (1998).  
 
3.3.5 Lapse rate-independent paleoaltimetry  
We estimate Eocene North American Cordilleran elevations by directly comparing proxy 
reconstructions of mean-annual temperature and moist enthalpy with values from each of our 
Eocene simulations. Our hypsometric estimates are the heights in the model at which simulated 
mean-annual temperature and moist enthalpy match those derived from fossil leaves. This 
approach has the distinct advantage of taking into account non-linear variations in temperature 
and moist enthalpy associated with uplift-induced circulation changes, which is overlooked when 
adopting the traditional fossil-leaf altimetry method based on using linear lapse rates. 
Hypsometric estimates are derived for three zonal transects centered at 42, 44, and 47 °N. 
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Simulated temperature and moist enthalpy are averaged over 5° latitudinal swaths for each 
transect. Proxy temperature and moist enthalpy are binned into these transects by proximity.  
3.4 Results 
3.4.1 Modern and Eocene lapse rates of temperature and moist enthalpy  
Modern lapse rates of temperature and moist enthalpy display distinct spatial variability 
across the western continental U.S. (Figure	  16 and Table	  3). Temperature lapse rates are close 
to moist adiabatic rates (~4 - 5 °C km-1) in the humid northern and central regions but approach 
the dry adiabatic rate (9.8 °C km-1) in the semi-arid southwestern U.S. Lapse rates in this region 
are much higher than the ~3 °C km-1 lapse rate reported by Wolfe (1992). This difference arises 
from the fact that lapse rates in Wolfe (1992) were estimated using California coastal 
temperatures (~13 - 16 °C from 33 to 38 °N), which are ~10 °C colder than low elevation 
continental interior temperatures (Figure	  16b and c).   
 Moist enthalpy lapse rates (Figure	  16 and Table	  3) over the western U.S. are lower than 
the theoretical lapse rate (9.8 kJ km-1, Section 3.3.1), indicating that moist static energy is not 
strictly conserved and increases at high altitudes. The budget of moist static energy is determined 
by the net radiative flux and transport of moist static energy. Spatial variations in net surface 
radiative flux across the western U.S. are quite small (< 5 W/m2, based on MERRA data). 
Consequently, the additional moist static energy comes from energy transport. The climatologic 
mean meridional circulation shows net northward transport of tropical air masses with high moist 
static energy towards high altitudes of the Cordillera (Figure	  17a). This additional input of moist 
static energy increases the high-altitude moist enthalpy and lowers the moist enthalpy lapse rate.     
 ECHAM5 simulates reasonable elevation distributions of present-day temperature 
(Appendix B2A-C) and moist enthalpy (Appendix B2D-F) across the western U.S. (compare 
Appendix B2 to Figure	  16). Simulated present-day lapse rates are close to observed rates (Table	  3). The model underestimates temperature lapse rates across the Coastal Range and Sierra 
Nevada Mountains most likely because it does not adequately resolve the sharp topographic 
gradients across these ranges. This bias may be smaller in our Eocene simulations, since the 
Western Cordillera is thought to have been broader during the Eocene (DeCelles, 2004), and 
therefore, is better resolved in the model. 
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Figure 16 Observed modern temperature (T, left) and moist enthalpy (ME, right) versus 
elevation (Z).  
a-c) Mean-annual 2-m air temperature and elevation across zonal swaths at a) 47 ± 2 °N, b) 42 ± 
3 °N, and c) 36 ± 3 °N. d-f) Mean-annual moist enthalpy and elevation across the same zonal 
swaths. Locations are indicated by color-coding and correspond to the regions indicated in 
Figure 15 for both temperature and moist enthalpy. 
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Table 3 Modern and Eocene lapse rates of terrestrial temperature and moist enthalpy calculated 
from observations and simulations across each transect of the North American Cordillera. 
 
 
Modern 
Observed lapse rates 
Northern Cordillera Central Cordillera Southern Cordillera 
Temperature (°C 
km-1) 
4.0 ± 0.4 4.1 ± 0.3 6.8 ± 0.2 
Moist enthalpy 
(kJ km-1) 
7.1 ± 0.5 7.8 ± 0.3 8.4 ± 0.3 
 Simulated lapse rates 
Temperature (°C 
km-1) 
3.9 ± 1.2 3.7 ± 1.5 7.2 ± 1.6 
Moist enthalpy 
(kJ km-1) 
7.3 ± 1.1 8.1 ± 0.8 8.4 ± 0.8 
 
Eocene 
Simulated lapse rates 
Northern Cordillera  
(47 ± 2 °N) 
Central Cordillera 
(42 ± 2 °N) 
Southern Cordillera 
(36 ± 3 °N) 
Temperature (°C 
km-1) 
4.8 ± 0.2 4.9 ± 0.2 5.1 ± 0.3 
Moist enthalpy 
(kJ km-1) 
10 ± 0.3 10.7 ± 0.3 11.6 ± 0.3  
 
 Simulated Eocene lapse rates differ significantly from modern rates (Table	   3). Eocene 
ensemble lapse rates of temperature and moist enthalpy are nearly invariant for the northern, 
central, and southern transects of the Cordillera and are close to the adiabatic lapse rates (Figure	  18a-b, red lines for temperature (section 3.3.2) and 9.8 kJ km-1 for moist enthalpy (section 
3.3.1)). The differences between modern and Eocene lapse rates reflect changes in the mean 
climate and topography. Under warm Eocene conditions, the southern transect has greater low-
level humidity, a source of latent heat, leading to lower temperature lapse rates than under the 
modern semi-arid conditions in the same region. In contrast, enhanced Eocene moist enthalpy 
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lapse rates are associated with a reduction in the influence of meridional energy transport due to 
1) a shallowing of the meridional gradient of moist static energy in the Eocene resulting from a 
shallower meridional SST gradient, which reduces the effect of energy transport; and 2) blocking 
of meridional airflow due to the higher elevations of the Cordillera, which reduces the transport 
by airflow (Figure	  17b).  
 
 
Figure 17 Simulated mean annual moist static energy (shaded) and circulation (vectors) averaged 
between 110 and 120 °W. 
(a) modern and (b) Eocene North American Cordillera.  White regions represent topography. 
 
3.4.2 Uplift-induced circulation change at high latitude 
        Simulated Eocene temperature and moist enthalpy vary considerable from the means for 
specific elevations, as indicated by the width of the boxplots  (Figure	   18).The ranges of 
simulated temperature and moist enthalpy tend to be high but invariant across  low-elevation 
region (≤ 2 km), which primarily reflects the strong coastal variability of temperature and moist 
enthalpy, resulting from active convective mixing associated with strong orographic precipitation 
. Substantial data spread also occurs at high altitudes (≥ 3 km) in our Eocene high-elevation 
cases.  Above 2.5 km, spreading of temperature and moist enthalpy from their elevation means 
increases with height and reach ~8 °C and 8 kJ in the 4-km case (Figure	  18, note the increase in 
width of box plots with elevation). These deviations highlight the non-linear responses of 
temperature and moist enthalpy to increasing Cordilleran elevations, and the uncertainty inherent 
in assuming a constant lapse rate. These high altitude deviations can be linked to two distinctive 
aspects of uplift induced circulation changes: 1) the warming and influx of moist static energy 
due to development of the paleo-North American Monsoon at the leeward side of the Cordillera; 
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and 2) the cooling and loss of moist static energy due to intensification of mountain gravity 
waves.  
  
 
Figure 18 Simulated mean-annual Eocene temperature (top) and moist enthalpy (bottom) versus 
elevation for all prescribed-topography experiment.  
Black lines are least-square regressions. Thick dashed lines in (a-b) depict temperature changes 
following the moist adiabatic lapse rates calculated according to section 3.3.2. To identify spatial 
variability of lapse rates, the North American Cordillera region is separated into northern (47 ± 2 
°N, top) and southern (42 ± 2 °N, bottom) regions. Boxplots are overlaid to display the spread of 
data at each elevation (25th, 50th, 75th: data ranks; IQR: interquantile range). Both alpine 
temperature and moist enthalpy increasingly spread away from linear regressions with elevations 
≥ 3 km. 
 
Monsoonal circulation is largely absent in the low-elevation cases (< 3 km), but becomes 
prominent on the leeside of the Cordillera in the high-elevation cases. The development of 
leeside monsoonal circulation in response to the uplift has been observed by previous studies 
(Sewall and Sloan, 2006; Feng et al., 2013). This monsoonal circulation brings warm tropical air 
from the Gulf of Mexico to the high altitudes of the eastern Cordillera, leading to significant 
warming at alpine sites. Without a priori knowledge of this warming effect, proxies that capture 
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this warming are likely to be interpreted as having existed at lower elevations than they actually 
were. In fact, using a simulated mean Eocene lapse rate of 5 °C km-1 results in elevation 
underestimates by ~1 km at the eastern flank of the Cordillera in high elevation (≥ 3 km) cases 
(Figure	  19a-c). 
 Similar to the monsoonal circulation, mountain gravity waves intensify in high-elevation 
(> 3 km) cases as signified by 500-hPa vertical velocities, which are similar and weak in low 
elevation cases, but become strong in high elevation cases. The vertical velocities indicate strong 
subsidence above the plateau, and oscillate between positive and negative values in the 
downwind direction (Figure	   19g-i), characteristics of the wave trajectory. Mountain gravity 
waves are known to affect vapor δ18O lapse rate by downward mixing of air parcels above high 
topography (Galewsky, 2009; Poulsen and Jeffery, 2011; Feng et al., 2013). Likewise, enhanced 
subsidence above the plateau (Figure	   19g-i) promotes downward mixing of upper-level air 
parcels low in moist enthalpy, causing high altitude depletion of moist enthalpy in our 
experiments and a depression of the moist enthalpy. The use of the theoretical lapse rate (9.8 kJ 
km-1), without considering this circulation change, leads to overestimate of paleoelevations by up 
to ~1 km (Figure	   19d-f). This result suggests stronger elevation biases using moist enthalpy 
altimetry at high elevations (> 3 km) than using temperature altimetry in the western and central 
regions of the Cordilleran plateau . In the process of air mass mixing, moist enthalpy is more 
sensitive to changes in humidity, while humidity changes only affect temperature through 
condensation, typically small amount in the alpine regions. As a result, drying resulted from 
downward mixing of air masses degrades the accuracy of moist enthalpy altimetry more than 
temperature altimetry.  
 Uplift-induced circulation changes, including mountain gravity waves and leeward side 
monsoonal circulation, are overlooked in previous studies of fossil-leaf paleoaltimetry (and other 
types of paleoaltimetry). Although these changes mainly occur when the plateau rises above a 
critical elevation (~3 km in our case), without prior knowledge of the height of the Cordillera, it 
is precarious to rule out this possibility and adopting any linear lapse rates.  
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Figure 19 (a-f) Elevation biases resulting from assuming a linear lapse rate of 9.8 kJ km-1 for 
moist enthalpy and 5 °C km-1 for temperature.  
The bias is measured as the departure from the prescribed elevations, i.e., negative values 
indicate underestimates and positive overestimates. (g-i) Zonal distribution of the vertical motion 
at 500 hPa. The pressure velocity is multiplied by -1 to have negative values indicate subsidence 
and positive values indicate upward motion. Error bars on each point represent the full range of 
values across the meridional extent of 5° latitude of each transect centered at 42 °N, 44 °N and 
47 °N.  
 
3.4.3 Lapse rate-independent elevation estimates using Eocene climate simulations 
       To avoid biases in paleoelevation estimates due to changing climate states and uplift-
induced circulation changes, we derive elevation estimates based on the direct comparison 
between our paleoclimate simulations and proxy reconstructions of temperature and moist 
enthalpy (Section 3.3.4). Using this method, simulated temperatures match proxy values when 
prescribed maximum elevations are between 1.5 to 2 km for the northern Cordilleran hinterland 
and between 2 to 2.5 km for the central and southern Cordilleran hinterland (Figure	  20a - c). In 
contrast, the match between simulated and proxy moist enthalpy occurs for a Cordillera with 
maximum elevations of 3 to 3.5 km across Cordilleran hinterland of all transects (Figure	  20d - 
f).  
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 The estimates of maximum elevation derived from temperature and moist enthalpy 
comparisons differ by ~1 km. Even for lowland sites, elevation estimates from proxy moist 
enthalpy are generally higher than those based on temperature.  
3.5 Discussion  
3.5.1 Paleoelevation biases across the Eocene Cordillera from proxy reconstructions of 
temperature and moist enthalpy and model biases  
3.5.1.1 Inconsistent paleoelevation estimates from temperature and moist enthalpy 
altimetry 
  The lower elevation (~1 km) from temperature altimetry relative to moist enthalpy 
altimetry as shown in Figure	   20 could be related to either model or proxy biases. Simulated 
temperatures match the low-elevation proxy temperatures reasonably well (Appendix B1). Yet, 
the model may overestimate alpine cooling rate indicated by fossil leaves. This overestimate 
could be associated with underestimates of precipitation (Appendix B1) due to the neglect of 
climate forcing factors (for example, Poulsen et al. (2015) has recently reported that variations in 
atmospheric oxygen concentrations may influence precipitation rates). This underestimates 
indicate overall sluggish hydrological regional hydrological cycle in our simulations. A more 
active hydrological cycle would lead to warmer alpine temperatures due to latent heating from 
condensation. However, stronger hydrological cycle also increases alpine humidity, and the 
associated moist enthalpy. Consequently, underestimates of strength of  hydrological cycle only 
have limited effect on reconciling current elevation discrepancy between temperature and moist 
enthalpy altimetry estimates.  
  Alternatively, the proxies themselves could be inconsistent. This is shown by estimating 
surface humidity (q) from proxy temperature (T) and moist enthalpy (ME) using equation (3) 
(ME = Lq + CpT). At fossil sites on the Cordilleran plateau, proxy moist enthalpy estimates are 
between 295 to 300 kJ and temperatures between 10 to 12 °C (Figure	  20). From equation 1, we 
estimate alpine specific humidity to be between 4.3 and 5.5 g/kg. These estimates are 
comparable to MERRA observations for the present-day western U.S. (3.7 – 5.3 g/kg, 33 - 49 
°N, 112 – 103 °W) and are systematically lower than simulated specific humidity values on the 
Eocene Cordillera at elevations of 1 to 3.5 kms. Notably, these estimates are inconsistent with 
annual rainfall abundances reconstructed based on multi-regression analysis of data using the 
climate leaf analysis multivariate program (CLAMP) (Wing and Greenwood, 1993; Gregory and 
Chase, 1992) and leaf area analysis (Wilf et al., 1998), and with the presence of conifer forests in 
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central Idaho (Erwin and Schorn, 2005), northeastern Nevada (Axelrod and Bailey, 1969), 
southern British Columbia, and northeastern Washington (Greenwood et al., 2005), all of which 
indicate a humid alpine environment in the early Eocene.  
 A more humid alpine environment requires a higher moist enthalpy than indicated by 
proxy estimates given current proxy temperature. Proxy estimates may in fact underestimate 
these quantities; Peppe et al. (2010) show that traditional categorical measurement methods 
underestimate leaf areas, which are used to infer temperature and moist enthalpy. This bias 
results in greater underestimates of moist enthalpy than temperature based on present-day 
CLAMP climate-leaf traits dataset (13 kJ versus 3 °C in Figure 3 of Peppe et al., 2010). Similar 
biases may also be applicable to Eocene fossil leaves, resulting in greater underestimates of 
Eocene moist enthalpy across the western North America than temperature, and apparent dry 
environment indicated by these proxy estimates.  
3.5.1.2 Elevation underestimates due to limited model resolution 
Another source of bias in elevation estimates of Eocene North American Cordillera arises 
from the comparison of relatively coarse resolution climate model results with sparse fossil 
floras. This bias may lead to overall elevation underestimates by both temperature and moist 
enthalpy altimetry using our climate simulations. Fossil floras are mostly found within basins 
that tend to be lower, warmer and moister than their alpine surroundings. Our simulations do not 
capture these fine-scale topographic conditions. Therefore, the assumption (by us and previous 
workers) that fossil floras record mean alpine environments may lead to an underestimate of the 
broad-scale elevation. Future high-resolution reconstructions and the development of additional 
fossil floral sites will refine these elevation reconstructions. 
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Figure 20 Zonal distribution of proxy and simulated Eocene temperature (left, a-c) and moist 
enthalpy (right, d-f) at inland sites.  
Simulated-values represent 5° zonal averages across the Cordillera for each elevation scenarios 
centered at 47 °N (top), 44 °N (middle) and 42 °N (bottom). Proxy records are mapped to each 
transect based on proximity and are colored and shaped by age. The error bars on the proxy 
temperature records depicts the ranges of estimates compiled from Gregory and Chase, (1994), 
Povey et al., (1994), Wing and Greenwood, (1993), Greenwood and Wing, (1995), and Chase et 
al., (1998). 
 
3.5.2 Comparison of paleoelevation estimates for the North American Cordillera 
 Our elevation estimates based on our Eocene simulations differ from previous 
reconstructions using lapse rates of temperature and moist enthalpy in two ways. First, our 
estimates using proxy temperatures are systematically lower than previous estimates by up to 2 
km at Cordilleran foreland sites (Figure	  21). Second, we find high elevations of 2-3 km along 
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the Western Cordillera and lower elevations of 1-2 km in the foreland basins to the east across 
eastern Montana and Wyoming (Figure	   21). This topographic gradient is absent in previous 
studies.  
 
Figure 21 Comparison between published paleoelevation estimates (filled markers) and our 
estimates based on Eocene climate simulations (hollow markers) using temperature (left column, 
a - c) and moist enthalpy (right column, d - f) altimetry.  
Proxy estimates of temperature and moist enthalpy are colored and shaped by age. The locations 
of maximum topography are indicated by the rectangular boxes, corresponding to estimates from 
previous studies (red) and in this study (blue). Thick dash lines indicate the longitudinal range of 
the Laramide foreland province.  
  
 There are several reasons for these differences. First, previous hypsometric estimates 
assumed a temperature lapse rate of 3 °C km-1 (Wolfe, 1998) that is lower than that the lapse 
rates (~5 °C km-1, Table	  3) simulated in our runs. The higher lapse rates in our simulation lower 
hypsometric estimates by up to ~1.3 km. Second, our estimates are derived from direct 
comparisons between simulations and proxy values at inland sites, while previous estimates were 
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based on temperature and moist enthalpy differences between coastal and inland sites. This latter 
approach assumes that temporal climate variability along the coast is representative of inland 
sea-level conditions at equivalent latitudes. However, modern observations (Figure	   16) and 
Eocene reconstructions do not support this assumption. Proxy mean values of coastal 
temperature and moist enthalpy are 18.8 °C and 325.4 kJ from Early to late Middle Eocene (~15 
Million years), approximately 5 °C and 13 kJ lower than Early and middle Middle Eocene values 
and higher by 3 - 4 °C and ~12 kJ than late Middle Eocene values (Figure	  22). Among inland 
sites of similar latitudes, proxy temperature and moist enthalpy are similar during the Early to 
Middle Eocene and do not exhibit large temporal variability. This strong climate contrast 
suggests a discontinuity between the Pacific coast and continental interior, which may result 
from the insulation of climate influences from the Pacific by the North American Cordillera 
barrier. Alternatively, the lack of inland climate variability may be explained by compensating 
elevation changes. For this explanation to hold, the inland sites must have all experienced the 
same elevation adjustments, i.e., uplift from the early to early middle Eocene, subsidence from 
the early to middle Middle Eocene, and uplift again in the late Middle Eocene, in order to 
counteract the coastal cooling, warming (increasing moist enthalpy), and cooling (lowering of 
moist enthalpy) during the Early to late Middle Eocene. This multiphase elevation adjustment of 
the Eocene Cordillera is unsupported by geological evidence.  
 The use of Eocene coastal temperature and moist enthalpy records, with large variability 
that is not representative of continental interior conditions, significantly biases the North 
American paleoelevation estimates. We estimate these elevation biases using mean coastal 
temperature and moist enthalpy values recorded by Early to Middle Eocene fossil leaves and 
simulated Eocene temperature and moist enthalpy lapse rates (5 °C km-1 and 10 kJ km-1) across 
the western North America. These lapse rates are applicable for low- and moderate-elevation 
scenarios for the Eocene North American Cordillera (≤ 3 km) (Figure	  18), including most of our 
elevation estimates of the Cordillera (Figure	  21).  
The coastal warming (~5 °C) and high moist enthalpy (~13 kJ) lead to ~1 - 1.3 km 
elevation overestimates for the early Eocene and middle Middle Eocene proxies. The cooling (3 - 
4 °C) and low moist enthalpy leads (~12 kJ) to ~0.6 - 1.2 km underestimates for the late Eocene 
proxies. Removing these biases would decrease elevation estimates in the foreland basins where 
Early to early Middle Eocene reconstructions reside (Figure	  21a-c, f) and increase estimates in 
	  86 	  
the central and southern Cordillera for the late Middle Eocene (Figure	   21c, e-f), revealing a 
topographic gradient of ~1 – 1.5 km between the Cordillera and the Laramide foreland basins. 
This topographic gradient is consistent with authigenic mineral δ18O reconstructions with strong 
depletion across the central Rockies (Sjostrom et al., 2006; Fan et al., 2014) and relatively 
enriched values from the foreland basins (Fan and Dettman, 2009).        
 
 
Figure 22 Temporal evolution of fossil leaf temperature (red) and moist enthalpy (blue) at coastal 
(stars) and inland sites (filled circles).  
The sizes of the filled circles indicate the longitudes of the sites and increase eastward from the 
Pacific coast. The inland sites with the same marker size are from the same longitude, and have 
similar continentality (similar distance from the coast). It can be seen that inland sites of similar 
longitudes have roughly invariable temperature and moist enthalpy during the Early to Middle 
Eocene.  
 
3.5.3 Implications for paleoaltimetry using fossil leaf characteristics 
 A common practice in fossil-leaf paleoaltimetry is to use modern lapse rates as 
approximations for paleo-lapse rates. Our experiments do not support this practice. Similar to our 
Eocene case, in the past greenhouse climates, enhanced saturation state of the lower troposphere 
and reduced meridional heat transport by shallow tropospheric thermo-gradient likely vary the 
lapse rates away from modern but approaching the adiabatic lapse rates. In contrast, in colder 
and drier, more modern-like climates, temperature lapse rates are likely higher due to steeper 
cooling rate of dry air, and moist enthalpy lapse rates shallower, due to meridional heat transport 
to higher latitudes. Likewise, tropospheric lapse rates of stable oxygen and hydrogen isotope 
compositions of meteoric water are shown to be higher in greenhouse climates than icehouse 
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(e.g. Poulsen and Jeffrey, 2011). As a result, changes in these lapse rates between climate states 
must be considered when applying lapse rates to proxies including fossil leaves, clumped isotope 
ratios, or stable oxygen and hydrogen isotope compositions.  
 Apart from climate states, temperature and moist enthalpy distributions are strongly 
influenced by non-linear regional circulation responses to the uplift. These circulation responses, 
including the mountain gravity waves and monsoonal circulation shown in our study, likely also 
occur during the uplift of other orogenic regions, such as the Tibet (Boos and Kang, 2010) and 
Sierra Nevada (e.g. Galewsky, 2009). Previous paleoaltimetry studies assuming modern (e.g. 
Ghosh et al., 2006) or simplified theoretical lapse rates (Wolfe et al., 1997; Spicer et al., 2003) 
may need to be re-visited by taking into account lapse rates and circulation responses to 
changing climate, and elevation conditions.  
 In addition, the temporal climate variability between the coastal and inland sites is likely 
different across regions with significant topographic barrier, such as Eocene western North 
America, and present-day Tibet-India subcontinent. As a result, coastal climate variability should 
not be included in paleoaltimetry estimate unless strong correlations in proxy inland and coastal 
reconstructions are identified.  
 In sum, as we have shown in this study, large methodological uncertainties in 
paleoelevation estimates are expected from using simplified relationships between climate 
variables (temperature and moist enthalpy) and elevation across climatic and topographic 
complex regions such as the Eocene North American Cordillera. Climate models are key to 
constrain these uncertainties, and should be adopted by future paleoaltimetry studies.  
3.6 Conclusions 
       Temperature and moist enthalpy are thermodynamical attributes commonly used to infer 
past elevations from proxy archives. The lapse rates of these attributes are dependent on the 
background state of the climate. Under the warm and moist conditions of the early Cenozoic, the 
mid-latitude lapse rates were similar to present-day tropical lapse rates (Xu and Emanuel, 1989) 
due to reduced lower-tropospheric drying and large-scale meridional mixing. Both processes are 
more pronounced in present-day relatively dry climate with stronger meridional gradients of 
temperature and moisture.   
 On the basis of a comparison of fossil leaf and simulated early Eocene temperature and 
moist enthalpy, we estimate paleoelevations for the Eocene western North American Cordillera 
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and the adjacent Laramide foreland basins of ~2-3 km and ~1-2 km, respectively. The 
topographic gradient between the Cordillera and Laramide foreland basins is absent in previous 
fossil-leaf altimetry estimates, but occurs in our estimates and independent estimates using stable 
isotope paleoaltimetry (Mix et al., 2011; Feng et al., 2013). These differences are likely due to 
two factors: First, simulated Eocene temperature lapse rates (~ 5 °C km-1) are significantly 
higher than previously assumed, accounting for elevation differences of ~1 km. Second, large 
temporal variations in coastal proxy temperature and moist enthalpy during the Early to Middle 
Eocene, which are absent at inland sites, were included in previous elevation reconstructions, 
accounting for a further ~1 km elevation bias.     
       Our elevation estimates, using temperature and moist enthalpy, disagree by ~1 km. The 
higher range of estimates, using moist enthalpy, are close to stable isotope based estimates (Mix 
et al., 2011; Feng et al., 2013), but the lower range, using temperature, is systematically lower by 
1 - 2 km. This disagreement likely arises from the proxy reconstructions of temperature and 
moist enthalpy, which seem to be incompatible. Specific humidity derived from these 
reconstructions imply surprisingly semi-arid conditions, similar to modern, across the Cordillera 
during the Early to Middle Eocene, which are inconsistent with humid conditions indicated by 
fossil evidence of abundant alpine forests and proxy estimates of high precipitation rates.  
      Our results illustrate the danger of estimating paleoelevation using modern lapse rates. 
We find that lapse rates vary significantly between climate states. And distributions of paleo-
altimeters, including both temperature and moist enthalpy, do not always follow linear lapse 
rates but are sensitive to moisture, circulation and topographic conditions. Ignoring changes of 
these conditions result in kilometer-scale elevation bias over the Eocene North American 
Cordillera and may lead to even larger biases over orogenic regions (such as Tibet) that are 
thought to have more substantial changes in elevation and climate in the past. 
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Appendix B 
 Appendix B1 
 Comparison between simulated (bold font) and proxy (regular font) surface 
temperature and precipitation (in italics) reconstructed from paleoflora of western North 
America (black dots).  
WG: Wing and Greenwood, (1993); W1: Wolfe, 1994. W2: Wilf et al. (1998); K: Koch et al. 
(1995); FW: Fricke and Wing (2004). The ranges of proxy temperatures are reported from the 
individual studies. The ranges of proxy precipitation are reported as the averages added with the 
uncertainties of estimations of precipitation. Figure is adapted from Feng et al., (2013).  
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 Appendix B2 
 Simulated modern mean-annual 2-m temperature (left) and moist enthalpy (right) 
versus elevation.  
a-c) 2-m air temperature and elevation across zonal swaths at a) 47 ± 2 °N, b) 42 ± 3 °N, and c) 
36 ± 3°N. d-f) moist enthalpy and elevation across the same zonal swaths. To avoid the coastal 
influences on calculating temperature lapse rates, slopes in a) - c) are calculated for locations 
above 1.5 km. 
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Chapter 4 
Imprints of Hadley circulation intensification and tectonic extension on Neogene δ18O 
records of the western U.S.
 
 4.1 Abstract 
 Neogene (since ~20 Ma) δ18O and δD records from the western U.S. display strong 
enrichment in the vicinity of the Sierra Nevada and eastern Rockies, but weak enrichment or 
depletion in the northern Great Basin. Neogene increases in δ18O and δD have been interpreted to 
reflect surface lowering through tectonic extension of the western U.S. The influences of 
elevation-independent environmental changes on δ18O and δD records have been largely 
neglected. In this study, we use a coupled atmosphere-land model with water-isotopologue 
tracking capabilities, ECHAM5-JSBACH-wiso, to simulate precipitation and isotopic responses 
to Neogene changes in geography, equator-to-pole temperature gradient, grassland expanse, and 
tropical Pacific sea-surface conditions. Both precipitation and soil water δ18O respond strongly to 
the Neogene increase of equator-to-pole temperature gradient, but weakly or negligibly to other 
Neogene changes. A steepened equator-to-pole temperature gradient leads to significant drying 
and enrichment (3 – 5 ‰) of soil water δ18O (δ18Osw) over the northern Sierra Nevada and central 
Rockies as a result of strengthened Hadley circulation and subtropical subsidence. These δ18Osw 
responses could explain 50 – 100% of the proxy isotopic enrichment over these two regions, 
suggesting dominant climate controls on local proxy δ18O records. To the contrary, δ18O 
responses to climate changes are small in the Great Basin, indicating dominant elevation controls 
on proxy δ18O variability. The proxy enrichment over this region suggests significant subsidence 
with elevation lowering up to 1 – 1.5 km. The resulted subsidence pattern, i.e., great elevation 
lowering within the Great Basin and small elevation adjustments of surrounding mountain ranges 
of northern Sierra Nevada and central Rockies, is consistent with independent structural and 
paleoaltimetry reconstructions suggesting the existence of pre-extensional high plateau over the 
Great Basin and its subsequent Neogene destruction.  
4.2 Introduction 
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 Despite the plethora of geophysical, structural, and sedimentological reconstructions, the 
Cenozoic topographic history of the western U.S. remains uncertain. The majority of 
paleoaltimetry estimates for this region are derived from stable oxygen and hydrogen 
compositions (δ18O and δD) of terrestrial sediments and organic materials, which preserve the 
isotopic compositions of ancient surface and soil waters. Oxygen and hydrogen isotope 
compositions of precipitation are shown to display strong negative correlations with elevation 
across modern Coast Ranges and Sierra Nevada (Blisnuik et al., 2005), and are therefore 
commonly assumed to scale with past elevation changes. However, the application of stable 
isotope paleoaltimetry leads to conflicting reconstructions of Cenozoic surface elevations across 
the Great Basin and its surrounding mountain ranges.  
 Proxy δ18O records of Early Cenozoic age (55 – 28 Ma) have been shown to be strongly 
negative and interpreted to indicate the presence of a high (3 – 4 km) plateau across the Great 
Basin (Mix et al., 2011; Feng et al., 2013). The lack of δ18O contrast between the Great Basin, 
and adjacent northern Sierra Nevada (Mulch et al., 2006; Henry and Faulds, 2010; Cassel et al., 
2014) and central Rockies (Sjostrom et al, 2006) suggests little elevation distinctions between 
these regions. In this scenario, modern Great Basin elevations (~1.5 – 2 km) were subsequently 
achieved by subsidence through Basin and Range extension during the Neogene. Crustal 
thinning of the Great Basin is supported by seismic evidence of thin crust underlying the basin 
surrounded by thick crust beneath both the Sierra Nevada and central Rockies (Chulick and 
Mooney, 2002) and widespread extensional deformation across the Great Basin (Dickinson, 
2006). Neogene isotopic records suggest a somewhat different elevation history. These records 
exhibit large 18O-enrichment of up to 8‰ across the Sierra Nevada (Horton and Chamberlain, 
2006) and central Rockies (e.g., Chamberlain et al., 2012), indicating kilometer-scale elevation 
loss, whereas smaller 18O-enrichment or even depletion in the northern Great Basin (e.g., Horton 
et al, 2004), indicating small elevation loss or even uplift. These records are at odds with the 
early Cenozoic elevation reconstructions and with interpretations of Neogene extension pattern 
from seismic, structural and sedimentological data.  
 Here, we investigate whether this inconsistency in subsidence history between stable 
isotope and other reconstructions may be due to a misinterpretation of the isotopic records from 
the western U.S. The Neogene was a transitional period in Earth’s climate and environment that 
included a 5 – 8 °C increase of equator-to-pole SST gradient (based on early-to-middle Miocene 
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reconstructions (Goldner et al., 2014) associated with drawdown of CO2, high-latitude cooling 
and glaciation, a 2 – 6 °C enhancement of east-west tropical pacific SSTs gradient (e.g. Zhang et 
al., 2014), the widespread expansion of grasslands (e.g., Strömberg, 2011), as well as global 
continental drift and topographic reconfiguration. The influences of environmental factors on 
Neogene isotopic records from the western U.S. have largely been overlooked and have not been 
systematically analyzed. 
Further, proxy reconstructions from fossil leaves (Pound et al., 2012), soil chemistry 
(Retallack et al., 2002) and herbivore mammal hypsodonty (Eronen et al., 2012) all suggest 
significant reduction of Neogene precipitation on an order of 102 mm across the western U.S. 
Precipitation reduction can be linked to 18O-enrichment in soil and meteoric water through 
altering local hydrological and isotopic balance from moisture surplus, and 16O influx, to 
moisture deficit and 16O outflux within a region. However, whether such a link existed across the 
Neogene western U.S., and what the environmental factors are responsible for these changes are 
unclear.    
 The 18O-enrichment of surface and soil water in the western U.S. during the Neogene has 
previously been linked to hydrological responses associated with the replacement of forests with 
grasslands (Mix et al., 2013; Chamberlain et al., 2014). However, phytolith records indicate that 
grassland expansion in the western U.S. occurred much earlier, in the late Oligocene-early 
Miocene (see a review by Strömberg, 2011), and thus do not support this idea. Nonetheless, 
other environmental factors might have played a role. Studies have shown strong δ18O variations 
in proxy records may record atmospheric CO2 variations (Poulsen and Jeffery, 2011). Besides, 
δ18O (Winnick et al., 2012) and precipitation variations (Goldner et al., 2011) may record 
changing atmospheric circulations forced by El Niño-like SST pattern. However, the amount of 
δ18O and precipitation responses across the western U.S. to SST and CO2 changes during the 
Neogene climate transition, as well as responses to other Neogene environmental changes are 
unknown. 
 In order to quantify and understand responses of precipitation, and δ18O of soil and 
meteoric water to Neogene environmental changes, in this study, we conducted a series of 
experiments using an isotope-tracking coupled atmosphere-land model to constrain and compare 
precipitation and δ18O responses to Neogene environmental changes. The implications of our 
	  	   100 
simulated precipitation and δ18O responses for Neogene aridification and surface elevation 
changes in the western U.S are analyzed and discussed.  
4.3 Model, data description and experiments 
 We use the coupled atmosphere-land model, ECHAM5-JSBACH-wiso, to quantify 
δ18Osw responses to Neogene environmental changes. ECHAM5-JSBACH is a three-dimensional 
global climate model equipped with isotope tracking modules that simulate both equilibrium and 
kinetic fractionation of water isotopologue species H2O18 and HDO during phase transitions in 
the atmosphere (Werner et al., 2011) and on land (Haese et al., 2013). The atmosphere model, 
ECHAM5, calculates isotopic fractionation and advection following both grid-scale simulations 
of condensation and advection, and sub-grid scale parameterization of moist convection and 
mixing. The land model, JSBACH, simulates column average δ18O of soil water (δ18Osw) from 
the surface to the depth of shallow soil water pool (typically ≤ ~1 m). Each land grid cell may 
contain up to four land-cover types, lake, bare ground, vegetated or snow-covered. The fractional 
coverage of the lake is prescribed. The rest of land cover depends on the simulated climate and 
vegetation conditions. In JSBACH, soil waters undergo isotopic fractionation only during 
evapotranspiration. Fractionation of evaporation from bare ground is estimated by the bulk 
formula of Hoffmann et al. (1998), from lakes is calculated the same as sea surface (Werner et al., 
2011). Transpiration is treated as equilibrium fractionation in order to constrain the maximum 
fractionation between the plant water pool and environmental vapor. Snow sublimation 
(Friedman, 1991), melting and recharge are treated as non-fractionating processes.   
 All experiments were run at a spectral T63 resolution (96 × 192 grid cells) with 31 
vertical levels. At this resolution, the model simulates reasonable present-day distributions of 
temperature, precipitation amounts, and precipitation δ18O (δ18Op) across the western U.S. (see 
the Appendix C, Appendix C1A-C and Appendix C2A). Comparison between simulated and 
observed δ18Osw from the western U.S. is complicated by the short duration of existing 
observations. Most observational records of δ18Osw are only a few months in duration and are 
therefore not suitable for comparing with simulated climatological δ18Osw. Relatively long-term 
(~1.5 yr) δ18Osw records are available at several sites in central New Mexico (Breecker et al., 
2009). Simulated δ18Osw (~2.1 ‰) is close to annual mean δ18Osw  (1.2 – 1.6 ‰) below 50 cm 
depth at these sites  (see a detailed discussion in Appendix C).  
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 We individually evaluate four aspects of Neogene environmental change in our 
simulations including: 1) increase of the equator-to-pole surface temperature gradient, 2) 
intensification of the tropical Pacific zonal SST gradient, 3) changes in global geographic and 
topographic configuration, and 4) expansion of grassland coverage.  Each aspect is investigated 
with a pair of experiments, including a control experiment, featuring modern conditions, and a 
sensitivity experiment, replacing individual modern conditions, such as SSTs and CO2, 
vegetation coverage, or global geographic and topographic configuration (outside the western 
U.S.), with early Neogene conditions. Boundary conditions for each experiment pair are listed in 
Table 1. Detailed description and maps of boundary conditions can be found in the Appendix C. 
Climate and isotopic responses are reported as 15-yr averages of differences between control and 
sensitivity experiments.   
 
Table 4 Key boundary conditions for testing isotopic responses to four major aspects of Neogene 
environmental changes. 
Environmental 
changes 
 Boundary conditions 
Increasing equator-
to-pole temperature 
gradient 
Sensitivity  560 ppm CO2, Mid-Miocene glacier coverage and SST 
pattern (Herold et al., 2011), equator-to-pole SST 
gradient adjusted to mimic proxy values (Golder et al., 
2014), modern conditions otherwise 
Control 280 ppm CO2, modern conditions  
Termination of El 
Niño-like SST state  
Sensitivity  280 ppm CO2, El Niño SST pattern (estimated using 
SST anomalies of 1997-1998 El Niño event, based on 
Molnar and Cane, 2007), modern conditions otherwise 
Control 280 ppm CO2, modern conditions 
Grassland expansion 
Sensitivity  280 ppm CO2, forested North America, modern 
conditions otherwise 
Control 280 ppm CO2, modern conditions 
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Geographic changes 
Sensitivity 280 ppm CO2, global average of modern vegetation 
cover, Mid-Miocene geographic and topographic 
conditions outside the North America (Herold, et al., 
2011), modern conditions otherwise  
Sensitivity 280 ppm CO2, global average of modern vegetation 
cover, modern conditions otherwise 
 
 We compare simulated δ18O changes with Neogene records from pedogenic carbonates, 
volcanic glasses (converted from δD to δ18O using the slope of the global meteoric water line) 
and smectite. These minerals are formed in equilibrium with surface or soil water, and therefore, 
are comparable to simulated δ18Osw changes. Comparison of simulated δ18O with lacustrine and 
fluvial materials such as calcite cement, chert, limestone and organic shells requires detailed 
model representation of fine-scale local drainage, which is beyond the capabilities of the current 
model resolution and land-hydrology model scheme. The magnitudes of Neogene isotopic 
changes are quantified as the coefficients of least square regressions of proxy δ18O against age 
(Appendix C3).  
 Apart from the depositional environment, the seasonality of mineral formation also needs 
to be considered in order to compare proxy records and simulations. Pedogenic carbonate 
formation is known to have a seasonal bias (Breecker et al., 2009). Calcite formation activity 
increases with increasing temperature and Ca2+ concentration, and decreasing soil CO2. These 
conditions commonly occur during warm and dry seasons (Breecker et al., 2009). In our 
simulations, soil wetness reaches a minimum during the boreal fall season (September, October 
and November) while soil temperature remains warm across the western U.S. (Appendix C5). 
Therefore, we compare proxy carbonate δ18O (δ18Oc) with simulated fall soil water δ18O. In 
contrast, the hydration of volcanic glasses and ashes (parent material of smectite) is not known to 
have a seasonal bias. Accordingly, our comparison is based on mean annual soil water δ18O. 
Simulated δ18Osw is converted to mineral δ18O (δ18Om) using mean surface and deep soil 
temperature (averaged below 78 cm) and assuming equilibrium fractionation between the soil 
water and carbonates, volcanic glasses, and smectite (Appendix C4).  
4.4 Climate model results 
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The hydrological cycle across the western U.S. weakened during the Neogene. Annual 
precipitation rates, inferred from fossil flora and paleosols, decreased by ~75 – 814 mm/yr since 
the early-to-middle Miocene (12 – 18 Ma) (Appendix C5). The reduction in precipitation ranged 
from 750 – 877 mm/yr in the western central Idaho to 124 – 275 mm/yr in northern Texas. Over 
half of the reduction in precipitation can be explained by the equator-to-pole temperature 
gradient increase (3 – 497.5 mm/yr reduction at proxy sites) (Figure 23A), while precipitation 
responses to the other Neogene environment changes are either small or opposite in signs 
between regions of the western U.S. (Figure 23B – D). The response pattern also matches spatial 
distribution of precipitation reduction indicated by proxies, showing smaller reduction in the 
vicinity of Gulf of Mexico and stronger reduction to the west (Figure 23A).  
 
 
Figure 23 Comparison of proxy records (filled circles) and simulated precipitation and fall-
season (September, October and November) δ18Oc responses to Neogene environmental changes.  
A-D: precipitation. E-H: fall season δ18Oc responses.  
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Figure 24 Seasonal cycle of mineral δ18O (δ18Om) responses to Neogene strengthening of 
equator-to-pole temperature gradient and their contributions to proxy δ18Om enrichment across 
the western U.S.  
A: Seasonal cycle of δ18Om responses at proxy sites with trends of proxy δ18Om significant above 
90% confidence level. B: the original and C: adjusted amount of Neogene proxy δ18Om 
enrichment (‰/10 Ma) by removing δ18Om responses to strengthened equator-to-pole 
temperature gradient. Color-coding in A reflect geographic locations, i.e., green: eastern 
Rockies; blue: northern Great Basin; and red: Sierra Nevada. The reconstructed amount is the 
linear regression coefficients of δ18Om against age scaled by 10 million years. Stars and circles: 
p-value (α) ≤ 0.1 and > 0.1. Color shading: modern elevation. 
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Similarly, strengthening of the equator-to-pole temperature gradient leads to the largest 
δ18O responses (~2 – 5 ‰) (Figure 23E, shown for δ18Oc), which are about twice the magnitude 
of δ18O responses to other individual Neogene environmental changes (≤ 2 ‰) (Figure 23F-H). 
Further, the spatial distribution of δ18O responses to a larger temperature gradient is similar to 
the proxy pattern of Neogene δ18Om changes, which shows 18O-enrichment in the Sierra Nevada 
and central Rockies, but muted δ18Om changes within the Great Basin (Figure 23E). The 
concurrence between regional precipitation reduction, and 18Osw-enrichment across the western 
U.S. suggest a linkage between these recorded changes through strengthening of equator-to-pole 
temperature gradient. Given that precipitation and isotopic responses to other changes are small, 
the following analysis will only focus on responses to strengthening of equator-to-pole 
temperature gradient.  
This simulated pattern of 18O-enrichment is strongest during the fall season but persists 
throughout the year (Figure 24A, note that δ18O values at proxy locations of the Sierra Nevada 
and Central Rockies are systematically higher than the northern Great Basin, and the differences 
are the greatest during the fall). At Neogene proxy sites, δ18Om responses to a larger equator-to-
pole temperature gradient are ~4‰ and 3‰ in the eastern Rockies and Sierra Nevada, which 
could account for 50% to 100% of the isotopic enrichment observed in pedogenic carbonates 
(Figure 24B). δ18Om responses to a larger equator-to-pole temperature gradient are small in the 
northern Great Basin and. As such, the isotopic responses to the temperature gradient contribute 
little to the Neogene proxy δ18Om changes over this region (Figure 24C).  
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Figure 25 Boreal summer (June, July, August) responses of the Hadley circulation and 
subtropical subsidence to Neogene increase of equator-to-pole temperature gradient.  
A: 600 hPa geopotential height (shaded) and subsidence (hatched). B: zonal-mean overturning 
mass flux (contour) and specific humidity (shaded). 
 
 The simulated fall season δ18Osw enrichment corresponds to strengthening of tropospheric 
subsidence and extension of the subtropical high-pressure system over the eastern Pacific and 
western Atlantic during the summer (Figure 25A). These circulation changes diminish moving 
inland from the Pacific and Atlantic coast, which could explain the lack of δ18Osw changes across 
the continental interior region of the Great Basin in response to the increasing equator-to-pole 
temperature gradient. Yet, the precipitation remains to be reduced across the Great Basin as a 
result of colder surface temperature (reducing moist convection), and southward entrainment of 
high-latitude dry air. Across regions under the influences of Pacific and Atlantic, the 
enhancement of subtropical high pressure, and subsidence leads to a summer to fall decrease in 
precipitation, and increases in evapotranspiration, and rainwater evaporation (δ18O of summer 
precipitation is ~3 ‰ more enriched), which drive 18O-enrichment of soil water across the Sierra 
Nevada and central Rockies. On the broader scale, these changes are part of zonally symmetric 
responses across the subtropical ocean to large-scale strengthening of the Hadley circulation 
(Figure 25B). The strength of the Hadley circulation, defined by overturning mass flux between 
30 °S and 30 °N, increases by ~23% (3.8 × 1011 kg s-1 total).  
 Hadley circulation strengthening is linked to the greater meridional surface temperature 
gradient through increasing lower tropospheric convergence and upper level condensation 
heating. The stronger gradient drives stronger surface convergence towards the tropical ocean, 
which destabilizes the marine boundary layer and enhances tropical moist convection. The 
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enhanced latent heat release from condensation warms the surrounding air and fuels even 
stronger updrafts. This process strengthens the upward branch of the Hadley circulation, 
resulting in stronger compensating subsidence over the subtropics (Figure 25A). The zonal mean 
circulation is more pronounced over the ocean and land areas with strong marine influences 
relative to continental regions, which are mostly influenced by continental air masses with 
distinct thermodynamical properties. This heterogeneous Hadley circulation imprint leads to 
heterogeneous δ18Osw responses across the western U.S. with stronger isotopic enrichment over 
areas proximal to the ocean, including the Sierra Nevada and central Rockies, but muted 
responses in the continental interior (Great Basin). 
4.5 Discussions and implications 
4.5.1 Model responses to grassland expansion 
 The Neogene isotopic enrichment across the western U.S. has previously been attributed 
to grassland expansion, which increases precipitation δ18O relative to forests through enhancing 
water recycling, increasing the proportion of warm season precipitation, and transpiring higher 
amount of isotopically enriched soil water at shallow depth (Mix et al., 2013). Isotopic responses 
to grassland expansion are muted in our experiments even during the warm seasons. We suspect 
that the δ18O responses in the previous study were exaggerated due to 1) an overestimation of the 
changes in the grassland evapotranspiration ratio and 2) an underestimation of climate responses. 
A high ratio of evapotranspiration to precipitation leads to damped 18O rainout rate and high 
precipitation δ18O, as a result of higher percentage of recycling of 18O-enriched surface and 
meteoric water back to form precipitation through evapotranspiration. In Mix et al. (2013), 
changes in this ratio due to grassland expansion were estimated by differencing observed ratios 
between semi-arid sites in Colorado (CO) and forested, humid sites in North Carolina (NC). The 
annual amount of transpiration at the forest sites (338.5 mm/yr) (Oishi et al., 2008), however, is 
even greater than the grassland sites (241.5 mm/yr) (Ferretti et al., 2003). Therefore, the low 
evapotranspiration ratio of forest sites mainly reflects differences in the amounts of evaporation 
and precipitation that are more closely related to large-scale climate patterns than to plant 
physiological differences. Additionally, we simulate strong climate responses to grassland 
expansion that counteract the potential enrichment effect due to increasing evapotranspiration 
ratio. Grassland expansion leads to significant cooling (~2 °C) and increase in snowfall (up to 
40% increase) in our simulations (Appendix C5), both of which contribute to δ18Osw depletion. 
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Additional 18O-enrichment associated with grassland expansion is from the shallow rooting 
depth of the grasslands, which preferentially extract 18O-enriched upper layer soil water. This 
effect is not included in the model, but is likely small given its dependence on simulated 
responses of evapotranspiration to precipitation ratio, which only shows slight increase (~10 %) 
in the model.  
4.5.2 Implications to the Neogene elevation history of the Great Basin  
 We extract elevation-dependent Neogene proxy δ18Om changes by subtracting the δ18Om 
responses to Neogene strengthening of the equator-to-pole temperature gradient from the proxy 
records (Δδ18Om). Modeled δ18Om responses to other Neogene environmental changes (tropical 
Pacific SSTs, grassland expansion, and geographic and topographic changes) are quite small (-
2.7 – 0.5 ‰), and are comparable to inter-sample variability of the proxy δ18Om, e.g. the δ18Om of 
Elko Basin samples of 15 Ma age range from ~12 ‰ to 15.2 ‰ (Chamberlain et al., 2012). 
Therefore, we ignore the contributions from these factors in our analysis. 
Our Δδ18Om distribution shows minimal enrichment (< 1 ‰) in the eastern Rockies and 
in the vicinity of the northern Sierra Nevada, which we argue indicates that these regions 
experienced only small elevation adjustments (< 1 km) during the Neogene. Our interpretation of 
the isotopic data is consistent with independent paleoelevation estimates that these regions had 
attained near-modern elevations in the late Eocene (e.g. Mulch et al., 2006; Cassel et al., 2014; 
Fan et al., 2014). Conversely, Δδ18Om in the northern Great Basin remains substantial, featuring 
18O-enrichment of 3 – 5‰ and depletion of 3 – 4 ‰ (Figure 24C). Assuming that the enrichment 
signal mainly reflects regional tectonic extension, applying a pre-extension Eocene lapse rates of 
~3 ‰/km (Feng et al., 2013) to the amount of enrichment results in estimates of surface lowering 
of ~1 – 1.6 km. Adding this elevation loss to present-day elevations (~1.6 – 2 km) would bring 
pre-extension elevations close to proposed for Eocene elevation of this region (3.4 km, Mix et al., 
2011; Feng et al., 2013). 
 The negative Δδ18Om in the northern Great Basin (Ibapah badland, Middle and North 
Park, and Hageman site in Figure 24C) and strong positive Δδ18Om in the El Paso Basin (11.4 ‰) 
of southern Sierra Nevada cannot be explained by an enhanced equator-to-pole gradient or 
tectonic subsidence. The strong proxy enrichment in El Paso Basin likely reflects the Neogene 
drying out of a hydrologically-closed basin. The Sr/Ca ratio and covariance of δ13C and δ18O of 
carbonates indicate high salinity lake water likely resulted from this process (Horton and 
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Chamberlain, 2006). The small-scale topography of the El Paso Basin, and associated 
hydrological changes, however, are not resolved by the current model configuration. The same 
model limitation in representing subgrid scale topography and associated hydrological features 
may explain the lack of 18O-depletion of simulated soil water in the northern Great Basin and 
central Rockies. Simulated snowfall increases at high altitude sites across the Rockies and 
Northern Great Basin due to Neogene cooling. Abundant snow-water discharge from 
surrounding reliefs may overwhelm warm season O18-enrichment at proxy sites located within 
intermountain basins. Alternatively, depletion signals from these sites may record small amounts 
of local uplift.  
 Collectively, both early Cenozoic (e.g. Mix et al., 2011; Chamberlain et al., 2012; Feng et 
al., 2013; Cassel et al., 2014; Fan et al., 2014) and Neogene proxy δ18O and δD offer strong 
support for the existence of an early Cenozoic plateau across the Great Basin bounded by 
northern Sierra Nevada and central Rockies that are similar in elevation to present-day. Apart 
from paleoelevations, we suggest that these Neogene isotopic records preserve a history of 
strengthening of Hadley circulation. Further, both Neogene aridification and isotopic enrichment 
across the western U.S. likely reflect different aspects of regional climate responses to increasing 
equator-to-pole temperature gradient.   
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Appendix C 
Appendix C1 
Comparison between simulated and observed present-day climate and isotopic 
compositions of precipitation (δ18Op) and soil water (δ18Osw) across the western North 
America 
 Simulation skill of the ECHAM5-JSBACH-wiso is evaluated by comparing simulated 
present-day temperature and precipitation to observational data of Modern Era Retrospective-
analysis for Research and Applications (MERRA) (Rienecker et al., 2011) (Figs. DR1A-C). The 
simulation reaches equilibrium in the first 5 years and no discernable trend is identified in the 
following 15 model years. Model results are therefore averaged over this period. MERRA data 
are annual averages over the period of 1979 to 2011. Simulated spatial distributions, including 
the meridional gradients and east-west contrast of temperature and precipitation between the 
western Cordillera and central Great plain are broadly consistent with observations. The model, 
underestimates topographic gradients of temperature and precipitation across local-scale reliefs 
of the western Cordillera. This bias is mostly related to the model resolution: the surface 
elevation is averaged over each of ~200 km2 grid cell in the model, which does not resolve the 
topographic gradient and associated climate variability across local reliefs and basins.  
 Model simulations of broad-scale continental δ18Op gradients between the Great Basin 
and its surrounding mountains match observations (Fig. DR2A). Limited by resolution, local 
variability of δ18Op is underestimated. Simulated present-day δ18O of soil water (δ18Osw) (2.1 ‰) 
is close to the derived δ18Osw below 50cm depth at central New Mexico sites (~34 °N, 106 °W) 
with shrubland vegetation type (1.2 – 1.6 ‰) (Great Basin Shrubland and Chihuahuan 
Shrubland). Simulated δ18Osw is more enriched than the measured δ18Osw at Pinon-Juniper 
woodland site (-6.4 ‰) (Breecker et al., 2009). The δ18Osw mismatch at this site may reflect local 
interannual climate variability that is not represented in the model. Anomalous amount of winter 
snowfall occurred in central New Mexico during the measurement time of 2006 - 2007. The soil 
water pool around Pinon-Juniper site may have stored higher portion of snowmelt water than the 
other sites, leading to anomalous δ18Osw depletion signal.   
Appendix C2 
 Climate model boundary conditions 
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 We conducted four sets of experiments to explore climatic and isotopic responses across 
the western U.S. to four major aspects of Neogene environmental changes, including 1) 
increasing meridional temperature gradient, and 2) tropical Pacific zonal SST gradient, 3) 
grassland expansion and 4) geographic and topographic reconfiguration changes.  Details of how 
these boundary conditions are designed are discussed in the following. Corresponding maps of 
boundary conditions are shown in Appendix C8.       
 1) Increasing meridional temperature gradient. The shrunken high-latitude glacier, low 
meridional SST gradient (Appendix C8A and Appendix C8D) and higher CO2 level all 
contribute to lowering equator-to-pole temperature gradient during the early-to-middle Miocene 
(Goldner et al., 2014). The Mid-Miocene SST is modified from results of atmosphere-ocean 
coupled simulation of Mid-Miocene climate by Herold et al., (2011). This simulation features 
steep meridional SST gradient with near modern values in the tropics and freezing polar SSTs (-
1.8 °C). This SST gradient is adjusted to correctly represent the Mid-Miocene reconstructions. A 
zonally uniform adjusting factor is added to each latitudes of the SST data: ΔSST = sin !!"!"#$!!"!!"!! ×π ×7 , SSTmean-20 is the zonal SST average (°C) with SSTs 
warmer than 20 °C set to 20 °C. ΔSST=0 for regions with zonal mean SSTs ≥ 20 °C, 
ΔSST=~7°C for polar SSTs. The resulted ~5°C SST at the poles is close to the median of the 
proxy reconstructions (Fig. 1a in Goldner et al., 2014).  
      2) Increasing tropical Pacific zonal SST gradient. We use SST anomalies of the 1997-
1998 El Niño event to construct an El Niño SST pattern, featuring reduced tropical Pacific zonal 
SST gradient (Appendix C8E). The choice of this El Niño event is based on (Molnar and Cane, 
2007), which suggests that terrestrial reconstructions of early Pliocene temperature and 
precipitation reflect an El Niño pattern most similar to the 1997–1998 event. The SST anomalies 
are calculated as departures of mean annual SSTs during the event between April 1997 to March 
1998 from 30-yr climatology using NOAA ERSST.v3 (Smith and Reynolds, 2004).  
       3) Grassland expansion. We infer forest biomes at places that are currently covered by 
grassland using nearest neighborhood extrapolation, i.e. for each cell, if the dominant vegetation 
cover is grassland, vegetation related variables are replaced with values from the nearest cells 
with considerable (≥ 40%) forest coverage (Appendix C8C and Appendix C8G).  
       4) Geographic and topographic changes. The Mid-Miocene reconstructions of coastal 
line and topographic configurations (Herold et al., 2008) outside the North America are applied 
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to test climatic and isotopic responses to global-scale geographic and topographic 
reconfiguration  (Appendix C83B and Appendix C8F). In order to minimize the associated 
changes in vegetation cover associated, uniform global mean present-day vegetation is 
prescribed for both control and sensitivity experiments.  
        5) Tectonic extension. The longitudinal width of Great Basin is kept the same for all 
experiments. The Neogene extension of Great Basin may contribute to its lateral growth of ~235 
km (McQuarrie and Wernicke, 2005). The δ18Osw responses to extension can be estimated with 
isotopic gradient along the airflow trajectory from the Gulf of Mexico (black line in Appendix 
C7A). This gradient is ~0.005 ‰ km-1 , suggesting ~1.2 ‰ potential enrichment due to extension. 
This effect is relatively small in comparison to proxy changes and to simulated δ18Osw responses 
to increasing equator-to-pole temperature gradient. We consider the contribution of extension to 
Neogene proxy δ18O changes is secondary and therefore is not included in the experiments.   
 
  
	  	   113 
Appendix C3  
Neogene proxy δ18O trends across the western U.S. 
lat (Modern) 
lon 
(Modern) 
minerals 
Significance 
Level 
Trend 
(‰/10Ma) 
locations 
44.9 -111.9 
Pedogenic 
carbonate 
0.0038 1.4 
Montana Basins, 
MO1 
40.6 -115.7 
Pedogenic 
carbonate 
0.0001 4.5 Elko Basin,NV1 
42.8 -115.2 
Pedogenic 
carbonate 
0.0000 -4.0 Hagerman, ID1 
40.6 -106.4 
Pedogenic 
carbonate 
0.0002 1.0 
Middle and North 
Park, CO2 
40.1 -114.1 
Pedogenic 
carbonate 
0.3355 -6.3 
Ibapah Badlands, 
UT3 
36.4 -117.8 
Pedogenic 
carbonate 
0.0217 3.9 
Fish Lake Valley, 
NV4,5 
42.0 -103.4 glasses 0.0048 3.9 
Western Great 
Plain, NE6 
42.1 -107.6 glasses 0.0028 2.9 
Central Rockies, 
WY6 
35.0 -117.0 smectite 0.1854 1.0 
Rainbow Basin, 
CA7 
35.4 -117.9 smectite 0.0000 11.4 El Paso Basin, CA7 
38.0 -118.2 smectite 0.0590 1.2 
Western Sierra 
Nevada, NV8 
41.8 -114.6 smectite 0.0024 2.7 
Northern Basin and 
Range, ID9 
41.3 -102.3 
Pedogenic 
carbonate 
0.0040 3.3 
Nebraska 
Composite section, 
NE10 
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Appendix C4  
18O fractionation factors between soil water and different types of minerals used in 
the study.   
Mineral Fractionation factor (α) References 
Calcite 1000lnαcalcite– water = 2.78 × 106 × T−2 – 2.89 Friedman and O’Neil, 1977 
Volcanic glasses 1000lnαglass – water = 1/1.0343 Friedman, et al., 1993 
Smectite 1000lnαsmectite – water = 2.55 × 106 × T−2 − 4.05 Sheppard and Gilg, 1996 
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Appendix C5  
Comparison of present-day observation and early-to-middle Miocene 
reconstructions of precipitation 
lat 
(Modern) 
lon 
(Moder
n) 
Age (Ma) 
Min 
(mm) 
Max 
(mm) 
Location 
Modern(
MERRA 
data) 
Modern - 
Proxy 
(Min) 
Modern - 
Proxy 
(Max) 
36.3 -121.4 17 653 760 
Carmel 
Valley1 
457.3 -195.7 -302.7 
39 -118.2 18.5 760 890 
Middlegate 
Basin2 
304.8 -455.2 -585.2 
39 -117.7 18 890 1000 
Buffalo 
Canyon3 
304.8 -585.2 -695.2 
35.3 -119.7 15 635 635 
Tembler 
California4 
213.3 -421.7 -421.7 
44.8 -114.7 16.0–15.4 700 700 
Picture Gorge 
Subgroup5 
555.3 -144.7 -144.7 
42 -114 9–11.8 1143 1270 
Trapper 
Creek 
Formation6 
392.2 -750.8 -877.8 
35 -101 10.–12. 475 875 
Clarendon, 
TX1 
599.9 124.9 -275.1 
37 -100 10.–12. 550 950 
Beaver, 
Oklahoma1 
570.4 20.4 -379.6 
44.2 -118 ~12 623 879 
Ironside, 
Oregon7 
319.9 -303.1 -559.1 
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Appendix C6 
Comparison of simulated present-day climate with observations.  
A: mean annual 2-m temperature. B: mean-annual precipitation. Black contours: present-day 
elevations using 9-point smoothing on 10” GTOPO30 data (upper row) and prescribed modern 
topography in the model (lower row). The model reproduces observed broad scale patterns of 
temperature and precipitation, but lacks sufficient horizontal resolution to simulate local 
variability associated with small-scale topographic gradients.   
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Appendix C7  
Comparison of simulated and observed δ18O in precipitation (δ18Op). 
Color shading and filled circles: observed δ18Op from GNIP and USNIP datasets complied by 
Bowen and Revenaugh, (2003). The thick black line shows the trajectory along which the 
modern continental δ18Osw gradient is measured. 
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Appendix C8  
Prescribed boundary conditions in the model.  
A-C: present-day global SSTs, geography and North America vegetation cover. D-G: prescribed 
early Neogene boundary conditions for individual sensitivity experiments featuring steepened 
equator-to-pole temperatures gradient (D), and tropical Pacific zonal SST gradient (G), early 
Neogene geographic and topographic configuration (F), and reforestation of the North America 
(G), respectively.  
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Appendix C9  
Simulated climate responses to Neogene grassland expansion.  
A: fractionation responses of water recycling ratio, defined as the ratio of evapotranspiration 
versus precipitation. B: fractional responses of surface albedo relative to the albedo of forested 
western U.S. C: responses of annual total amount of snowfall. Grassland expansion, although 
increases water recycling ratio, leads to cooling, increase in surface albedo and high altitude 
snowfall across the western U.S. Consequently, the δ18Osw responses show melting season 
depletion and negligible annual average amount.     
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Chapter 5 
Andean elevation control on tropical Pacific climate and ENSO
 
5.1 Abstract  
 Late Cenozoic marine proxy data record a long-term transition in the tropical Pacific 
from El Niño-like conditions with reduced zonal sea surface temperature (SST) gradient, 
deepened thermocline and reduced upwelling in the eastern equatorial Pacific (EEP), to 
conditions similar to modern. This transition coincides with kilometer-scale uplift of the central 
Andes. To understand whether the rise of the Andes contributed to tropical Pacific climate 
evolution, we performed experiments with NCAR’s Community Climate System Model version 
4 to quantify changes in tropical Pacific climate and ENSO as a function of Andean elevations. 
Our results demonstrate that uplift increases the equatorial east-west SST gradient and Walker 
circulation. The rise of the Andes from 1 to 3 kms increases the SST gradient by 0.8 °C and 
Walker circulation by 60% due to strengthened radiative cooling by enhanced low cloud 
formation in the EEP. This cooling effect is largest in the southeastern tropical Pacific and 
accounts for about one-half of the reconstructed SST cooling along the Peru coast. The uplift 
also strengthens upwelling north of the EEP, consistent with documented increases in biological 
productivity in this region, and decreases the frequency of El Niño-Southern Oscillation and the 
number of strong El Niño events. Simulated responses to Andean uplift are generally consistent 
with Late Cenozoic proxy records, but too small in magnitude. Taken together, our results 
indicate that Andean uplift was likely one of multiple factors that contributed to the long-term 
evolution of both the mean climate state and interannual variability in the tropical Pacific. 
5.2 Introduction 
Geological evidence suggests that the tropical Pacific climate evolved through the Late 
Cenozoic from a mean state with a reduced zonal SST gradient across the equatorial Pacific to its 
current state (Wara et al., 2005; Fedorov et al., 2006; Zhang et al., 2014). In comparison to today, 
the western equatorial Pacific during the early Pliocene (~5 Ma) had similar SSTs (Wara et al., 
2005); however, the eastern equatorial Pacific (EEP) was characterized by sea surface 
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temperatures (SST) that were ~2 to 6 °C warmer (Wara et al., 2005; Lawrence et al., 2006; Steph 
et al., 2010; Dekens et al., 2007), a deeper thermocline (Wara et al., 2005; Lawrence et al., 2006; 
Steph et al., 2010), and lower biologic productivity and richness (Wara, et al., 2005; Dekens et 
al., 2007; Lawrence et al., 2006; Kamikuri et al., 2009; Steph et al., 2010).  
These proxy observations were originally used as evidence for a “permanent El Niño” 
state with a negligible zonal SST gradient across the equatorial Pacific (Wara et al., 2005; 
Fedorov et al., 2006), which was thought to have ended with intensification of the EEP cold 
tongue at ~3 Ma (Wara et al., 2005) or ~4 Ma (Lawrence et al., 2006; Steph et al., 2010). This 
argument is consistent with Early Pliocene terrestrial records of temperature and precipitation 
from around the world, which have been suggested to exhibit far-field patterns similar to those 
that occur during modern El Niño events (Molnar and Cane, 2007), although different causes 
such as changes in early Pliocene surface conditions and CO2 levels could also produce these 
patterns (Bonham et al., 2009). More recent studies of marine sediment cores that extend into the 
Miocene challenge the suggested “permanent El Niño” state (Nathan and Leckie, 2009; Zhang et 
al., 2014). New SST estimates suggest that an SST zonal gradient of ~3 °C was sustained 
through the Late Miocene and increased during the Plio-Pleistocene (Zhang et al., 2014). And, 
records of marine productive indicate that upwelling in the northern EEP (6 °N, 86 °W) began to 
intensify in the Late Miocene (13 Ma), suggesting that the transition to modern conditions may 
have started much earlier than the Pliocene (Kamikuri et al., 2009; LaRiviere et al., 2012). 
Though late Cenozoic marine records differ in detail, they generally record a strengthening of the 
climate asymmetry in the tropical Pacific. The cause of this transition is crucial to understanding 
the formation and stability of modern climate variability.  
The evolution of the tropical Pacific has been linked to both long-term changes in CO2 
levels and episodic gateway changes in the Late Cenozoic. However, none of these mechanisms 
can explain the changes documented in marine proxy records. CO2-induced cooling has been 
found to have little direct effect on the SST gradient across the tropical Pacific (e.g. Lee and 
Poulsen, 2006; Haywood et al., 2007; Fedorov et al., 2013). The widening of the Indonesian 
seaway increases warm and fresh water flow to the central equatorial Pacific, which decreases 
the frequency of the El Niño-Southern Oscillation (ENSO), but has little influence on simulated 
SSTs in the eastern Pacific (Jochum et al., 2009). And, finally, the closing of the Panama Seaway 
raises the EEP thermocline by reducing flow of warm waters from the western Atlantic (Steph et 
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al., 2010; Zhang et al., 2010); however, the SST response is quite small in coupled experiments 
and has little effect on the zonal gradient across the equatorial Pacific (Zhang et al., 2010; 
Fedorov et al., 2013). Besides, when the Panama seaway closed remains controversial. Closure 
ages are proposed to between 4 and 5 Ma based on ocean drilling records (Haug and Tiedemann, 
1998) or at ~15 Ma based on geological mapping and geo-chronological and -chemical data from 
the central Panama (Montes et al., 2012).  
Other mechanisms have been proposed to explain the evolution of the tropical Pacific 
including an enhanced tropical-extratropical thermo-gradient (Fedorov et al., 2006; Brierley et al., 
2009), expansion of Southern Ocean sea ice (Lee and Poulsen, 2006) and decrease in the 
frequency of tropical storms (Fedorov et al., 2010). Mechanisms such as dwindling CO2 level, 
expansion of sea ice or decreasing albedo of the extratropical low clouds (Fedorov et al., 2013) 
are needed to explain the enhanced thermo-gradient. Therefore, unlike the other two, the thermo-
gradient hypothesis by itself should not be considered as a direct forcing. Climate modeling 
studies of sea ice expansion and decreasing frequency of tropical storms show reasonable 
agreement with proxy observations. An increase in Southern Ocean sea ice from ice-free to 
modern extents in a coupled ocean-atmosphere model enhanced cold-water advection into the 
EEP through the meridional thermocline circulation, leading to a ~2 °C decrease in SSTs in the 
EEP. Similarly, a decrease in ocean diffusivity (by 10 times), representing weakened mixing due 
to reduced frequency of tropical storms, in another coupled model cooled SSTs in the EEP by 
2.5 °C (Fedorov et al., 2010). Both mechanisms produce cooling that is consistent with proxy 
records, but until compelling geological evidence is found for either mechanism, both must be 
considered to be somewhat ad hoc.    
Significant surface uplift of the Andes due to subduction of the Nazca plate beneath 
South America occurred since the Late Miocene (see summary by Insel et al., 2012). The 
possibility that Andean surface uplift influenced tropical Pacific climate draws support from 
dynamical studies. Notably, Rodwell and Hoskins (2001) found using a simplified atmospheric 
model that a high-elevation Andes strengthened the southeastern Pacific subtropical high-
pressure system. Because the subtropical high is a dynamic response to subsidence of dry air, 
intensification of the high was speculated to coincide with evaporative cooling of the sea surface. 
Takahashi and Battisti (2007a) using a simplified atmospheric model with a mixed-layer ocean 
confirmed this linkage. In addition, they found that enhanced low cloud formation in the 
	  	   129 
southeastern tropical Pacific (SETP) contributed to SST cooling as well. Together these factors 
lead to a total cooling of up to 4 °C. The application of these studies to the late Cenozoic is 
limited, however, by their idealized nature and the absence of dynamic ocean-atmosphere 
interactions. In this study, we use an earth system model with coupled ocean-atmosphere 
dynamics to overcome this limitation.  
The details and timing of Andean uplift are uncertain. Terrestrial proxy data from the 
Andean Altiplano have been argued to record rapid surface uplift of the central Andes by 2.5±1 
km between 10 Ma and 6 Ma (Garzione et al., 2006; Ghosh et al., 2006; Leier et al., 2013) that 
proceeded from south to north (Gregory-Wodzicki, 2000). This interpretation of a rapid rise has 
been disputed in favor of more gradual uplift through the Cenozoic (e.g. Ehlers and Poulsen, 
2009; Poulsen et al., 2010; Insel et al., 2012). Nonetheless, most geological studies support uplift 
of approximately 2 km since 15 Ma (see summary in Insel et al., 2012), which coincides with the 
long-term increase in upwelling documented in the northern EEP. Due to the uncertainties in 
both timing and distribution of surface uplift, we focus on the large-scale influence of the 
Andean range and do not assign any particular ages to our simulations.  
In addition to the mean state, we also explore whether Andean uplift alters interannual 
variability (ENSO) in the tropical Pacific. High-resolution sedimentary records of late Miocene 
and early Pliocene age from the equatorial Pacific (Scroxton et al., 2011; Watanabe et al., 2012) 
and Mediterranean region (Galeotti et al., 2010) contain sedimentary features that are thought to 
represent ENSO variability, indicating that even under a climatological state with low equatorial 
SST gradient, the ENSO cycle was active in the early Pliocene. However, whether the strength 
and frequency of ENSO are different from modern is unclear, but crucial to understanding past 
climate variability. In this study, we show based on our modeling results a connection between 
ENSO and Andean uplift. 
5.3 Methods 
The Community Climate System Model version 4 (CCSM4) (Gent et al., 2011) is 
configured to include the Community Atmospheric Model version 4 (CAM4), dynamical ocean 
model of Parallel Ocean Program version 2 (POP2), Community Land Model version 4 (CLM4) 
and the Los Alamos Sea Ice model (CICE). All components are coupled through the version 7 
coupler (CPL7). Both CAM4 and CLM4 are run at 1.9° × 2.5° horizontal resolution; CAM4 has 
26 vertical levels. POP2 is configured with a 384 × 320 horizontal grid, 60 vertical layers and a 
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rotated north pole centered on Greenland. Pre-industrial boundary conditions are prescribed, 
including a CO2 level of 287.4 ppm, a solar constant at 1360.9 W/m2 and pre-industrial 
vegetation distribution and land surface types (see details in Gent et al., 2011).  
 
Figure 26 South American elevations specified in the a) FltAnd, b) HlfAnd, c) ModAnd, and d) 
HghAnd experiments. 
The ModAnd features the standard topography of CCSM 4, in which the elevation is averaged 
within each 2 ° grid cell yielding average elevations in the central Andes of ~2 km. The 
elevations of central Andes are ~145 m and ~1 km in the FltAnd and HlfAnd and increase to ~3 
km in the HghAnd.  
 
Four topographic scenarios are prescribed in CAM4 (Figure	  26a-d) with gradual rise of 
the entire South American coastal range, the elevation of which is adjusted proportionally to 
preserve its modern horizontal extent. The horizontal extent of the Andes, which has previously 
been shown to have no significant effect on the topography-induced dynamics (Takahashi and 
Battisti, 2007b), is kept the same for all experiments. The Altiplano region is raised 
incrementally from approximately sea-level (145 m, averaged across 16 – 23 °S, 70 – 65 °W) 
(referred to as “FltAnd”) to a moderate height of 1059 m (referred to as “HlfAnd”), a standard 
height in CCSM4 of 2272 m (referred to as “ModAnd”) and a higher elevation of 3184 m 
(referred to as “HghAnd”) comparable to the averaged elevation across the entire modern 
Altiplano (3365 m calculated from GTOPO30 data 
(http://webgis.wr.usgs.gov/globalgis/gtopo30/gtopo30.html at 10-minute resolution). It should be 
noted that the default prescription of the Andes in a 2 × 2° CCSM4 modern simulation is lower 
than observation due to grid-scale averaging of topography (Figure	  26c). Land surface boundary 
conditions are unchanged across experiments, eliminating the response of vegetation and land 
surface hydrology to elevation changes. All four experiments are branched from the end of a 
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1000-year pre-industrial control experiment and integrated for another 300 years. The 
diagnostics for the control experiment can be found at 
http://www.cesm.ucar.edu/experiments/cesm1.0/.  
CCSM4 simulates SST in the EEP reasonably well. SSTs adjacent to the northern 
Chilean coast are too warm by 1 – 2°C due to coastal southerly winds that are too weak in the 2°-
grid configuration. A 0.5°-grid simulation with the same physics packages but refined 
topography forces stronger southerly wind stress that eliminates this bias, indicating that the 
model physics is not the primary culprit (Gent et al., 2009). Higher resolution experiments may 
better constrain the exact magnitude of climate responses to the Andean uplift, but are not 
expected to change fundamentally with the same model physics. The simulated ENSO amplitude 
in CCSM4 is overestimated by 70% in a 2 × 2° modern simulation and has a stronger than 
normal 4-yr power spectrum peak (Deser et al., 2012). Nonetheless, CCSM4’s ENSO simulation 
is among the best of the newest generation of coupled models and its 4-yr cycle falls within 
modern observations (Bellenger et al., 2013).  
The Niño 3.4 index is used here to identify the frequency of ENSO. The index is defined 
as the 5-month running mean of the departure in monthly SST from its 30-year average across 
the central equatorial Pacific (170 ° – 120 °W, 5 °N – 5 °S). Modern El Niño events are 
identified as periods when the Niño 3.4 is equal to or greater than 0.4 °C for a minimum duration 
of 5 months (Trenberth, 1997). In modeling studies, the criteria for identifying El Niño events 
are somewhat different to account for systematic model biases. In CCSM, the standard deviation 
(σ) of the Niño 3.4 (σNiño 3.4) across climatological time scales has been used to identify El Niño 
and La Niña (Deser et al., 2012; Bellenger et al., 2013). In our experiments, the probability 
density functions of monthly Niño 3.4 of the last 230-yr experiments forms a single distribution 
that is close to normal, implying no systematic shifts of the Niño 3.4 statistics across different 
climatological time scales. Thus, following Bellenger et al. (2013), the σNiño 3.4 of the entire 230-
yr time series is used to identify the El Niño and La Niña events. We define El Niño (La Niña) 
events as having a Niño 3.4 greater (smaller) than 0.5σNiño 3.4 (-0.5σNiño 3.4) for at least 5 months. 
A value of 0.5σNiño 3.4 is equivalent to a Niño 3.4 amplitude of 0.7 °C from modern SST 
observations, which is higher than the threshold of 0.4 °C used to identify El Niño and La Niña 
events from observations. This threshold choice minimizes the bias in CCSM 4 to overestimate 
Niño 3.4 variations.  
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The upper layer ocean equilibrates during the first 70 years in all four branched 
experiments. Upper layer (0 – 500 m) seawater trends in the following 230 yrs are less than 
0.01 °C/century over the entire ocean and less than 0.06 °C/century in the EEP region (5 °S – 
5 °N, 90 ° – 120 °W). The global mean upper layer seawater temperature is similar (~11.3 °C) in 
all four experiments. Climate responses are reported here as differences from the FltAnd case 
and are based on results from the last 230 yrs of simulation. In Section 5.4, we focus on 
comparisons between the ModAnd and FltAnd experiments for brevity; differences between the 
HghAnd and FltAnd experiments are similar though slightly larger in magnitude.  
In order to retain the responses mostly due to changes in the mean state, we perform a 
consistency test when analyzing the climate responses to surface uplift (Figure	  28, Figure	  31 
and Figure	   32b). Consider a multi-decadal oscillation with the same period and average 
amplitude. A phase offset between experiments could result in net differences if the averaging 
time is not exactly one or a multiple of periods. Similar differences could also result from 
temporal variations in oscillation amplitudes. These differences, if measured at decadal time 
scales, may vary in sign, while differences in background states should be consistent. We 
compare the sign of differences between mean fields calculated on 30-yr time intervals (20-yrs 
for the final interval) at each grid point. Differences that vary in sign across these intervals are 
considered inconsistent and are not reported.  
5.4 Results 
5.4.1 La Niña-like SST response to the uplift of the Andes 
The strongest SST responses to Andean uplift occur in the EEP and SETP. SST responses 
are small outside the tropical Pacific. Moderate warming in the northwestern Pacific and tropical 
Atlantic (Figure	   27a) are reminiscent of extra-tropical SST responses to the La Niña-like 
tropical conditions (e.g., Alexander et al., 2002).  
The responses of tropical climate to Andean uplift are nonlinear (Figure	   28a, b) with 
notable changes in SST and zonal circulation occurring when the range exceeds the marine 
boundary layer of the eastern tropical Pacific, a height of more than 1100 m (Wood and 
Bretherton, 2004). This layer can be identified by the large vertical gradient of equivalent 
potential temperature (Xu et al., 2004), which separates the low-level mixed layer from the 
upper-level free troposphere. In our simulations, the top of the marine boundary layer occurs 
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between ~860 hPa and 700 hPa with much better defined boundaries in ModAnd and HghAnd as 
compared to the FltAnd and HlfAnd (Figure	  28c-f). 
 
Figure 27 Global responses of SST and low-level atmosphere to the Andean uplift from FltAnd 
to ModAnd.  
a) Mean SST (°C, shaded) and surface wind (m s-1, vectors) differences. b) Differences of low 
cloud fraction (%, shaded) and marine boundary layer stability (K, contour). The marine 
boundary layer stability is measured by taking the difference of equivalent potential temperature 
between 700 hPa and 1000 hPa. Only responses that have passed consistency tests are shown. 
 
 In ModAnd and HghAnd, uplift of the Andes above the marine boundary layer leads to 
SST cooling of 0.4 °C and 0.8 °C in the EEP and 1.5 °C and 2.2 °C in the southeastern tropical 
Pacific (SETP, 15 ° – 20 °S, 80 ° – 100 °W) (Figure	  28a). Within the equatorial zone, this non-
linear SST response is coupled with strengthening of the Walker circulation, measured as the sea 
level pressure difference between the western (5 °S – 5 °N, 80 ° – 160 °E) and eastern (5 °S – 
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5 °N, 160 ° – 80 °W) equatorial Pacific (Vecchi and Soden, 2007). The strength of Walker 
circulation increases by 22 % in ModAnd and additional 28 % in HghAnd (Figure	  28b). SST 
cooling is accompanied by anomalous surface wind divergence in the eastern tropical Pacific and 
strengthened easterlies at the western equatorial Pacific (120 °E – 180, Figure	   27a). The 
coupling between SSTs, the Walker circulation, and equatorial easterlies comprises a Bjerknes 
feedback that strengthens the zonal SST gradient and enhances La Niña-like mean conditions.  
5.4.2 Cooling due to increased low clouds  
Increases in surface latent heat loss (Takahashi and Battisti, 2007a) and low cloud 
amounts by Andean uplift (Xu et al., 2004; Takahashi and Battisti, 2007a) have previously been 
suggested as mechanisms for SST cooling in the EEP and SETP. In our ModAnd experiment, 
radiative cooling due to enhanced shortwave reflection by low clouds contributes the largest 
forcing, which is locally as much as -8.5 W/m2 (Table	  5). Low clouds are enhanced year round 
by a strengthened marine boundary layer with a strong inversion cap (Figure	   27b, Table	   5), 
which is a result of uplift-induced circulation changes. A high Andes blocks northeasterly flow 
from northern South America and steers mid-latitude Westerlies in the southeastern Pacific 
towards the equator (Figure	  27a). These changes in flow pattern induce advective cooling in the 
lower atmosphere (1000 – 900 hPa) of the EEP and SETP (Table	   5). At the SETP, middle 
tropospheric subsidence is strengthened by Andean uplift, inducing anomalous subsidence 
warming on top of the boundary layer (Table	  5). Both advective low-level cooling and higher 
level warming enhance the temperature difference across the boundary inversion, leading to a 
stronger moisture cap and greater low cloud amounts.  
Surface cooling at the EEP and SETP is partially attenuated by subsurface warming in the 
southeastern Pacific. This warming is due to weakening of the Pacific Subtropical overturning 
Cell (STC), a wind-driven isopycnal flow that forms a meridional circulation in the upper (~200 
m) tropical Pacific (Gu, 1997) and mixes tropical and subtropical waters through tropical 
thermocline upwelling of subtropical waters (Klinger et al., 2002). The STC consists of two 
meridional cells in the northern and southern tropical Pacific; however, only the southern STC is 
well defined in the eastern Pacific (Figure	   29a). This southern STC extends from 150 °W to 
85 °W at 9 °S with a core at ~50 m depth. We mainly focus here on the eastern portion of the 
southern STC (ESSTC) from 100 °W to 85 °W, which underlies uplift-induced SST cooling in 
the SETP.   
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Table 5 Differences (ModAnd − FltAnd) of individual forcing averaged over the eastern 
equatorial Pacific (EEP, 5 °S   –  5 °N, 90 °  –  130 °W) and the southeastern tropical Pacific 
(SETP, 15 °  –  20 °S, 80 °  –  100 °W) due to surface uplift.   
 
 
Boundary 
layer 
stability 
Latent 
heat flux  
Temperature 
change (ΔT) 
due to low 
level 
horizontal 
advection  
ΔT (700 
hPa) due to 
vertical 
advection 
Shortwave 
cloud 
forcing 
Longwave cloud 
forcing 
EEP +0.7 °C –0.1 W/m2 –0.1 °C/yr 0 °C/yr –8.5 W/m2 –0.1 W/m2 
SETP +3.5 °C –0.2 W/m2 –0.6 °C/yr +0.8 °C/yr –1.8 W/m2 –1.3 W/m2 
 
In comparison to FltAnd, the ESSTC is slower in the ModAnd experiment with reduced 
upward transport in the extra-equatorial region (10 ° – 15 °S) and downwelling in the southern 
subtropics (17 ° – 25 °S) (Figure	  29b). At 15 °S, the vertical velocity of water flow is 1.4 × 10-2 
cm s-1 in FltAnd at 285 m depth, which decreases to zero in ModAnd. This decrease does not 
follow the isopycnal slant towards the equator, but mainly occurs at 15 – 16 °S as a result of 
anomalous Ekman downwelling (Figure	   29c). The weakening of the ESSTC reduces 
equatorward transport of cooler waters from the middle latitudes, resulting in warming (up to 
2 °C) of the subtropical ocean below the thermocline (20 °C isotherm) (Figure	  29b and d). This 
anomaly propagates northward to warm the entire subsurface EEP (below 40 m). Thermocline 
upwelling of this anomalously warm water serves as a negative feedback that compensates 
surface cooling due to greater low cloud amounts. Consistent with this result, the cooling 
response to Andean uplift is larger (up to 4 °C compared to 2 °C in our simulations) in 
simulations using an atmospheric model coupled to a mixed-layer ocean model that does not 
allow for ocean dynamical adjustment (Takahashi and Battisti, 2007a).  
5.4.3 ENSO response to Andean uplift  
The ENSO response to Andean uplift is nonlinear. The ENSO response to uplift to 
HlfAnd is quite small. The spectral density of the Niño 3.4 index peaks at the same period as 
FltAnd with a slight increase in the peak density (not shown). These small responses are 
consistent with minimal changes in climate state of the tropical Pacific between FltAnd and 
HlfAnd. In contrast, in the ModAnd and HghAnd cases, the ENSO cycle lengthens in 
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comparison to FltAnd as shown by a systematic shift in the mean spectral density of the Niño 3.4 
indices to longer periods (Figure	  30a).  
Kirtman (1997) suggests a link between anomalies of zonal wind stress curl and the 
length of the ENSO cycle, in which the former generates off-equatorial Rossby waves that 
weaken the strength of the reflected Kelvin wave at the western boundary. This weakening of the 
reflected Kelvin wave reduces damping of ENSO-related equatorial SST anomalies. Our 
experiments are consistent with this idea. The lengthening of the ENSO cycle is accompanied by 
greater variability of monthly zonal wind stress curl in the northern region of the western and 
central Pacific (4 ° – 10 °N, 120 °E – 180 °) in ModAnd and HghAnd (Figure	   30b), which 
feasibly favors off-equatorial Rossby waves in the north. Although uplift leads to a reduction in 
the variability of wind stress curl in the southern region (4 ° – 10 °S, 120 °E – 180 °), the 
differences in magnitude are relatively small. As a result, the net changes of zonal wind stress 
curl favor weaker reflected Kelvin waves and more persistent SST anomalies. Lengthening of the 
ENSO cycle explains the slight decrease in the total number of El Niño events with Niño 3.4 ≥ 
0.5σNiño 3.4: there are 40 events in FltAnd, 36 and 39 events in ModAnd and HghAnd.  
In addition to fewer events, Andean uplift also influences the magnitude distribution of El 
Niño events. The El Niño events shifted slightly towards weaker magnitude side in HlfAnd (not 
shown). Both ModAnd and HghAnd feature significant reduction in strong El Niño events 
(Figure	  30c). There are fewer strong events with Niño 3.4 values between 1.0 and 2.5 σNiño 3.4 (9 
fewer events in both cases) but more mild events with values between 0.5 to 1.0 σNiño 3.4 (4 more 
events in ModAnd, 5 more in HghAnd, Figure	  30c). The number of extremely warm El Niño 
events with Niño 3.4 values between 2.5 to 3.5 σNiño 3.4 increases slightly in both experiments (1 
more in ModAnd, 2 more in HghAnd), but the increase is rather small and might be a result of 
internal variability independent of the Andean uplift. The response of La Niña events to uplift is 
less clear; there are no systematic changes in the numbers of weak or strong events (Figure	  30a).  
The reduction in number of strong El Niño events (1.0 σNiño 3.4 ≤ Niño 3.4 ≤ 2.5 σNiño 3.4) 
is associated with seasonal SST cooling (Figure	   31a-h) and upwelling intensification (Figure	  31i-p, indicated by the red shade) in the central and western equatorial Pacific from December to 
March. The emergence of SST and upwelling anomalies during the December is accompanied by 
stronger equatorial easterly wind stress (discussed in detail below) in the central equatorial 
Pacific (between ~130 °E and 160 °W, Figure	  31l). These seasonal adjustments, which can be 
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viewed as a strengthened Bjerknes feedback, suppress SST warming and thermocline deepening 
in the central equatorial Pacific during the austral summer when the majority of El Niño events 
(> 60 % of all experiments) reach highest Niño 3.4 values.  
 
 
Figure 28 Climatological responses to the rise of Andes. 
a) Mean SST in the southeastern tropical Pacific and the eastern equatorial Pacific. b) Changes in 
intensity (%) of the Walker circulation. c) - d) Zonal profile of equivalent potential temperature 
(K) averaged over 10 – 20 °S of different stages of Andean uplift. The strength of Walker 
circulation is measured by the sea level pressure difference between the western (5 °S – 5 °N, 80 
° − 160 °E) and eastern (5 °S – 5 °N, 160 ° − 80 °W) equatorial Pacific.  
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Figure 29 Ocean climatology and dynamical responses to Andean uplift in the eastern Pacific 
Ocean (100 ° − 80 °W).  
a) Latitude-depth profile of the mean ocean circulation (vectors, 10-2 mm s-1) and temperature 
(°C) of FltAnd. b-d) Horizontal climatological responses to Andean uplift: b) Subsurface 
temperature (°C) and circulation (10-2 mm s-1); c) surface Ekman pumping speed (10-8 mm s-1); 
and d) 200-m seawater temperature (°C) of the southern tropical Pacific (30 °S – 0 °). The 
vertical velocity of the ocean current is exaggerated by 105 times for visual purpose. The Ekman 
pumping speed within 2 °S – 0 ° is masked due to minimal Coriolis force around the equator.   
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Figure 30 ENSO response to Andean uplift. 
a) Spectral density of the Niño 3.4 index of the FltAnd, ModAnd and HghAnd; b) latitudinal 
distribution of standard deviation (Std) of anomalous monthly zonal wind stress curl averaged 
across the extra-equatorial western Pacific (120 °E - 180); c) difference from FltAnd in the 
number of El Niño and La Niña events in the ModAnd and HghAnd simulations. Magnitudes are 
binned in intervals of 0.5σNiño3.4. In b), the seasonal cycle is removed from the time series of 
anomalous monthly zonal wind stress curl. The 9-yr high-pass Lanczos filter (Duchon et al., 
1979) using 108 weights is applied to the Niño 3.4 index prior to the spectral analysis in a) to 
remove the decadal variation of the time series. The 95% red noise confidence bound is shown 
for FltAnd. Bounds are similar among experiments. 
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Figure 31 Austral warm season (September to April) monthly differences due to surface uplift 
(FltAnd – ModAnd). 
a) - h) SST (°C, purple shading); i) - p) surface wind stress (vector) and upwelling (red shade: 
upwelling ≥ 0.2 mm s-1 averaged across the upper 50 m) (left column); and q) - x) percent 
change in low cloud cover (%, right column). Responses that passed consistency tests are shown.  
5.4.4 Diabatic response of regional circulation 
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Strengthening of the Bjerknes feedback by uplift mainly occurs during the austral 
summer (Figure	   31d-f and 6l-n) and coincides with enhanced SST cooling by low clouds 
(Figure	  31t-v). This low cloud cooling effect persists throughout the year, but is greatest during 
the austral summer and extends further west (10 ° – 25 °S, 100 ° – 135 °W) from December to 
March (Figure	  31t-w).  
Enhanced low cloud formation in the summer is a result of uplift-induced diabatic 
circulation over the eastern central extra-equatorial Pacific. Andean uplift enhances the seasonal 
cycle of moist heating around the central Andes (600 hPa, 27.5 ° –10 °S, 83 ° – 58 °W) (Figure	  32a). (Moist heating is calculated as the product of the rate of temperature changes due to moist 
processes and the specific heat capacity of the moist air, and includes both latent heat release 
during condensation and heat exchange during mixing processes associated with formation of 
clouds and precipitation.) The enhancement of moist heating, though persistent with elevation 
increase, is nonlinear and peaks between the HlfAnd and ModAnd runs. In ModAnd, the net 
moist heating in the summer is about twice the amount of that in FltAnd. This additional heating 
drives an anomalous zonal circulation centered at 450 hPa above the eastern extra-equatorial 
Pacific during the austral summer (Figure	  32b), which is absent during the wintertime. Similar 
diabatic responses are reported from atmosphere-only simulations with simplified model physics 
(Rodwell and Hoskins, 2001; Takahashi and Battisti, 2007b).  
The subsiding branch of the diabatic zonal circulation (shown by streamlines of 
anomalous flow in Figure	  32b) overlies area of enhanced low cloud cover (Figure	  31t-v) over 
the eastern extra-equatorial Pacific (10 ° – 20 °S, 90 ° – 135 °W). Subsidence increases the 
temperature and moisture contrast across the upper boundary layer, providing a stronger cap 
against deep moist convection. Stifling of cumulus convection is indicated by a reduction of high 
clouds between 120 ° – 135 °W (Figure	  32c) and cooling and drying of the middle tropospheric 
column 700 – 250 hPa (Figure	  32b). In turn, the reduction in moist convection leads to moisture 
trapping in the boundary layer and more low clouds (Figure	   32c). The linkages between the 
diabatic circulation, low cloud cover and moist convection are summarized in Figure	  32d.  
SST cooling by changes in clouds and convection in the eastern central extra-equatorial 
Pacific (10 ° – 20 °S, 105 ° – 135 °W, Figure	  31d-g) enhances the equatorial-extra-equatorial 
SST gradient during the summertime. This greater SST gradient drives southeasterly winds 
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towards the equator from the southern hemisphere (Figure	   32d) (Lindzen and Nigam, 1987), 
strengthening the equatorial Easterlies.  
 
Figure 32 Moist heating and diabatic responses to Andean uplift. 
a) Seasonal cycle of the net moist heating (J kg-1 day-1) over the central Andes (700 hPa, 27.5 °– 
10.5 °S, 82.5 °–57.5 °W) for different stages of Andean uplift. b) Austral summer (December to 
February) zonal circulation (streamline) and equivalent potential temperature (K, shaded) 
differences (ModAnd – FltAnd) in the extra-equatorial (10 ° – 20 °S) eastern Pacific.  c) 
Fractional change (%) in SETP (10 ° – 20 °S) low and high clouds due to uplift. d) Schematic 
diagram summarizing the atmospheric and oceanic responses to enhanced diabatic heating by 
Andean uplift during austral summer.  Responses shown in b) have passed the consistency test. 
 
5.5 Discussion 
5.5.1 Comparison with paleoclimatic changes since the Late Miocene 
 Our simulated responses to Andean uplift are consistent with proxy observations from the 
Late Cenozoic. Here we compare in detail the climate response between our HghAnd and 
HlfAnd simulations, which represent ~2 km of surface uplift, with proxy records of late Miocene 
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(~13 Ma) and early Pliocene age (~ 5 Ma). These simulations were chosen for comparison 
because they best represent absolute estimates of paleo-elevations (Insel et al., 2012). Similar but 
slightly smaller responses are found by comparing our FltAnd and ModAnd simulations.  
Surface uplift can partially explain SST and thermocline changes documented in proxy 
records from the northern EEP (6 °N, 86 °W) and Peruvian coast (16 °S, 80 °W) (Table	   6). 
Northern EEP upwelling increases by 34% in HghAnd and is consistent with increasing 
radiolarian species richness since 13 Ma (LaRiviere et al., 2012). Along the northern Peruvian 
coast, simulated SSTs decrease by ~1.5 °C and upwelling increases by ~34%, which compares 
well with proxy records of cooling of 2.9 °C and increases in bio-productivity (Dekens et al., 
2007). Andean uplift also produces a zonally asymmetric SST response of ~1°C in the equatorial 
Pacific, a feature observed in proxy records (Wara et al., 2005) but one that is not simulated by 
CCSM with many other mechanisms that have been hypothesized, including changes in 
greenhouse gas concentrations (Lee and Poulsen, 2006; Rosenbloom et al, 2013) and gateways 
(Jochum et al., 2011; Zhang et al., 2010). The equatorial SST asymmetry is crucial for 
development of a strong Walker circulation capable of sustaining the modern thermocline tilt and 
ENSO cycle. In this context, the uplift of the Andes may have been contributing to the triggering 
of the transition from an El Niño-like to modern climate.   
The results of our simulations are also consistent with paleoclimate evidence of persistent 
ENSO activity through the Pliocene (Watanabe et al., 2012; Scroxton et al., 2011). Our 
simulations suggest the possibility that Andean uplift may have changed the frequency and 
magnitude of El Niño events. At the present time, marine proxy records do not have sufficient 
length or temporal resolution to evaluate this possibility.  
 Despite agreement between our simulations and proxy in several regions, the uplift 
induced responses are too small to completely explain past changes in the EEP. Uplift induced 
SST cooling, for example, only explains ~20 % of the reconstructed signal (Table	  6). In addition, 
thermocline responses are an order of magnitude smaller than those documented by proxies. The 
major mismatch between proxy and model results occurs along the Central American coast (0 °, 
82 °W). Foraminiferal records suggest strong sub-surface cooling and increase of biological 
productivity at this location (Table	  6), which is not captured in our simulations. Uplift-induced 
responses are also too small to explain the oceanographic changes reported for the western cold 
tongue (3 °N, 118 °W) (Table	  6), which are attributable to narrowing of the Indonesia (Rousselle 
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et al., 2013) and Central American seaways (Steph et al., 2010) through strengthening of the 
western Pacific warm pool (Nathan and Leckie, 2013) and the thermohaline overturning (Steph 
et al., 2010). Modeling of the climate response to changes in the Indonesia seaways (Jochum et 
al., 2009) and both climate modeling (Zhang et al., 2010) and tectonic reconstructions of Central 
American seaways (Monte et al., 2012), however, provide limited support for these hypotheses. 
Future studies are needed to explain these short-term developments of the Pacific cold tongue 
system.    
5.5.2 Comparison with previous study  
 Previous studies indicate that uplift-induced surface cooling in the tropical southeastern 
Pacific is primarily caused by enhanced surface evaporation (Takahashi and Battisti, 2007a). In 
our experiments, stabilization of the boundary layer by subsidence and horizontal advection 
plays the dominant role in cooling. This difference likely emerges from different model 
treatments of boundary layer and low cloud formation. The intermediate complexity model used 
by Takahashi and Battisti (2007a) does not account for the environmental atmospheric responses 
to low cloud formation and boundary layer mixing, which are included in CCSM4 through 
parameterizations. The more detailed boundary layer representation in CCSM4 reduces drying of 
the boundary layer induced by large-scale entrainment of tropospheric subsidence, leading to 
moist conditions and less surface evaporation.  
 Uplift-induced SST cooling in the SETP is proposed to sustain the meridional and zonal 
asymmetry of the intertropical convergence zone (ITCZ) in the eastern Pacific (Takahashi and 
Battisti, 2007a, b). We observe a 10 – 20 % reduction in precipitation in the southern Pacific 
equatorial region (0 – 15 °S, 150 °E – 90 °W) under high Andes scenarios that is qualitatively 
consistent with Takahashi and Battisti (2007a, b) (> 50% reduction), but has a much smaller 
magnitude. Consequently, in our simulations, the Andean uplift only mildly affects the 
meridional asymmetry of the ITCZ and South Pacific Convergence zone (SPCZ). The uplift 
mainly affects the zonal asymmetry of the SPCZ during the austral summer through regional 
diabatic zonal circulation, which pushes the SPCZ westward ~15 ° (Figure	  32b, as indicated by 
the stifled deep convection).  
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Table 6 Reconstructed* and simulated** SST and thermocline changes associated with the 
transition from El Niño-like to modern conditions at the eastern tropical Pacific since the Late 
Miocene. 
  6 °N, 86 °W a, b, c, d 
16 °S, 76 °W 
c (16 °S, 
80 °W in the 
simulation***
) 
0°, 95 °W e 3 °S, 91 °W f 0 °, 82 °W a 
1 °N, 
111 °W 
h 
3 °N, 118 °W i 
Magn
-itude 
of 
SST 
cooli-
ng 
Recons
tructed < 1 °C 
a, b, 2 °C d 2.9 °C 
~3.8 °C from 
Mg/Ca e, 2.9 °C 
from U!"!" c ~5 °C ~2 °C 5 – 6 °C ~4 °C 
Simulat
ed 
 
0.4 °C 2.2 °C 0.7 °C 1.2 °C 0.6 °C 0.7 °C 0.7 °C 
Ther-
mocli
ne 
chan-
ges 
Recons
tructed*
*** 
~6 °C subsurface 
cooling a, increasing 
specie richness of 
radiolarian d, g 
Increasing 
alkenone 
mass 
accumulation 
rate c 
~ 5 °C increase 
of surface-
subsurface ocean 
temperature 
contrast e 
Increasing 
alkenone 
mass 
accumulation 
rate f, deep 
water 
cooling f 
~ 5 °C 
subsurface 
cooling a; 
increasing 
opal 
accumulati
on rates b 
NA 
Episodic 
decrease of 
δ18Oseawater may 
indicate 
shoaling of the 
thermocline at 
10 – 11.5 Ma, 6 
– 6.8 Ma and 
4.6 – 3.6 Ma h 
Simu-
lated 
Thermo-
cline 
depth****
* 
 
-2.7 m -11.3 m -0.5 m -0.9 m +5 m +0.4 m +1.5 m 
Upwelli-
ng****** +36% +32% +1% +2% -19% +2% -5% 
* Reconstructed SST and thermocline changes are summarized from a. Steph et al., (2010), b. 
Groeneveld et al. (2006), c. Dekens et al., (2007), d. LaRiviere et al., (2012), e. Wara et al, 
(2005), f. Lawrence et al., (2006), g. Kamikuri et al., (2009), h. Zhang et al., (2014), i. Rousselle 
et al., (2013). 
** Simulated SST and thermocline changes are the consistent differences between HghAnd and 
HlfAnd averaged over 4 ° × 4 ° tile centered at the location of the proxy record.  
*** The record at the Peru coast (16 °S, 76 °W) is moved 4 ° westward due to the under-
representing of South American coastal line in the model (Figure	  26).  
**** Referring to Figure	  27a, a 5 °C increase of surface-subsurface ocean temperature contrast 
indicates ~50 m decrease in thermocline depth. 
***** The simulated thermocline depth is defined as the depth of the 20 °C isotherm.  
****** The simulated responses of upwelling are reported with values just below the thermocline 
at 50 m for the first five locations, and at 80 m and 100 m for the last two locations due to 
westward deepening of the equatorial thermocline.  
   
5.5.3 Model limitations  
Our conclusions concerning the climate response to uplift of the Andes must be 
considered in the context of CCSM4’s ability to realistically represent the Andean uplift and to 
reproduce the radiative effect of the tropical low clouds and ENSO cycle. Andean elevations are 
under-represented in our CCSM4 configuration. The highest elevation is 3903 m in the HghAnd, 
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which is lower by over 1000 m than the modern peaks surrounding the Bolivia Altiplano. In 
CCSM4, we find strengthened SST response to the Andean uplift from 1 km to 3 km. This SST 
response could be greater in a higher-resolution model with more detailed topographic changes. 
As a result, we consider our estimates to be conservative.   
CCSM4 simulates low clouds and ENSO cycle reasonably well. However, low cloud 
coverage is still underestimated in subtropical regions worldwide. The net radiative effect of this 
bias is compensated through a model tuning process to strengthen the cloud radiative forcing 
(Nam et al., 2013). As a result, the low cloud bias may not substantially affect our simulated SST 
responses. The ENSO frequency is quite close to observations in a modern experiment with 
CCSM4 (Denser et al., 2012), and many atmosphere-ocean feedbacks crucial to ENSO dynamics 
are well represented by this model (Figure 13 in Bellenger et al., 2013). These results provide 
confidence that the simulated ENSO response to the Andean uplift is robust. However, CCSM4 
still overestimates the overall strength of ENSO (Denser et al., 2012) and lacks triggering 
mechanisms for extremely strong El Niño events (McPhaden and Yu, 2012). Although these 
biases apply equally in all cases and, therefore, may not affect the simulated inter-experimental 
responses, it is likely that future advances in ENSO simulation may alter the details of our results.   
5.6 Conclusions 
Our simulations provide evidence that uplift of the Andes dissipates El Niño-like 
conditions in the eastern tropical Pacific through enhanced low cloud formation. An increase in 
low cloud amounts produces ~2 °C cooling in the SETP and ~0.8 °C cooling of the equatorial 
cold tongue region in response to 2 kms of uplift starting from a moderate Andean height (~ 
1000 m). This cooling effect is partially attenuated by subthermocline warming due to spin-down 
of the shallow overturning cell at subtropical southeastern Pacific. Our simulations also provide 
support that Andean uplift may decrease ENSO frequency and the number of strong El Niño 
events. These changes result from the increasing variability of zonal wind stress curl north of the 
equator and the formation of diabatic zonal circulation in response to the Andean uplift during 
the austral summer.    
The simulated response in CCSM 4 to Andean uplift can explain some, but not all, of the 
Late Cenozoic changes recorded by marine proxies. Uplift-induced climatic responses can 
account for ~50% of the reconstructed SST cooling along the Peru coast, strengthening of 
biological productivity in the northern EEP and increase in zonal SST and circulation asymmetry 
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across the equatorial Pacific. In sum, our study demonstrates that Andean uplift must be taken 
into account when considering the long-term evolution of the tropical Pacific. 
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Chapter 6 
Conclusion and implications
 
 This dissertation addresses three subjects regarding climate-topography interactions. First, 
I model regional climate and isotopic responses of precipitation (δ18Op) to the uplift of the North 
American Cordillera during the early Cenozoic (55 – 40 Ma). Second, I explore isotopic and 
hydrological responses to large-scale changes in climate structure and surface boundary 
conditions during the Neogene (since ~23 Ma). Finally, I simulate tropical Pacific climate 
responses to late Cenozoic (since ~15 Ma) Andean uplift. Based on simulations with global 
climate models, this work provides new estimates for the Cenozoic climate history of the North 
and South American Cordilleras, and improves constraints on the elevation history of the North 
American Cordillera. This section summarizes major findings and highlights implications for 
future studies.  
6.1 Summary of results  
 The following summary provides answers to the questions that have motivated this 
dissertation: 
 1) How does Eocene δ18Op respond to changes in regional atmospheric circulation 
and precipitation under different elevation scenarios of the North American Cordillera? 
What are the implications for δ18Op based paleoaltimetry? 
 Chapter 2 investigates these questions. A global climate model (GCM) with water 
isotopologue tracking functions (ECHAM5-wiso) is used to quantify climate and isotopic 
responses of precipitation (δ18Op) to the proposed topographic hypothesis of Eocene north-to-
south uplift of the western North American Cordillera. Model outputs show complex 
hydrological responses to the uplift, including changes in precipitation phase and type, vapor 
mixing and recycling, and variations in moisture sources. These responses vary between the 
windward (western) and leeward (eastern) sides of the Cordillera, (Figure	  33).  
 On the windward side, the uplift leads to strong upslope flow and increases the amount of 
snowfall. δ18Op responses to individual changes are significant (up to 7 ‰), but responses to 
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upslope flow and snowfall counteract each other. On the leeward side, the moisture source 
switches from pre-uplift westerlies to continental inflow in the northern Cordillera and a mixture 
of continental and proto-Gulf of Mexico inflow in the central and southern Cordillera. 
Concurrently, recycling of water vapor and moist convection are enhanced on the leeward side. 
Changes in moisture source produce net δ18Op depletion of 3 – 6 ‰ compared to a uniform 
westerly source. This depletion is compensated by 18O-enrichment due to increased vapor 
recycling and convective mixing, which brings up the lower level more 18O-enriched water vapor 
to high-elevation flanks.  
 
Figure 33 Diagram of precipitation and circulation responses to the Eocene uplift of the western 
North American Cordillera and their isotopic variations from expected values determined by a 
Rayleigh distillation model for moist adiabatic condensation. 
  
 Due to compensation of δ18Op variations among different hydrological responses, 
hypsometric estimates derived from GCM simulations of δ18Op suggest 3 – 4 km paleoelevations 
of the Cordilleran hinterland.  The hypsometric estimates are similar to previous uplift estimates 
based on the Rayleigh distillation model (RDM). RDM assumes a one-dimensional rainout 
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process of 18O during moist adiabatic lifting and condensation of an air parcel. Both previous and 
my estimates provide strong support for the early Cenozoic uplift of the North American 
Cordillera. However, consistent elevation estimates by the GCM and RDM are coincidental, 
which likely vary under different topographic and climate conditions. Thus the agreement 
between GCM and RDM results should not be considered as universal. The climate model 
simulates three-dimensional physical and dynamical responses to the uplift, while the one-
dimensional RDM ignores most of these features and operates without a dynamical underpinning.     
 2) How do changes in temperature and moist enthalpy between modern and Eocene 
climate states and amongst different uplift scenarios affect fossil leaf paleoaltimetry 
estimates of the North American Cordillera? 
 Chapter 3 compares distributions of temperature and moist enthalpy between Early-to-
Middle Eocene (55 – 40 Ma) simulations and modern distributions over the western U.S. The 
Eocene simulations are performed with a range of prescribed elevation scenarios. Simulation 
results suggest that Eocene lapse rates of temperature and moist enthalpy were similar to moist 
adiabatic rates (~5 °C km-1 and 9.8 kJ km-1 ), i.e. rates determined by the conservation of moist 
static energy of an air parcel. In contrast, present-day rates (4.0 – 6.8 °C km-1 and 7.1 – 8.4 kJ 
km-1 ) over the western U.S. are different due to the drying of the lower troposphere and the 
large-scale mixing with air masses from higher latitudes. The temperature and moist enthalpy 
variations due to these effects are small in the warm and moist Eocene climate of Western North 
America. Circulation responses to Cordilleran uplift include generation of mountain gravity 
waves and intensification of a leeward monsoonal circulation. These responses are non-linear 
and elevation dependent: small in low-to-moderate elevation cases (1 – 3-km case), but 
significant (up to 8 °C and 10 kJ) in high-elevation cases (peak elevations > 3 km). Ignoring 
these responses could result in kilometer-scale elevation misinterpretations by fossil leaf 
paleoaltimetry.  
 In order to overcome these uncertainties, paleoelevations of the North American 
Cordillera are estimated through direct comparison between proxy and simulated Eocene 
temperature and moist enthalpy. Simulations match proxy reconstructions at prescribed 
elevations of ~2 – 3 km for Cordilleran hinterland and ~1 – 2 km for the adjacent Laramide 
foreland basins. The new estimates of hinterland elevations by fossil leaf moist enthalpy (~3 km) 
and the elevation contrast between the hinterland and foreland basins by both fossil leaf moist 
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enthalpy and temperature are close to previous δ18O-based paleoelevation estimates (3 – 4 km of 
the hinterland and low-elevation foreland basins). Our findings support the hypothesis that the 
North American Cordillera is high during the Eocene, with a strong elevation gradient between 
the hinterland and Laramide foreland basins.  
 3) How do large-scale changes in climate structure and surface conditions affect 
estimates of western U.S. elevation loss based on Neogene (since ~23 Ma) δ18O records? 
 Following early Cenozoic uplift of the western North American Cordillera, extension and 
subsidence occurred over this region during the Neogene (since ~23 Ma). Chapter 4 investigates 
the history of elevation loss during this time based on proxy δ18O records from the western U.S. 
These records display long-term δ18O enrichment trends, which are often interpreted to reflect 
elevation loss through time. However, they may have also documented large-scale Neogene 
changes in climates, vegetation, and global geographical and topographical conditions outside of 
the North America. 
 Model simulations suggest that strengthening of the equator-to-pole temperature gradient 
during the Neogene leads to strong δ18O enrichment (3 – 4 ‰) of soil water (δ18Osw) in the 
Northern Sierra Nevada and central Rockies. A greater equator-to-pole temperature gradient 
induces a stronger (~20 %) Hadley circulation, resulting in enhanced evaporation of surface- and 
rain-water in the subsiding branch of the Hadley circulation. These enrichment responses are  
strongest across the subtropical ocean and continental areas proximal to the coast, including the 
northern Sierra Nevada and central Rockies.  
 The δ18O enrichment response to Hadley circulation strengthening could explain 50 to 
100% of proxy δ18O enrichment in the Northern Sierra Nevada and Central Rockies. In contrast, 
the proxy enrichment over the northern Great Basin is less affected by Neogene environmental 
changes. The proxy enrichment over this region suggests ~1 – 1.4 km elevation loss of the 
northern Great Basin.  By adding this amount to current Great Basin elevations, we estimate a 
pre-extension Cordilleran hinterland elevation of 3 – 4 km. This estimate is consistent with 
Eocene fossil leaf moist enthalpy and stable isotope-based estimates, suggesting localized 
Neogene extension across the early Cenozoic Cordilleran hinterland with muted elevation 
changes in the  surrounding northern Sierra Nevada and central Rockies.  
 4) How does the Andean uplift influence the tropical ocean, and whether it has 
contributed to the development of the modern asymmetric tropical climate state? 
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 Chapter 5 answers this question by quantifying the responses of tropical Pacific climate 
to surface uplift of the Andes. A series of coupled atmosphere-ocean simulations are conducted 
with peak Andean surface elevations increasing from ~0.1-km, to 1-km, 2-km, and 3-km, 
representing the flat Andes, half, and default model elevations (due to grid-scale averaging), and 
close-to-modern elevations of the Andean plateau, respectively.   
 Simulations suggest that Andean uplift from ~1 km to 3 km cools eastern tropical SSTs 
by ~0.8 – 2 °C and strengthens the Walker circulation by up to 60%. The western tropical Pacific 
climate, however, shows little change. SST cooling in the eastern tropical Pacific is primarily a 
response to increasing low-cloud coverage and the associated radiative cooling. This cooling 
response only occurs when peak Andean elevations exceed 2 km. However, the magnitude of the 
response is attenuated by sub-thermocline warming, resulting from weakening of the shallow 
meridional overturning cell between the tropics and subtropics. Additionally, simulations exhibit 
distinct El Niño responses to the Andean uplift. Specifically, mild El Niño events increase at the 
expense of anomalously strong events, which corresponds to a seasonal maximum of enhanced 
eastern tropical Pacific low-cloud formation during the austral summer. This summer low-cloud 
response damps the magnitude of El Niño events through seasonally enhanced SST cooling 
(60% of events reach mature phase during austral summer).  
The SST cooling induced by Andean uplift can explain one-half of the Neogene SST 
cooling in the eastern tropical Pacific documented by proxies. Simulated responses of equatorial 
upwelling and thermocline depth to uplift are small, indicating that uplift alone can not fully 
explain ocean dynamical changes of the eastern tropical Pacific. Nonetheless, Andean uplift is 
one of the few mechanisms that can explain the long-term increase in zonal SST contrast 
between the eastern and western tropical Pacific. Therefore, the uplift must be taken into account 
when considering the late Cenozoic evolution of the tropical Pacific climates. 
6.2 Implications  
6.2.1 Implications to Cenozoic tectonic history of western North America  
 The work presented here supports the development and north-to-south migration of an 
early Cenozoic (49 to 28 Ma) Andean-type high plateau in western North America (Chamberlain 
et al., 2012; Mix et al., 2011). This wave of 3–4 km topography roughly coincides with Eocene 
north-to-south migration of volcanic front and core complex formation in the Cordilleran 
hinterland, but postdates Mesozoic shortening of the Cordilleran Orogenic wedge and the Late 
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Cretaceous-Paleogene Laramide orogeny. The timing and order of these events suggests that the 
driving forces of the Eocene uplift may have originated from mantle lithosphere instead of crust, 
which could be associated with roll-back of the Farallon plate (Humphreys, 1995; Smith et al., 
2014) and/or thermal erosion of dense lower crustal root (Schmandt and Humphreys, 2010). This 
topographic scenario of the early Cenozoic high plateau indicates the lack of thick crust support 
for the high plateau, which rejects the hypothesis of Neogene (since ~23 Ma) extension driven by 
gravitational collapse of an overly thickened crust. Instead, thinning of the mantle lithosphere 
likely drives the extension. The pattern of elevation loss reconstructed from the Neogene δ18O 
and δD records is consistent with this hypothesis. Maximal loss is found in the northern Great 
Basin with minimal (< 1 km) changes in the surrounding northern Sierra Nevada and Central 
Rockies. This pattern shows strong areal correspondence between the early Cenozoic hinterland 
uplift and Neogene extension, which could be explained as different phases of surface response 
to thinning of the mantle lithosphere and subsequent extension.     
6.2.2 Implications for understanding the Cenozoic terrestrial δ18O archive from the 
western U.S.  
   The presented work provides compelling evidence that Cenozoic terrestrial δ18O archives 
have documented both climate variability and paleoelevations changes of western North America. 
Our model results provide general guidance for understanding the δ18O archives over this region. 
The terrestrial δ18O variations under early Cenozoic greenhouse climates are likely dominated by 
elevation changes. The simulated Eocene δ18O shows clear stratification similar to RDM 
predictions along slopes of the North American Cordillera. However, this coincidence does not 
justify the use of RDM for paleoaltimetry. We have shown that during the early Cenozoic, lower 
tropospheric stratification is very different from that of the present-day. Atmospheric circulation 
and precipitation responses to the uplift of North American Cordillera are also complex, and 
promote significant isotopic variations. As a result, accurate paleoaltimetry estimates will require 
a quantification of these isotopic variations in response to changing climate state, atmospheric 
circulation pattern, and precipitation conditions, which can be provided by climate model 
simulations. In contrast to records from the early Cenozoic, Neogene terrestrial δ18O records 
likely have documented changes in both elevation and large-scale climate conditions. Regional 
δ18O responses to large-scale circulation changes are strong and heterogeneous. These responses 
must be removed from the δ18O records prior to estimating paleoelevations. Therefore, 
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independent methods of constraining these responses, such as climate modeling, are needed for 
paleoaltimety studies.  
6.3 Limitations and future work  
6.3.1 Limitations 
 Results in this dissertation are derived from climate model simulations and comparisons 
with proxy records. The accuracy of our understanding is closely connected with current model 
resolution and paleoclimate simulation skills. The horizontal resolutions of our simulations (~1 ° 
and 2 °) are higher than in most previous studies. Yet, topographic height and steepness (at 2 ° 
resolution) as well as detailed topographic features, such as local basins and reliefs (at both 1 ° 
and 2 ° resolution) are still underrepresented. This underrepresentation could affect our results in 
two ways. Firstly, regional climate variability and responses to the uplift may be underestimated 
due to insufficient resolution. For the Andes, the 2° resolution model underestimates both areal 
elevations at the peak (by up to 1 km), and the topographic steepness between the western flank 
and eastern tropical Pacific. As a result, the climate forcings of uplift induced alpine diabatic 
heating and changes in low-level airflow path could be underestimated. For western North 
America, local hydrological responses to the uplift of the North American Cordillera may be 
underestimated because of the unresolved local topographic gradients between the high reliefs 
and intermountain basins.  
Secondly, inclusion of paleo-reliefs, basins, and drainage networks in the model 
boundary conditions would provide more direct comparisons with terrestrial records from 
sedimentary basins, paleo-lakes, and riverbanks. These proxy records may have recorded distinct 
microenvironments rather than areal averaged conditions. Among Eocene records from the 
western U.S., lacustrine δ18O records and fossil leaf temperatures from Laramide foreland basins 
show anomalously enriched δ18O and warmer temperatures in comparison to the surroundings, 
suggesting distinct warm and evaporative conditions of these intermountain basins. 
Consequently, different climate-elevation relationships may be needed for paleoaltimetric studies 
that utilize these records. Future studies using high-resolution modeling tools, such as regional 
models, and detailed reconstructions of surface boundary conditions, are needed to improve 
paleoaltimetry estimates that are based upon records from these basins.  
Further, simulation skill of past climates is determined by the ability of climate models to 
accurately represent atmospheric dynamics and physics, and by our understanding of 
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paleoclimate forcings. The skill of model to simulate clouds and moist convection, and their 
interactions with broader scale atmospheric circulation and temperature patterns, are a key to 
reported responses to surface uplift. Model biases in representing these processes likely affect 
results presented in this dissertation. For example, simulated Eocene climate is drier than 
indicated by proxy reconstructions; the precipitation amount is within 30% of the lower bound of 
reconstructions of the western U.S. Underestimates of precipitation may indicate an overall less 
energetic moist convection in the model. Simulated Eocene temperature stratification, circulation 
and precipitation responses that are closely linked to the moist convection, including alpine 
cooling rate, monsoonal circulation, leeside convective precipitation, and vapor recycling, may 
have been underestimated. Likewise, the current generation of coupled atmosphere-ocean models 
tends to underestimate tropical low cloud coverage (Nam et al., 2012). This may result in 
underestimates of low cloud responses and the associated SST cooling to the Andean uplift. 
Future improvements in model dynamics and physics will provide more accurate understanding 
of these circulation and hydrological changes in response to surface uplift.  
 Additionally, paleoclimate simulations are continuously being improved through our 
evolving understanding of past climate forcings. For example, studies have recently suggested 
that lower O2 levels (Poulsen et al., 2015) and fewer aerosol nuclei in the cleaner atmosphere 
(Kump and Pollard, 2008) may be responsible for increasing precipitation in past greenhouse 
climates. The lower O2 and aerosol levels were not included in our simulations.  
6.3.2 Future work 
We have provided reconstructions for two key snapshots of Cenozoic elevation and 
climates of the western North American Cordillera. There remain many unanswered questions. 
For example, it has been suggested, based upon the seasonally depleted δ18O in the Laramide 
foreland province (Fricke et al., 2010; Sewall and Fricke, 2013) and surface temperature contrast 
between Nevada and Utah estimated with clumped isotope thermometry (Snell, et al., 2014), that 
the Western Cordillera had already reached 3-km during the late Cretaceous (~ 70 Ma). The 
suggested high elevation of the hinterland may indicate a different phase of surface uplift apart 
from the Eocene uplift tested in this dissertation. However, surface temperatures from the eastern 
central Nevada of Paleogene-Eocene age (~81 – 38 Ma) suggest a lack of temperature contrast 
with coastal temperatures from the Northern Sierra Nevada (Lechler et al, 2013). There are no 
direct late Cretaceous δ18O records from the Cordillera hinterland. All the current Cretaceous 
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δ18O records are from sites located within the Laramide foreland province. These sites could 
have received the majority of surface waters from the adjacent Sevier Fold and Thrust Belt, and 
high reliefs within the foreland province apart from the hinterland. Therefore, they may have 
recorded elevation signals of the Thrust belt and local reliefs, but not the broader scale hinterland 
to the west. Future δ18O reconstructions and climate modeling work are needed to resolve this 
conflict.  
Additionally, the mechanisms for climate drying in the Laramide foreland province and 
the associated influences on the paleoaltimetry estimates in the southern reach of the western 
Cordillera are not fully investigated in this dissertation. Proxy records suggest that the climate 
cools and dries during the late Eocene-early Oligocene (40 – 34 Ma) (Liu et al., 2009). While we 
demonstrate that drying in the southern side of the Laramide foreland province is unlikely due to 
Cordilleran uplift under Eocene climate conditions, the proxy identified climate shift is not 
directly considered in this dissertation. Including this climate trend in future studies may affect 
the climate and paleoelevation estimates in the southern reach of the Cordillera, and will help 
elucidate the contributions of uplift versus climate drying to recorded aridification in the 
Laramide foreland province. 
The presented dissertation highlights the need to consider the co-evolution of climate and 
topography when reconstructing paleo-environments. This method differs from those used in the 
majority of previous studies, which often investigate either climate or tectonics while treating the 
other as roughly fixed. Incorporating climate simulations with climate and topographic 
reconstructions from geochemical proxies and fossil records allows for simultaneous 
consideration of climate and topographic evolution. Future studies should incorporate this 
powerful method in regions beyond the North American Cordillera and Andes.  
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